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A comprehensive theory explaining the relationship between periodic 
variations in the Earths orbital parameters and the response of the climate system 
remains elusive. One of the key challenges is that of the Mid-Pleistocene Transition 
(MPT), during which the dominant mode of glacial/interglacial climatic variability 
shifted without any corresponding change in the mode of orbital forcing. Subtropical 
climate on orbital time-scales is sensitive to variability in both the low-latitude 
ocean/atmosphere circulation regime and the global carbon-cycle (through its effect 
on atmospheric greenhouse gas levels), both of which may have played a role in the 
shift in mode of global climate response to orbital forcing during the MPT. This 
thesis presents a series of multi-proxy (foraminiferal stable isotope and trace-metal) 
paleoceanographic reconstructions from the subtropical southwest Pacific, as seen in 
marine sediment core MD06-3018, from 2470m water depth and 23ºS in the New 
Caledonia Trough, southern Coral Sea. The core age-model, based upon magnetic 
stratigraphy and orbital tuning, yields a mean sedimentation rate at the site of 
20mm/ka and a core-bottom age of 1600ka.  
 
The MD06-3018 reconstruction of New Caledonia Trough deep water 
chemistry, based on benthic δ
13
C measurements, shows that the spatial chemistry 
gradient within the Southern Ocean between deep waters entering the Tasman Sea 
and the open Pacific was greater during glacial (relative to interglacial) stages over at 
least the past 1100ka. This gradient was, however, generally reduced on the >100kyr 
time-scale across the MPT, consistent with it being a period of reduced deep water 
ventilation in both hemispheres. 
 
The MD06-3018 Mg/Ca-derived reconstruction of subtropical southwest 
Pacific Sea Surface Temperature (SST) shows glacial/interglacial variability of 2-3ºC 
but no significant trends on the >100kyr time-scale over the duration of the record. 
An estimate of the uncertainty associated with the SST reconstruction demonstrates 
that no significant changes in reconstructed southern Coral Sea mean-annual SST can 
be identified between interglacial stages across the MPT. It is, therefore, unlikely that 
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regional climatic change constituted the main cause for the observed middle 
Pleistocene expansion of coral reef systems. The >100kyr time-scale stability of 
southern Coral Sea SST means that the position of the southern boundary of the 
Pacific warm pool has also been stable over at least the past 1500ka. Comparison 
with other low-latitude Pacific reconstructions shows that the early Pleistocene warm 
pool was consequently more hemispherically asymmetric than its present 
configuration, with the latter being established by ~1000ka and implying significant 
changes in meridional atmospheric heat and moisture fluxes prior to the MPT.  
 
On orbital time-scales, the SST reconstruction shows a clear shift from 
dominant 40kyr to 100kyr modes of variability over the MPT, although significant 
40kyr structure is also retained into the middle/late Pleistocene. In contrast, 
reconstructed hydrological cycle variability (based on coupled δ
18
O-Mg/Ca 
measurements) shows only limited coherence with the obliquity cycle and a stronger 
relationship with the precession cycle. The decoupling of the reconstructed 
subtropical SST and hydrological cycle responses places constraints on the extent of 
orbitally paced fluctuations in the low-latitude ocean/atmosphere system. Instead, 
comparison of the MD06-3018 SST reconstruction with others from across the low-
latitude Pacific supports a dominant role for greenhouse gas forcing in low-latitude 
western Pacific glacial/interglacial SST variability across the Pleistocene. 
 
The subtropical multi-proxy climate reconstructions presented here show that 
the timing and sense of long-term (>100kyr time-scale) changes in the low-latitude 
ocean/atmosphere circulation regime are consistent with that system having been 
important in the expansion of northern hemisphere ice-volume during the early part 
of the MPT. However, the subtropical reconstructions also suggest that neither the 
low-latitude ocean/atmosphere circulation system nor the global carbon-cycle 
underwent a fundamental change in mode of response to orbital forcing during the 
transition. Instead, the origin of the 100kyr glacial/interglacial mode was most likely 
related to thresholds in the dynamics of the expanding northern hemisphere ice-
sheets, leading in turn to the existence of significant inter-hemispheric asymmetry in 
the orbital time-scale climate response over the middle/late Pleistocene. 
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Summary for non-specialists 
 
Over the past five million years of its history, the Earths climate has 
undergone a series of regular, or nearly regular, fluctuations between warmer and 
colder states. These fluctuations take tens to hundreds of thousands of years to occur 
and are known as the ‘glacial/interglacial cycles’ on account of the associated 
changes in ice-sheet extent in the high-latitudes. The origin of these cycles is widely 
held to be the regular variations in form of the Earths orbit around the sun. In spite of 
decades of research, however, no complete ‘orbital theory of climate’ exists, mainly 
because the patterns of past climate variability, as reconstructed using ‘proxies’ for 
variables such as surface temperature, is much more complex than that of the orbital 
variations themselves. It follows that processes within the Earth system, especially 
those associated with large ice-sheets, the carbon-cycle and the ocean circulation 
system, act to substantially modify the climate response to the orbital variations. 
Over the past ten years, new observations from both ice-cores and low-latitude 
marine sediment cores have suggested that the dominant system(s) involved in 
setting the Earths response to the orbital variations may potentially be the carbon-
cycle and/or the low-latitude ocean/atmosphere circulation regime rather than high-
latitude ice-sheet dynamics, as was generally supposed previously. If this new view 
is correct, it has profound implications for the general sensitivity of the climate to the 
carbon-cycle on a range of time-scales - making its evaluation a scientific objective 
of considerable current importance. 
 
This thesis presents a series of reconstructions of aspects of climate and 
carbon-cycle variability for the subtropical southwest Pacific, as based on proxy 
measurements in a marine sediment core than spans the past 1,600,000 years at 
around 5000 year resolution. The key focus is on an interval called the ‘Mid-
Pleistocene Transition’, during which time the mode of glacial/interglacial variability 
changed, indicating a fundamental change in one or more aspects of the response to 
the orbital forcing. The study site is well placed to investigate variability in both the 
carbon-cycle and low-latitude ocean circulation over the climatic transition as it lies 
between the Southern Ocean, a key source of carbon-cycle variability and the 
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equatorial Pacific, where the modern El-Niño system arises. By characterizing 
variability in these systems, the potential role played by both systems in causing the 
change in mode of glacial/interglacial variability can be evaluated. 
 
The key findings of the thesis are that; firstly, changes in the long-term state 
of the low-latitude ocean circulation system may well have been important for the 
expansion of northern hemisphere ice-sheets during the early part of the Mid-
Pleistocene Transition. Secondly, it provides further support for a close connection 
between variability in the carbon-cycle and low-latitude climate on orbital time-
scales but suggests that there is no clear evidence for either system undergoing a 
fundamental change in sensitivity to the orbital forcing during the transition. This 
implies that whilst paleoclimate records can potentially provide useful constraints on 
climate sensitivity to greenhouse gas forcing, it was the changing dynamics of the 
newly expanded northern hemisphere ice-sheets that led to the change in dominant 
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How inappropriate to call this planet Earth, 
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  Chapter 1 
 1 
Chapter 1: General Introduction 
 
1.1 Thesis overview 
 
This thesis presents, describes and interprets a series of paleoceanographic 
reconstructions from the southern Coral Sea in the subtropical southwest Pacific. 
These reconstructions span the period of the Mid-Pleistocene Transition (1200-
500ka1) at ~5kyr resolution. The dominant modes of global climatic variability on 
10-100kyr time-scales over the Pleistocene are the so-called ‘glacial/interglacial 
cycles’ and these are widely believed to be related to periodic variations in the Earths 
orbital parameters. The Mid-Pleistocene Transition constituted the last major shift in 
the dominant mode of glacial/interglacial variability and occurred in the absence of 
any corresponding change in the orbital forcing.  Better understanding the origins of 
this non-linearity in the climate system response, both within the glacial/interglacial 
cycles on 10-100kyr time-scales, and on the >100kyr time-scale of the transition 
itself is the underlying motivation for this thesis.  
 
Many of the key unresolved problems in orbital time-scale climate relate to 
the relative importance of high- and low-latitude processes and the connections 
between them. In particular, the roles played by ice-sheet dynamics, the carbon-cycle 
and the low-latitude ocean/atmosphere circulation system in both the origins and 
structure of the Mid-Pleistocene Transition remain unclear. Subtropical climate on 
orbital time-scales is sensitive to both high- and low-latitude processes such that 
single core, multi-proxy reconstructions of past variability from these latitudes have 
the potential to significantly advance understanding of these questions. This thesis 
presents the first geochemical reconstructions of subtropical southwest Pacific sea 
surface temperature, regional hydrological cycle variability and deep water carbon 
chemistry that span the Mid-Pleistocene Transition at sub-orbital resolution. 
 
                                                 
1 The notation‘ka’ refers to thousands of years before present, as distinct from ‘kyr’ which refers to a 
duration of time without a prescribed reference point  Analogous notation is used for millions of years  
(Ma/Myr). The aeon notation always implies the existence of some form of age-model, as discussed in 
§4. 
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 The main body of this thesis is presented as a series of four papers, which are 
either published or in the process of being published, that use these reconstructions to 
address specific research questions relating to the Pleistocene paleoceanography of 
the subtropical southwest Pacific. These chapters may be read as self-contained units, 
although they have all been altered somewhat from their original forms to allow for 
reading as part of a continuous thesis. Preceding this material, the remainder of the 
current chapter provides an introduction to both the science of paleoceanography and 
the more specific context for the thesis. The subsequent chapter provides a detailed 
introduction to the region and the sediment core material that houses the geochemical 
proxies which are presented in the paper-style chapters. Following the paper-style 
chapters, a general discussion brings together the preceding material in order to 
address the general aim of the thesis, namely to better constrain and understand the 
roles played by the carbon-cycle and the low-latitude ocean/atmosphere circulation 
system in both the origins and structure of the Mid-Pleistocene Transition. Finally, a 
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  This introductory chapter provides the background and context for the thesis 
as a whole, sufficient to introduce and justify its general and specific aims. It begins 
with a brief historical overview of the science of paleoceanography since its 
inception in the middle part of the 20th Century. Particular attention has been given to 
the concept of paleoceanographic proxies and age-models as tools for reconstructing 
past variability in the ocean/climate system, as these comprise the main methods 
used throughout this thesis. An overview of present understanding, largely derived 
from these same proxy systems, of ocean/climate evolution over the past five million 
years periods is then given. The proxy records discussed here are on the so-called 
‘orbital time-scale’ and hence the current status of the ‘Milankovitch’ paradigm is 
examined in some detail. Particular attention has been given to the problems posed to 
any simple orbital theory of climate by the existence of the MPT, as these questions 
form the motivation for the present thesis. The aims and structure of the thesis are 






                                                 
2 The ‘word clouds’ at the start of the overview to each chapter (produced using an online tool, 
ww.wordle.com) provide a visual analysis of the key words and thus ideas present in that chapter.  
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1.3 The science of paleoceanography 
 
Paleoceanography is the study of the past physical, chemical and biological 
properties of the Earths oceans. It is, as such, a highly inter-disciplinary area of 
research within the wider Earth sciences and has only been generally recognized as a 
distinct field since the seminal work of the chemists Harold Urey and Cesare 
Emiliani in the 1940-1950s. Taken collectively, their work demonstrated that the 
chemical composition of the shells of marine microfossils can be related 
quantitatively to past environmental conditions [for example; Urey, 1947; Emiliani, 
1954, 1955]. This observation expanded the temporal domain of potential study open 
to oceanographers from the instrumental (i.e. the past few centuries) to that of the 
marine sediment record (Myrs). In doing so, the science of paleoceanography was 
born and has been in a state of growth ever since. 
 
The reason for this expansion can be attributed partly to the innate fascination 
of the oceans themselves, but also relates strongly to the intimate connection between 
the physical and chemical states of the oceans and those of the atmosphere on the 
time-scales of interest. This connection stems from the relatively rapid chemical 
mixing and thermal equilibration of the upper-ocean and atmosphere and the 
relatively large size of the oceans as a chemical reservoir when compared to the 
atmosphere. For example, in the important example of the carbon-cycle, there exists 
~50 times more carbon dissolved in the modern oceans than there does CO2 gas in 
the atmosphere. Given that most paleoceanographic reconstructions are made on 
temporal resolution of centuries or higher, time-scales exceeding the upper-
ocean/atmosphere mixing time, it follows that these reconstructions provide an 
insight not only into the state of the oceans, but also into that of the atmosphere. 
Furthermore, the major alternative archives for atmospheric properties beyond the 
last few millennia are the polar ice-core records, but even the longest of these only 
extends to the middle Pleistocene. Therefore, paleoceanographic records have a 
fundamental role to play in constraining past variability throughout the coupled 
ocean/climate system.  
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The particularly intense interest in climatology as a science that exists at the 
time of writing this thesis stems mainly from the need of humanity to develop an 
adequate understanding of the likely climate response to carbon-cycle perturbations 
on decadal to millenial time-scales. In order to achieve this, sophisticated models of 
ocean/atmosphere circulation are required and to test these models, some constraints 
on the past variability of the system. As understanding of the dynamics of the climate 
system and model skill improves, it becomes increasingly evident that many of the 
major uncertainties in current models stem from incomplete knowledge of the 
feedback processes embedded in the system [Jansen et al., 2007]. These feedback 
processes have characteristic times that are, in many cases, of significant magnitude 
relative to the duration of instrumental ocean/climate records and can thus only be 
numerically constrained through proxy reconstructions of past variability.  
 
Paleoceanography is, therefore, a science that exists between the geological 
and anthropogenic time-scales. Research in the field serves to develop not only the 
collective scientific understanding of natural variability within the ocean/climate 
system but also allows better constraints to be placed on the likely response of that 
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1.4 Paleoceanographic proxies and age-models 
 
The work of Urey and Emiliani marked the establishment of the paleo-
environmental ‘proxy’ concept, which has become central to almost all 
paleoceanographic research. A paleoceanographic proxy is a mathematical model 
relating a measurable property (generally derived from a sedimentary archive) to an 
environmental variable. The measured property is often (but not always) a chemical 
one - such as the isotopic ratio of a given element in a certain material. The ideal 
such ‘geochemical proxy’ would be one in which the chemical variable of interest 
depends on precisely one environmental parameter and is measurable exactly (i.e. 
zero measurement and reproducibility uncertainty) and for which the proxy model, or 
calibration, is also known exactly (i.e. zero calibration uncertainty). As the Earth is a 
real, rather than mathematical, system however, none of these criteria is ever 
fulfilled. Consequently, whilst providing an extremely powerful tool for the study of 
past ocean/climate variability, it must be remembered that proxy reconstructions are 
never equivalent to direct measurements of diagnostic climate parameters and must 
be interpreted with awareness of their inherent limitations. 
 
The main proxy systems used in the present thesis are all derived from 
geochemical measurements made on the calcitic tests of the group of marine 
microfossils known as foraminifera. The foraminifera are a group of amoeboid 
protests which molecular phylogenies suggest form a clade within the rhizaria super-
group [Cavalier-Smith, 2003]. Certain groups of foraminifera show both benthic and 
planktic ecologies and collectively they have been widely distributed throughout the 
global ocean over most of the Cenozoic. Their great abundance in marine sediment 
cores from most oceanic areas in which calcite is preserved at the sea floor make 
them a useful archive for paleoceanographic proxies. The three proxy systems used 
here are the stable isotopic compositions of oxygen and carbon, δ18Ocalcite and 
δ
13Ccalcite respectively, and the Mg/Ca trace-metal ratio of their calcite tests. 
Measurements are made on both planktic and benthic taxa for the stable isotope 
proxies - the notation δ18Obenthic is used to denote the δ
18Ocalcite of the benthic taxa, 
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and analogous notation is used for the other measurements. In contrast, Mg/Ca ratios 
were only measured for the planktic taxa. 
 
For the purposes of paleoceanography, it is generally assumed that 
foraminiferal δ18Ocalcite provides a proxy for both the calcification temperature and 
the isotopic composition of the seawater (δ18Osw) from which calcification occurs 
[Bemis et al., 1998]. The local value of δ18Osw is determined in turn by factors within 
the hydrological cycle, on both the regional and global scales. Foraminiferal 
δ
13Ccalcite, when measured for certain benthic taxa, provides a proxy for the isotopic 
composition of Dissolved Inorganic Carbon (DIC), δ13CDIC, within deep ocean water 
masses - which relates in turn to both the organic and inorganic cycling of carbon 
within the oceans [Shackleton and Opdyke, 1973]. It may also be used, in certain 
circumstances, as a tracer for deep water mass circulation [Charles and Fairbanks, 
1992]. The incorporation of trace-metals such as Mg into foraminiferal calcite is 
thought to relate principally to the calcification temperature and hence provides an 
alternative method to δ18O for reconstructing paleotemperature variability [Nurnberg 
et al., 1996]. Furthermore, combination of coupled δ18O and Mg/Ca measurements 
allows for the potential de-convolution of the calcification temperature and 
hydrological cycle components of the δ18O signal [Elderfield and Ganssen, 2000]. 
More detailed overviews of the chemical principles, systematics and limitations of 
these three proxy systems are given in appendix 1.  
 
 All of the various proxy records discussed in this thesis are ultimately derived 
from marine sediment or terrestrial ice cores. The original proxy measurements were, 
therefore, made as a function of depth within each core. In order to develop a 
reconstruction as a function of age, i.e. to translate depth-space into age-space, and 
allow the inter-comparison of proxy reconstructions between different cores, a core 
‘age-model’ is required in each and every case. An age-model is simply a model 
relating the depth and age variables, thus quantifying the sediment accumulation rate 
over time. Chronostratigraphic age-model creation is based upon the correlation of 
certain down-core measurements to independently determined ages. In the case of 
late Neogene sediment core records, the principle chronostratigraphic methods used 
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involve the ‘known’ ages of magnetic reversal and bio-stratigraphic horizons. These 
tie-points are relatively sparse, however, with only two major magnetic reversals 
over the past one million years. This means that, unless the sedimentation rate can be 
assumed to be temporally invariant, which is not generally the case, then large 
interpolation uncertainties arise between tie-points, leading to large (of the order of 
10kyr) absolute age-model uncertainties (e.g. Huybers and Wunsch [2005]). 
 
 Orbital cyclostratigraphy provides a complementary method for age-model 
development. It vastly increases the potential number of age-depth tie-points and 
hence, significantly reduces the age-model interpolation uncertainty. The method 
relies upon the assumption that a continuous down-core proxy variable, (generally 
δ
18Obenthic, as discussed in appendix 1, §1) can be correlated, or ‘tuned’, to a global 
reference record for that variable, which in turn is correlated to some aspect of the 
theoretically computed orbital solution for the Earth. It follows that cyclostratigraphy 
involves the additional assumption, in relation to the chronostratigraphic methods, 
that an ‘orbital theory of climate’, in some form at least, is correct. If this assumption 
is accepted, then the method provides a very powerful tool in the reduction of age-
model uncertainty, although it is still limited to resolutions of at least several 
millennia by the uncertainties arising from both the choice of tie-point positioning 
and the correlation of specific proxy records to global reference records.  
 
Proxy reconstructions of environmental variables, as plotted on core age-
models, provide the backbone to modern paleoceanographic understanding. 
However, regardless of both the proxy system in question and the method of age-
model development used, there exist intrinsic uncertainties on both axes and these 
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1.5 Plio-Pleistocene evolution of the climate system 
 
On the Myr time-scale, the mean-global surface temperature of the Earth is 
thought to be controlled principally by the carbon-cycle balance, mediated through 
the abundance of CO2 gas in the atmosphere (the partial pressure of which is denoted 
pCO2), between volcanic and metamorphic degassing of carbon and the weathering 
of continental silicate rocks [Berner et al., 1983; Raymo and Ruddiman, 1992]. 
Within this paradigm, the general planetary cooling trend associated with most of the 
Cenozoic is attributed to the uplift and subsequent erosion of the Himalayan orogen 
[Raymo and Ruddiman, 1992]. However, continuous down-core proxy 
reconstructions of paleoclimatic variables over this interval show that the patterns of 
change were not at all monotonic on the >100kyr time-scale, implying that a variety 
of other mechanisms and feedback processes must have also played significant 
second-order roles. In particular, the Cenozoic δ18Obenthic compilation shown in 
Figure 1.1 [Zachos et al., 2001a] shows relatively rapid positive excursions 
associated with the development and expansion of large ice-sheets, first in the 
southern hemisphere from the Eocene-Oligocene boundary onwards and then more 
recently in the northern hemisphere, during the Pliocene and Pleistocene periods, 






                                                 
3 This thesis follows the pre-2004 International Committee on Stratigraphy definition of placing the 
beginning of the Pleistocene at 1800ka, between the Calabrian and Gelasian stages. The author notes 
that this definition has now been moved to 2600ka (i.e. including the Gelasian within the Pleistocene) 
in the most recent geological time-scales (e.g. [Gradstein et al., 2004]). This change does not, 
however, substantively impinge on the arguments developed or terminology used in this thesis as the 
main sediment core record discussed does not extend beyond 1800ka. Stage nomenclature is not used 
in the present thesis; instead the Pleistocene is divided into the three sub-series: early, middle and late 
[Gibbard et al. 2005]. The early to middle Pleistocene boundary is taken as the Brunhnes/Matayama 
paleomagnetic boundary at 780ka [Cande and Kent, 1995] and the middle to late Pleistocene 
boundary is taken as the Blake magnetic excursion at 120ka [Gibbard et al. 2005], although this latter 
definition is not extensively used. 




Figure 1.1 The Plio-Pleistocene as seen in a Cenozoic context, based upon 
compilations of globally distributed δ18Obenthic (left panel) and δ
13Cbenthic (right panel) 
records over the past 65Ma. Only the δ18Obenthic record is discussed in the text. The 
‘temperature’ scale refers to global average deep water temperature, based on the 
principles of the isotopic paleotemperature equation, as described in appendix 1, §1. 
This figure is reproduced directly from Figure 2 of Zachos et al. [2001a]. 
 
 
The onset of permanent Northern Hemisphere Glaciation (NHG) is placed at 
2700-2500ka by studies based on increasing >100kyr mean δ18Obenthic values 
[Shackleton, 1984; Raymo, 1994; Bintanja and van de Wal, 2008] and as early as 
3700-3500ka by others using more complex methods of δ18Obenthic time-series 
analysis [Mudelsee and Raymo, 2005; Meyers and Hinnov, 2010]. In any case, large 
ice-sheets were certainly established by 2500ka, based on the appearance of ice-
rafted debris in the North Atlantic [Shackleton et al., 1984]. Attempts to de-convolve 
the ice-volume and Deep Water Temperature (DWT) components of δ18Obenthic 
variability suggest that the late Pliocene and early Pleistocene then represented a 
period of gradual deep water cooling, but not significant ice-volume expansion 
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[Sosdian and Rosenthal, 2009]. This was followed by a period of glacial 
intensification during the early Pleistocene, lasting ~40kyr and centred on ~920ka 
[Mudelsee and Schulz, 1997].  
 
The only major global tectonic event to have occurred during the Plio-
Pleistocene interval was the closure of the Panama seaway during the early Pliocene 
(see the ‘tectonic events’ column on Figure 1.1). This event would certainly have 
had a significant impact on global ocean circulation patterns, for both surface and 
deep water masses, which may potentially have led to the onset of northern 
hemisphere cooling and NHG [Bartoli et al., 2005]. However, the relative causality 
of such changes is not at present firmly established [Molnar, 2008] and in any case 
the early Pleistocene intensification of NHG is highly unlikely to have been a direct 
consequence of the tectonic changes. Therefore, whilst Plio-Pleistocene climate 
evolution on the >100kyr time-scale is certainly influenced by both the continued 
effects of Himalayan orogenesis and the closure of the Panama seaway, other 
processes and feedback mechanisms must also have been significant, especially in 
the case of the changes occurring during the Pleistocene. 
 
As well as the >100kyr time-scale patterns described above, the δ18Obenthic 
record shown in Figure 1.1 also demonstrates that significant amplitude (1-2‰) 
variability on the <100kyr time-scale has been present in the global climate response, 
at least since the onset of Antarctic glaciation. Furthermore, the amplitude of this 
latter variability is seen to be greater during the Plio-Pleistocene than during any 
other interval over the Cenozoic. The subsequent sections now consider in more 
detail the nature and origins of this <100kyr time-scale climate variability. However, 
this thesis will also present new data relevant to the >100kyr time-scale problem of 
what caused the early Pleistocene intensification of NHG and consequently this topic 
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1.6 The Milankovitch paradigm – orbital time-scale variability in the 
climate system 
 
A more detailed view of Plio-Pleistocene δ18Obenthic change than that seen in 
the Zachos et al. [2001a] record (Fig 1.1) is presented in the LR04 stack of 57 
globally distributed records (Fig 1.2), which offers 1-5kyr resolution [Lisiecki and 
Raymo, 2005]. The LR04 stack clearly shows that some form of periodic variability 
on the 10-100kyr time-scale is present in the climate system throughout at least the 
past 5000ka. It can also be seen that the amplitude of this variability has generally 
increased from the early Pliocene to the middle/late Pleistocene, driven principally 
by increasingly positive maxima values (Fig 1.2A). Furthermore, two shifts in the 
dominant periodicity of this variability are present; firstly, the emergence of a 
significant ~40kyr mode at ~2700ka and then the emergence of a dominant ~100kyr 
mode during the early/middle Pleistocene (Fig 1.2B). Whilst the present study 
focuses exclusively on the Plio-Pleistocene, studies of various proxy systems in both 
Miocene [Moore et al., 1982] and Oligocene [Zachos et al., 2001b; Palike et al., 
2006] age sediments have also revealed significant spectral power at similar periods, 
suggesting that periodic 10-100kyr time-scale variability has been a major feature of 
the climate system since at least the establishment of Antarctic glaciation. 
 
The dominant mode of 10-100kyr variability in the climate system for any 
given period is referred to as the ‘glacial/interglacial’ mode of cyclicity, because of 
the associated fluctuations in (principally northern hemisphere) ice-volume, as 
reflected in δ18Obenthic records such as LR04. However, glacial/interglacial variability 
is also present, in some form, in almost all other Plio-Pleistocene paleoceanographic 
and palaeoclimatic proxy records, demonstrating that these modes affect the entirety 
of the climate system. Understanding the origin of glacial/interglacial climatic 









Figure 1.2 A) LR04 δ18Obenthic stack over the past 5000ka [Lisiecki and Raymo, 
2005] with sub-series divisions of the Pleistocene highlighted. B) Local wavelet 
power spectra of LR04 derived using a modified version of the WTC-16 code 
[Grinsted et al., 2004]. Warmer colours represent greater spectral power (on a 
logarithmic scale from 1/16 to 16 units of squared normalized variance, the same 
scale as shown for Figure 6.3) and black contour-lines show 5% confidence intervals 
above a modelled first order autoregressive red-noise process. Shaded areas show the 
cone-of-interference, within which edge effects become significant. The LR04 stack 
was smoothed to 5kyr resolution before wavelet decomposition, which limits the 
capacity of the method to resolved periodicities ≤20kyr. More detail on the wavelet 
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In the late 19th Century James Croll first proposed that the form of the Earths 
orbit around the sun may have influenced global climate. However, calculation of the 
Earths ‘orbital solution’, to determine the time periods of such variability and the 
subsequent elaboration of an ‘orbital theory of climate’ was not performed until the 
1940s and the work of Milutin Milankovitch. This contribution remains so seminal 
that the paradigm that periodic fluctuations in the Earths climate are forced and/or 
paced by changes in the insolation budget arising from orbital variations bears his 
name. Evaluation of this hypothesis was not, however, made possible until the 1970s 
and the availability of suitable resolution proxy archives in, and age-models for, 
marine sediment cores, largely as a consequence of the Deep Sea Drilling Project 
(DSDP). In their seminal 1976 paper, Hays, Imbrie and Shackleton provided the first 
down-core validation of the fundamental Milankovitch hypothesis. This was that 
periodic variability exists in Neogene paleoceanographic proxy records and that the 
dominant periods present in these records correspond closely to the three dominant 
orbital cycles, namely those of precession (19kr and 23kyr periods), obliquity (41kyr 
period) and eccentricity (100kyr and 400kyr periods)4.  
 
Whilst the essence of the Milankovitch paradigm has remained intact over the 
past three decades of paleoceanographic research, a single, process-based model for 
the response of the Earth system to orbital forcing has remained elusive. The reasons 
for this relate variously to the presence of non-deterministic variability in the system, 
the inherent limitations arising from paleoceanographic age-models and to the form 
of the reconstructions themselves. In the first case, a significant component of the 10-
100kyr variability in the climate system, at least as seen in δ18Obenthic records, arises 
from stochastic processes rather than through deterministic forcing and/or pacing5 of 
the climate response by orbital variations [Saltzman, 1982; Wunsch, 2004; Meyers 
and Hinnov; 2010]. However, the relative importance of the deterministic, 
                                                 
4 The range of orbital periodicities, excluding the 400kyr eccentricity cycle, leads to the definition of 
an ‘orbital time-scale’, namely periodicities in the range of 10-100kyr. The term ‘glacial/interglacial 
cycle’ does not in itself refer to any defined range of periods or indeed imply any connection to the 
orbital cycles. 
 
5 The stochastic – deterministic distinction is not always easily definable in climate systems. However, 
‘stochastic’ phenomena lack phase coherence with their primary forcing mechanism, whereas 
‘deterministic’ ones do display a simple phase relationship. 
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‘Milankovitch’ component has apparently increased from the more stochastic early 
Pliocene towards the middle/late Pleistocene [Meyers and Hinnov; 2010]. 
 
The study of the spectral properties of paleoceanographic proxy records, 
which provides one of the key methods for evaluating and exploring the 
Milankovitch paradigm, relies ultimately on the creation of core age-models. As 
discussed in §4, these age-models often involve the application of orbital tuning and 
hence, the pre-assumption of some form of the underlying association itself. 
However, the general similarity, at least on >1kyr time-scales, between strongly 
orbitally tuned records, such as the LR04 δ18Obenthic stack, and un-tuned ones, such as 
the H07 stack, which is based on a ‘depth-derived age-model’ [Huybers, 2007] and 
does not pre-assume a strong orbital control of climate, suggests that most of the 10-
100kyr features of the records are not a direct consequence of the tuning itself. This 
observation, combined with the great efficacy of the general Milankovitch paradigm 
in explaining much of the observed orbital time-scale climate variability, leads to the 
wide acceptance of a general orbital theory of climate, and hence the underlying 
principle of orbital tuning.6 
 
A more intractable challenge to the development of a complete orbital theory 
of climate is that the climate response, as seen in Plio-Pleistocene proxy records, 
regardless of whether they are orbitally tuned or not, is far more complex than the 
general form of the orbital solution derived insolation curve at any given latitude and 
season. It follows that the Earth system response to the orbital forcing is strongly 
non-linear, both on the orbital time-scale itself and also on the >100kyr time-scale 
[Elkibbi and Rial, 2001; Ruddiman, 2003; Maslin and Ridgwell, 2005; Clark et al., 
2006], as seen in the Plio-Pleistocene transitions between dominant 
glacial/interglacial modes (Fig 1.2). The existence of this degree of non-linearity has 
fundamental epistemological implications for the development of any successful 
orbital theory of climate. It means that any model must contain either sufficiently 
realistic treatment of the crucial feedback processes within the Earth system or 
                                                 
 
6 This assumption is also adopted in the present thesis and the orbitally tuned LR04 δ18Obenthic stack is 
used as the reference record in the creation of the associated core age-model. 
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artificially impose threshold levels to recreate the observed variability [Imbrie and 
Imbrie, 1980; Paillard, 1998; Gildor and Tziperman, 2000]. The development of 
both approaches is limited fundamentally by understanding of which processes 
within the climate system actually manifest the non-linearity on each time-scale. This 
limitation is now discussed in detail for the last example of significant >100kyr time-
scale non-linearity, namely the early/middle Pleistocene transition in the dominant 
mode of glacial/interglacial variability, which is known as the Mid-Pleistocene 
Transition (MPT). 
 
1.7 The Mid-Pleistocene Transition 
 
During the MPT, the interval of which is defined as 1200-500ka, using the 
boundary dates of Head and Gibbard [2005], the dominant glacial/interglacial mode 
of the climate system evolved, in the absence of any corresponding shift in the orbital 
forcing itself, from the relatively low-amplitude and (near) symmetric [Ashkenazy 
and Tziperman, 2004] 40kyr cycles of the late Pliocene and early Pleistocene 
towards the more high-amplitude, non-linear and variable duration 100kyr ‘cycles’ of 
the middle/late Pleistocene (as shown in the LR04 stack in Figure 1.2). As discussed 
in §5, the early Pleistocene was also associated with a period of ice-volume 
expansion and the intensification of NHG. Hence, the term MPT, as used here, refers 
to two semi-independent changes within the global climate system which occurred 
over several 100kyrs and consequently, this thesis favours the broad temporal 
definition for the MPT of Head and Gibbard [2005]7. Statistical analysis of 
δ
18Obenthic records show that whilst the increase in >100kyr time-scale mean 
δ
18Obenthic value (and by inference ice-volume) was centred on 920ka, the emergence 
of dominant ~100kyr periodicity did not occur until ~600ka [Mudelsee and Schulz, 
1997]. This temporal relationship, which is also visible on Figure 1.2, suggests that 
the intensification of NHG led to the onset of the 100kyr glacial/interglacial mode. 
                                                 
7 It should be noted that the MPT interval as taken here, 1200-500ka, sensu Head and Gibbard [2005], 
does not correspond to the middle Pleistocene sub-series and instead includes parts of both the middle 
and early Pleistocene sub-series. Furthermore, no suitable chronostratigraphic term exists for the 
‘post-MPT’ world of the past 500ka and this is thus referred to as either the ‘100kyr world’ or as a 
subset of the middle/late Pleistocene. These distinctions are clearly illustrated through comparison of 
the wavelet decomposition plot for LR04 and the sub-series definitions given in Fig 1.2. 
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However, the potential causality of this relationship is not at present fully resolved 
and hence these two components of the MPT are discussed separately in the 
following sub-sections. 
 
1.7.1 Potential origins of the early Pleistocene intensification of 
northern hemisphere glaciation 
 
The early Pleistocene increase in the rate of expansion of northern 
hemisphere ice-volume has been proposed to result from >100kyr time-scale global 
cooling trends, driven by a secular decrease in pCO2 [Paillard, 1998; Gildor and 
Tziperman, 2000]. However, geochemical reconstructions of early Pleistocene pCO2 
do not show any detectable trend of this type [Honisch et al., 2009], suggesting that 
other processes may have been responsible. One such alternative view is that 
>100kyr time-scale changes in the low-latitude (taken here as being 30ºN to 30ºS) 
ocean/atmosphere circulation system led to the intensification of glaciation 
[McClymont and Rosell-Mele, 2005]. The basis for this idea is that the low-latitude 
Pacific is the ‘heat and moisture engine’ for the global atmosphere and changes in 
the underlying Sea Surface Temperature (SST) distribution lead to significant 
changes in the advection of both properties towards higher latitudes [Philander and 
Fedorov, 2003; Shukla et al., 2009; Vizcaíno et al., 2010]. This importance of the 
coupled low-latitude ocean/atmosphere system for global climate is clearly 
manifested on the inter-annual time-scale with the El-Niño Southern Oscillation 
(ENSO) phenomenon. If changes in this system also occurred on the >100kyr time-
scale then they may indeed have significantly influenced ice-sheet development.  
 
Plio-Pleistocene reconstructions of SST from the equatorial (taken here as 
being 5ºN to 5ºS) Pacific show that the zonal SST gradient associated with the 
modern circulation regime, which is closely related to the ENSO system, has been a 
feature of the Pleistocene and late Pliocene only [Wara et al., 2005]. Therefore, 
during the early Pliocene, when global-mean surface temperatures were several ºC 
warmer than at present, there also existed a zonally homogenous SST structure in the 
low-latitude Pacific, resembling a “permanent El-Niño” state of the climate system 
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on the 100kyr time-scale [Wara et al., 2005; Ravelo et al., 2006] (Fig 1.3). The onset 
of the upwelling of cool subsurface water masses in the Eastern Equatorial Pacific 
(EEP) and the weakening of the permanent El-Niño occurred over the interval 4000-
3000ka, which was prior to the onset of NHG [Vizcaíno et al., 2010]. The 
establishment of a distinct ‘warm pool’ in the Western Equatorial Pacific (WEP) also 
occurred over a similar interval, 4400-3600ka [Sato et al., 2008].  
 
The onset of a significant zonal equatorial SST gradient and by association, 
atmospheric Walker Circulation, occurred over the interval 2000-1500ka [Wara et 
al., 2005; Ravelo et al., 2004], much later than the onset of upwelling in the EEP 
(Fig 1.3). Furthermore, certain reconstructions of low-latitude SST gradients, both 
meridional [Jia et al., 2008] and zonal [McClymont et al., 2005] also show a final 
period of rapid change over the interval 1200-1000ka, only ~100kyr prior to the 
intensification of NHG at 940-900ka [Mudelsee and Schulz, 1997] (Fig 1.3). The 
origin of the late Neogene reorganisation of the low-latitude ocean circulation regime 
and SST distribution may have been ultimately related to the early Pliocene closure 
of the of the Panama seaway, but may also have been significantly influenced by 
southern high-latitude climatic changes through the thermocline water masses 
ventilated  in the EEP [Philander and Fedorov, 2003]. In any case, the relative 
timing of the changes in the low-latitude Pacific SST distribution and those inferred 
for northern hemisphere ice-volume, as summarized in Figure 1.3, supports the 
possibility that the low-latitude ocean/atmosphere circulation system may indeed 
have played a key role in driving the >100kyr evolution of both global climate and 
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Figure 1.3 The relative timing of major events in Plio-Pleistocene climate as seen 
in records of A) stacked δ18Obenthic [Lisiecki and Raymo, 2005] and B) equatorial 
Pacific SST [Wara et al., 2005]. The grey boxes show events visible in the records 
shown here and the arrows show events as inferred from other sources of evidence, 
as discussed in the text. The bold lines represent 400kyr box-car running means for 
each record. The SST reconstructions are based on Mg/Ca paleothermometry in the 
surface dwelling planktic species Globigerinoides sacculifer from WEP sediment 
core ODP 806 (2520m water depth) and EEP sediment core ODP 847 (3360m water 
depth) [Wara et al., 2005]. C) The two core locations relative to the modern mean-
annual SST distribution in the Pacific based on World Ocean Atlas (WOA) 2005 data 
[Locarnini et al., 2006], plotted using the Ocean Data View (ODV) software 
[Schlitzer, 2007]. Contours are in °C. 
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1.7.2 The ‘100kyr’ problem 
 
Early attempts to provide a unified model for the evolving modes of 
Pleistocene glacial/interglacial variability followed the ideas of Milankovitch directly 
in suggesting that the principle sensitivity of the global system to orbital forcing at 
all three main orbital periods; precession, obliquity and eccentricity, arose through 
the direct response of northern hemisphere ice-sheets to peak summer insolation 
[Hays et al., 1976]. The MPT represents an example not only of non-linearity in 
climate response to orbital forcing on the >100kyr time-scale, but is also intimately 
related to the so-called ‘100kyr problem’, which represents the most extreme 
example of non-linearity on the 10-100kyr time-scale. The ‘100kyr problem’ arises 
because the direct forcing of insolation at all latitudes by the orbital eccentricity 
cycle at that period is very weak compared to that from both the precession and 
obliquity cycles and even that from the 400kyr component of the eccentricity cycle. 
It follows that the large amplitude of the middle/late Pleistocene 100kyr mode 
glacial/interglacial cycles cannot be explained as any kind of direct response to the 
insolation forcing arising from the 100kyr eccentricity cycle [Imbrie et al., 1993; 
Elkibbi and Rial, 2001; Maslin and Ridgwell, 2005].  
 
Given the high ratio of ‘cycle’ period to the duration of the 100kyr mode 
(700-500ka, depending on the statistical method used) it is difficult to characterize 
the mode in a statistically robust way [Huybers and Wunsch, 2005], as can be seen 
from the wide ‘blur’ of significant wavelet spectral power in Figure 1.3. However, 
most authors accept that the underlying structure of these cycles is at least quasi-
periodic and that they are probably phase-locked to at least one of the orbital cycles. 
Disagreement exists as to whether this phase-locking occurs for the obliquity 
[Huybers and Wunsch, 2005; Liu et al., 2008], precession and its modulation by 
eccentricity [Raymo, 1997; Paillard, 1998; Lisiecki, 2010] cycles or to a combination 
of the above [Ruddiman, 2003]. Regardless of the pacing of the ~100kyr ‘cycles’, the 
bulk of the radiative forcing of the climate response seen within the ‘100kyr world’ 
(defined in this thesis as being the past 500ka7) must have originated from processes 
internal to the Earth system. The most plausible sources for such processes have 
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generally been considered to be either ice-sheet dynamics [Imbrie and Imbrie, 1980; 
Paillard, 2001] and/or the carbon-cycle [Lea et al., 2000; Shackleton, 2000; 
Toggweiler, 2008], based on the capacity of these systems to sustain internal 
characteristic times of the order of 10-100kyr. 
 
Subsequent revisions to the Hays et al. [1976] approach, in response to the 
‘100kyr problem’, advocated a view of the MPT in which the expanded ‘large’ 
middle Pleistocene northern hemisphere ice-sheets exhibited an increased non-
linearity of response to precession and obliquity forcing [Imbrie et al., 1993], rather 
than a shift in sensitivity from obliquity to eccentricity forcing [Hays et al., 1976]. 
This revised view also added a series of de-glacial feedback processes involving 
ocean/atmosphere teleconnections that act to communicate the northern hemisphere 
ice-sheet response to orbital insolation changes into the low- and southern high-
latitudes, such that a carbon-cycle response, arising mainly from processes in the 
Southern Ocean, then acted as a positive feedback on ice-sheet melting [Imbrie et al., 
1992; Imbrie et al., 1993]. Regardless of these differences, both of these models 
address the MPT as having been fundamentally a matter of northern hemisphere ice-
sheet dynamics, arising from an ice-sheet size threshold associated with the early 
Pleistocene intensification of NHG.  
 
Other subsequent models have ascribed this northern hemisphere ice-sheet 
dynamics threshold crossed during the MPT more specifically to the merger of the 
Laurentide and Eurasian ice-sheets [Bintanja and van de Wal, 2008] or to a shift in 
the mode of ice-sheet to bedrock interactions, rather than ice-sheet extent [Clark and 
Pollard, 1998; Clark et al., 2006]. In the Imbrie et al. [1993] model, the 100kyr 
mode is viewed as being a result of the large climatic inertia associated with the 
middle/late Pleistocene northern hemisphere ice-sheets. Numerous subsequent 
refinements and/or revisions to this ice-dynamic view of the 100kyr problem have 
also been made, including those that advocate sea-ice as the climatic ‘switch’ [Gildor 
and Tziperman, 2000; Tziperman and Gildor, 2003] and those that advocate the 
existence of a self sustained ice-sheet and thermohaline circulation oscillator 
[Denton, 2000].  
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Over the past two decades new sources of proxy data for glacial/interglacial 
variability in both the carbon-cycle, as seem in Antarctic ice core records of air 
temperature and atmospheric pCO2 variability [Petit et al., 1999; Jouzel et al., 2007; 
Luthi et al., 2008] and the low-latitude ocean/atmosphere system, as seen in proxy 
records of SST variability [Lea et al., 2000; Koutavas et al., 2002; Schefuss et al., 
2004] have become available. The analysis of these records has led to the proposal of 
several other, very different, approaches to the MPT and to the 100kyr problem, 
which constitute fundamental challenges, rather than revisions or refinements to the 
ice-sheet dynamic view outlined above. These are; that the 100kyr mode originated 
principally in the carbon-cycle [Lea et al., 2000; Shackleton, 2000; Toggweiler, 
2008] and/or the low-latitude ocean/atmosphere circulation system [Liu et al., 2008]. 
As well as questioning the fundamental importance of ice-sheet dynamics in the 
orbital time-scale global climate response, these new models also suggest that the 
two components of the MPT, namely the intensification of NHG and the subsequent 
emergence of the 100kyr mode, were probably not directly related. Before 
considering what the present thesis can contribute to the evaluation of these various 
hypotheses, the following section reviews the observations that have led to the 
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1.7.3 Orbital time-scale variability in the carbon-cycle and the low-
latitude ocean/atmosphere circulation system 
 
Proxy reconstructions show that variability in low-latitude Pacific SST and 
atmospheric pCO2 have remained in-phase with one another (on millenial time-
scales) across the middle/late Pleistocene glacial/interglacial cycles and that both of 
these variables lead changes in δ18Obenthic (and by inference, northern hemisphere ice-
volume) by several millennia during the associated glacial terminations [Lea et al., 
2000]. Furthermore, whilst current ice-core pCO2 records do not extend beyond 
800ka, equatorial Pacific SST reconstructions for the early Pleistocene suggest that 
the lead of that variable over δ18Obenthic was also a feature of the 40kyr world 
[Medina-Elizalde and Lea., 2005]. These observations has been taken to mean that 
the northern high-latitudes are unlikely to be the primary origin of the global climatic 
response to orbital forcing in either the 40kyr or 100kyr worlds [Lea et al., 2000; 
Medina-Elizalde and Lea., 2005].  
 
An additional, independent line of reasoning that arrives at similar 
conclusions comes from the work of the late Sir Nicholas Shackleton, whose career 
has very substantially shaped the entire field of Pleistocene paleoceanography. 
Whereas his work on the Hays et al. [1976] paper, which provided the key down-
core validation of the Milankovitch paradigm, marked almost the beginning of this 
remarkable contribution, his very important 2000 paper came sadly very close to its 
end. In it, the author uses an alternative method for de-convolving the various 
influences on the δ18Obenthic signal and arrives at the conclusion that the 100kyr mode 
cycles in Antarctic air temperature, atmospheric pCO2 and DWT are all in-phase 
with orbital eccentricity, but that all of these variables lead the δ18Obenthic response at 
this period [Shackleton, 2000]. Taken in combination, the findings of Lea et al. 
[2000] and Shackleton [2000] suggest that the carbon-cycle may have played a key 
role, rather than simply acted as a feedback mechanism, in the orbital time-scale 
global climate response during the 100kyr world. If the 100kyr mode does indeed 
originate in the carbon-cycle then it follows that, rather than being a consequence of 
ice-sheet dynamics, the MPT must have instead represented either an increase in the 
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relative importance of the carbon-cycle forcing of the climate and/or a shift in the 
sensitivity of the carbon-cycle to orbital forcing. 
 
The principle mechanism by which the carbon-cycle influences climate over 
glacial/interglacial cycles is through fluctuations in atmospheric greenhouse gas 
levels, principally pCO2. Over the middle/late Pleistocene, Antarctic ice cores 
constrain the amplitude of this variability as being in the range 60-100ppmV [Luthi 
et al., 2008]. The change in radiative forcing of the Earths surface arising from these 
fluctuations constitutes a significant contribution to the radiative budget on these 
time-scales, especially at low-latitudes where the radiative effect of changes in ice-
sheet extent are not directly felt [Broccoli, 2000]. It is plausible therefore, that the 
observed close temporal relationship between low-latitude Pacific SST and pCO2 
may have arisen from dominant greenhouse gas forcing of low-latitude SST 
variability on these time-scales. The modern low-latitude Pacific ocean/atmosphere 
system is, however, also closely coupled to the climate of the southern high-latitudes 
through the ventilation of upper-ocean water masses in the EEP [Liu et al., 2002; 
Philander and Fedorov, 2003]. The onset of the upwelling of cool subsurface waters 
during the early Pliocene has been proposed as an alternative origin (as opposed to 
the onset of NHG) for the 40kyr glacial/interglacial climate mode, through 
amplification by the low-latitude system of the high-latitude obliquity sensitivity 
[Philander and Fedorov, 2003]. The low-latitude ocean/atmosphere circulation 
system may, therefore, also have been important, independently of the carbon-cycle, 
in the global climate response on orbital time-scales. Reconstructions of EEP SST 
show that precursor cyclicties of the middle/late Pleistocene 100kyr mode, arising 
through obliquity cycle bundling, emerged during the early Pleistocene, prior to the 
intensification of NHG [Liu et al., 2008]. These observations suggest that the low-
latitude ocean/atmosphere circulation system may have played a significant role not 
only in the origins of the intensification of northern hemisphere glaciation (on the 
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1.8 Rationale and motivation for thesis 
 
The Milankovitch paradigm remains an extremely powerful tool for 
understanding orbital time-scale variability within the climate system. In spite of 
decades of intensive research, however, no single theory has gained general 
acceptance in explaining; the origins of the northern hemisphere ice-volume 
expansion occurring during the early part of the MPT, the causes of the observed 
shift in dominant glacial/interglacial periodicity over the transition and/or the 100kyr 
problem. For good review papers on these issues the reader is referred to Elkibbi et 
al. [2001], Ruddiman et al. [2003] and Clark et al. [2006]. Of particular interest here, 
the relative importance of, and relationships between, the external forcing of 
insolation from the orbital variations themselves and then the feedback mechanisms 
in ice-sheet dynamics, the carbon-cycle and the low-latitude ocean/atmosphere 
circulation system remain unresolved. These are the outstanding challenges to the 
orbital theory of climate that form the essential background and motivation for this 
thesis.  
 
Identifying phase differences between proxy variables representing different 
aspects of the climate response within glacial/interglacial cycles, such as δ18Obenthic, 
pCO2 and paleothermometry proxies, is a powerful and widely used tool in resolving 
the underlying causality relationships. This approach is, however, limited by both the 
inherent proxy and age-model uncertainties [Ashkenazy and Tziperman, 2006]. In 
particular, as discussed in §4, the uncertainties involved in age-model correlations 
between orbitally tuned records in different cores is of the order of at least several 
millennia [Lisiecki and Raymo, 2009], values that are comparable, in many cases, to 
the documented leads themselves [Lea et al.,  2000]. Furthermore, in the specific 
case of the apparent lead of pCO2 over ice-volume at glacial terminations, this has 
been shown to be both a function of the proxy data and analysis method used [Alley 
et al., 2002] and also to disappear when the time differential of ice-volume is used, 
rather than ice-volume itself, as is proposed in revised forms of the traditional 
Milankovitch formulation [Roe et al., 2006]. 
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A complimentary approach to the study of the orbital time-scale relationships 
between these different components of the climate system, which forms the basis of 
the present work, is to expand the spatial coverage of single core multi-proxy records 
that span the MPT. By studying the amplitudes of glacial/interglacial variability in 
proxy variables that are sensitive to differing regional or global aspects of climate 
evolution across the MPT, inferences can be drawn regarding changes in the 
underlying processes themselves. This approach has the advantage of being much 
less constrained by age-model uncertainties as it compares features on the 10-100kyr, 
rather than 1kyr, time-scales. Furthermore, when variables within the same core are 
compared, this can be achieved in depth-space (or ‘relative age-space’), reducing 
even further the relative chronology uncertainties. This approach does, however, 
remain subject to the proxy uncertainties, indeed perhaps even more so than the 
phase based approach, necessitating the careful consideration of these limitations in 
relation to each application. 
 
The thesis introduces a subtropical southwest Pacific view on the MPT, based 
upon a series of single core multi-proxy reconstructions from 23ºS in the southern 
Coral Sea. This region is important for the global climate system as it lies between 
the Southern Ocean and the western Pacific warm pool, which are key regions for 
variability in both the carbon-cycle and the low-latitude ocean/atmosphere 
circulation system respectively. By utilising a subtropical core site it is possible to 
reconstruct aspects of variability in both systems and their evolving response to 
orbital forcing on both the 10-100kyr and >100kyr time-scales over the period of the 
MPT.  
 
The particular sensitivity of the southern Coral Sea to fluctuations in the low-
latitude ocean/atmosphere circulation system arises from its positioning immediately 
to the south of the modern extent of the western Pacific warm pool. It should thus be 
sensitive to any past changes in the meridional extent of the warm pool, which is a 
key and yet poorly constrained diagnostic variable for the wider state of the low-
latitude system [De Deckker, 1997] and in particular the atmospheric export of heat 
and moisture towards high-latitudes. Changes in these fluxes on the >100kyr time-
  Chapter 1 
 27 
scale may have played a key role in the early Pleistocene intensification of NHG, but 
at present the meridional SST distribution in the low-latitude Pacific remains poorly 
constrained over this interval [Jia et al., 2008]. The Coral Sea region is also sensitive 
to ENSO fluctuations in both SST and precipitation and has the potential to allow 
evaluation of whether any orbital time-scale fluctuations in the mean-state of the 
low-latitude ocean/atmosphere circulation system occurred and, if so, whether this 
response evolved over the period of the MPT. 
 
The sensitivity of the subtropical southwest Pacific region to fluctuations in 
the carbon-cycle arises in several ways. Whilst very considerable debate remains as 
to the processes leading to the observed patterns of middle/late Pleistocene pCO2 
variability it is generally accepted that the deep ocean DIC reservoir must have 
played a key role [Archer et al., 2000; Sigman and Boyle, 2000]. Mechanisms for the 
enhanced storage of glacial stage carbon in the deep ocean have invoked, amongst 
other things, changes in both whole ocean alkalinity arising from various 
mechanisms, including changes in neritic calcification, physical and chemical 
stratification of the deep oceans and changes in the efficacy of the biological pumps 
for both organic and inorganic carbon [Archer et al., 2000; Sigman and Boyle, 2000].  
 
Regardless of the mechanism(s) involved in moving the carbon into the deep 
ocean, it follows that the circulation and ventilation of waters within the deep ocean 
is of key importance for the residence time of this carbon and for its subsequent 
release to the atmosphere during glacial terminations. Deep waters originating in 
several distinct sectors of the Southern Ocean enter the subtropical southwest Pacific 
region through a series of distinct pathways, as a result of the complex regional 
bathymetry. Both the vertical [Hodell et al., 2003] and lateral [McCave et al., 2008] 
zonation of glacial stage deep and bottom water masses within the Southern Ocean 
has been documented, with important implications for deep ocean carbon storage. 
Reconstructions of subtropical southwest Pacific deepwater chemistry have the 
potential to provide ‘downstream’ constraints on the spatial patterns across the Indian 
and Pacific sectors of the Southern Ocean.  
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Radiative forcing models suggest that glacial/interglacial variability in 
subtropical SST should, as for the equatorial Pacific band, be dominated by pCO2 
variability [Broccoli, 2000]. Thus, reconstructions of subtropical SST can be 
compared to those from other latitudes to evaluate this hypothesis and potentially 
offer new paleoclimatic insights into climate sensitivity to pCO2. Finally, the Coral 
Sea region is home to many of the planets largest coral reef systems and, as above, 
neritic carbonate sedimentation may play an important role in the glacial/interglacial 
carbon-cycle [Opdyke and Walker, 1992; Rickaby et al., 2010]. Many of the Coral 
Sea reef systems are documented to have undergone a period of expansion during the 
middle Pleistocene [Braithwaite et al., 2004; Cabioch et al., 2008; Dubois et al., 
2008]. This expansion, if extrapolated to the global scale, has the potential to have 
significantly altered the mode of glacial/interglacial pCO2 variability in the 100kyr 
world. Reconstructions of SST from the region allow the evaluation of whether this 
hypothesis is plausible, through constraining the regional environmental factors may 
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1.9 Aims of thesis 
 
The over-arching aim of this thesis is the development of a sub-orbital time-
scale resolution reconstruction of paleoceanographic and paleoclimatic variability in 
the subtropical southwest Pacific, over the period of the MPT and with a view to 
better understanding the interactions between orbital variations, the carbon-cycle and 
the low-latitude ocean/atmosphere circulation system, on both the 10-100kyr and 
>100kyr time-scales. In particular, it seeks to bring the subtropical perspective and 
an approach independent of the phase relationships at glacial terminations, to bear on 
the question as to in which of these systems a fundamental transition in orbital 
sensitivity occurred over the MPT. In order to move towards this general goal, the 
thesis advances through the evaluation of some more specific research questions, as 
summarized below. 
 
I. To develop an understanding on both the glacial/interglacial and >100kyr time-
scales of the deep water circulation regime in the bathymetrically complex 
subtropical southwest Pacific, where deep water masses enter the open Pacific 
from the Southern Ocean via several distinct pathways. Changes in this regime 
over the MPT are evaluated in terms of the ventilation and chemical zonation 
of Southern Ocean deep waters, which have important implications for the 
carbon-cycle. 
 
II. To make a detailed assessment of the uncertainties associated with the Mg/Ca-
derived SST for the southern Coral Sea, including the effect of seasonal biases 
on the proxy. This combined uncertainty approach will then be used to evaluate 
whether any significant changes in interglacial stage climate over the MPT can 
be detected using the Mg/Ca paleothermometer. If such changes can be 
identified, and shown to be of sufficient magnitude, then this would imply that 
regional climate change could have been the cause of the observed middle 
Pleistocene expansion of coral reef systems in the region. 
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III. To reconstruct, on the >100kyr time-scale, the Pleistocene SST history of the 
southern Coral Sea region and to use this to evaluate whether the early 
Pleistocene contraction of the Pacific warm pool also affected its meridional 
extent in the southern hemisphere. This will allow better evaluation of the 
existing hypothesis that ocean/atmosphere circulation changes in the low-
latitude Pacific limited the expansion of northern hemisphere ice-volume seen 
during the early part of the MPT. 
 
IV. To characterize the amplitude and structure of glacial/interglacial variability in 
both SST and the regional hydrological cycle response seen in the southern 
Coral Sea across the MPT. The orbital controls on these two variables and the 
effect on them arising from changes in carbon-cycle induced greenhouse gas 
forcing and the low-latitude ocean/atmosphere circulation regime will be 
evaluated. This will then allow constraints to be placed on the extent to which 
either the carbon-cycle and/or the low-latitude ocean/atmosphere circulation 
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1.10 Structure of thesis 
 
The main body of this thesis, comprising chapter 3 through chapter 6, is 
presented as a series of paper-style chapters. These chapters are based closely around 
papers that have either been published (in the case of chapter 3 and chapter 5), are in 
press (in the case of chapter 6) or are awaiting submission (in the case of chapter 4). 
As such, these individual chapters are largely self–contained in form, although 
alterations have been made where appropriate to avoid repetition or inappropriate 
ordering of material. The main such alteration is the relocation into chapter 2 of all 
the material dealing with the setting and physical properties of the giant piston core 
MD06-3018, which is the source of the new proxy data presented in the paper-style 
chapters. This chapter also includes additional material, which is not present in the 
published papers, relating to the sedimentology of the core and aspects of the modern 
oceanography and climatology of the core-site. There is no separate methodology 
chapter as each of the methods used is introduced as required within the relevant 
sections of the paper-style chapters. However, more background on the various proxy 
systems and the full analytical methods used are given as appendices, as described 
below. 
 
The paper-style chapters are not presented in chronological order of 
publication, but in that which in the author’s opinion best serves to develop the 
arguments that unify the thesis. Chapter 3 introduces the benthic stable isotope 
records and the core age-model for MD06-3018 and then uses the δ13Cbenthic record to 
characterize and interpret the regional deep water circulation regime, addressing aim 
I. Chapters 4, 5 and 6 then introduce the planktic Mg/Ca trace-metal and δ18O 
records and use these to characterize and interpret the surface ocean 
paleoceanography and paleoclimatology of the region. Chapter 4 presents the 
MD06-3018 Mg/Ca-derived SST reconstruction and examines its uncertainties in 
detail. It also presents independent, foraminiferal transfer function derived estimate 
of seasonal SST, in order to address aim II. Chapter 5 focuses on >100kyr time-
scale variability in the SST reconstruction to address aim III whereas chapter 6 
presents the coupled δ18Oplanktic record and focuses on orbital time-scale variability in 
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both SST and the hydrological cycle to address aim IV. Following the paper-style 
chapters is chapter 7, a general discussion chapter which draws together the 
common themes present in the preceding material and uses these to address the 
general aim of the thesis as defined above. It also offers suggestions for both future 
work and directions in the specific and wider field. Finally, chapter 8 summarises 
the key conclusions from the thesis as a whole.  
 
A series of appendices contains more detailed information on the proxy 
systems used (appendix 1), the full analytical techniques used for the geochemical 
measurements (appendices 2 and 3), the full down-core data-sets used in the thesis 
(appendices 4, 6 and 7) and also a reference plot of the data-sets versus core depth, 
(appendix 5). Data sets for δ13Cplanktic and the Sr/Ca trace-metal ratio of the planktic 
samples are given in the data appendices for reference, although they are not 
discussed explicitly in the thesis. The published papers upon which chapter 3 and 
chapter 4 are based, the submitted manuscript upon which chapter 5 is based and an 
additional published paper dealing with box-modelling of the carbon-cycle response 
to orbital forcing, Russon et al. [2010b], which is referred to in chapter 7 and was 
published during the course of the PhD but is not part of the project itself, are also 
included within the electronic version of the thesis. 
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Chapter 2: Setting and sedimentology of giant 
piston core MD06-3018 
 




This chapter introduces the location and sedimentological characteristics of 
marine sediment core MD06-3018, from which all of the new paleoceanographic 
proxy measurements presented in this thesis are derived. In order to avoid repetition, 
the ‘setting/materials’ content that was present in each of the paper-style chapters has 
been removed from those sections and expanded upon here. A full description of the 
geographical, geological, oceanographic and climatic setting of the region is given, 
followed by a brief review of past deep sea drilling and paleoceanographic work. The 
physical sampling methods used in core processing are described as are down-core 
measurements of foraminiferal shell weights and bulk weight% CaCO3 for the core. 
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2.2 Core location and geological setting 
 
Deep sea sediment core MD06-3018 was recovered from 23º00’S, 166º09’E 
and 2470m water depth on the eastern side of the New Caledonia Trough (NCT), 
~60km offshore of the island of New Caledonia (Fig 2.1), during cruise 
AUSFAIR/ZoNéCo12 (Spring 2006) on board the R.V. Marion Dufresne [Foucher 
et al., 2006]. When considering the surface geography of the region, New Caledonia 
lies close to the boundary, not exactly defined, of the Coral Sea to the north and the 
Tasman Sea to the south. In the present study, when discussing surface water 
processes, the term ‘southern Coral Sea’ is used to describe the core location. At 
water depths below ~1500m however, the term ‘NCT’ is used, as the subtropical 
southwest Pacific region is bathymetrically extremely complex and a more detailed 
description is required of the position and significance of the core location. 
 
The NCT is one of a series of broadly NW-SE trending basins in the 
subtropical southwest Pacific region
1
, lying between the Lord Howe Rise to the west 
and the New Caledonia Ridge, which becomes the Norfolk Ridge as one moves 
southwards, to the east [Lafoy et al., 2005; Pelletier, 2006]. To the west of the Lord 
Howe Rise is the Tasman Sea Basin and to the east of the Norfolk Ridge are the 
Norfolk and South Fiji Basins. Beyond the South Fiji Basin is the Kermadec Ridge, 
which marks the contact of the Indo-Australian and Pacific plates and the beginning 
of the basins of the open Pacific (Fig 2.1). The NCT is open to a sill depth of 
~3000m into the New Hebrides Basin to the north, attains its deepest depths near to 
New Caledonia itself (~3600m) and shallows to the south as it approaches New 
Zealand [Lafoy et al., 2005]. The New Hebrides Basin is connected at depths 
exceeding 3000m to both the Coral Sea Basin to the west and the Central Pacific 





                                                 
1
 The term ‘subtropical southwest Pacific’ is defined as referring to the region 10-35ºS and 150-180ºE, 
comprising the basins of the northern Tasman Sea, the Coral Sea, the New Hebrides Basin, the NCT 
and the North and South Fiji Basins (Fig 2.1). 







Figure 2.1 Location of core MD06-3018 and the geography of the subtropical 
southwest Pacific. Upper panel shows core location (yellow star) in the context of the 
regional bathymetry (as taken from ODV software). Abbreviations not given in the 
text are as follows: NHB = New Hebrides Basin, NB = Norfolk Basin, NCR/NR = 
New Caledonia Ridge / Norfolk Ridge. Lower panel shows core location within the 
eastern NCT and in relation to the island barrier reef system, with bathymetry from 
the Zonéco program [Foucher et al., 2006].  
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The tectonic origin of the basins in the subtropical southwest Pacific region is 
related to stretching and thinning of Indo-Australian plate continental crust from the 
late Cretaceous into the late Palaeocene [Lafoy et al., 2005]. The central NCT (that 
component of the basin south of 22.5ºS) experienced subsequent emplacement of 
oceanic crust and further subsidence which is not thought to have occurred in either 
the northern NCT or the adjacent Norfolk Basin. The two regimes are separated by a 
SW-NE trending boundary fault zone which reaches the island at ~22ºS [Lafoy et al., 
2005]. The core-site of MD06-3018 lies just to the south of this fault zone and as 
such is located on thinned continental, rather than oceanic, crust.  
 
The island of New Caledonia comprises a NW-SE trending fragment of 
continental crust composed principally of basic igneous rocks, with some overlying 
sediments [Lafoy et al., 2005; Pelletier, 2006].  By the Eocene and early Oligocene, 
extensional tectonics had largely been replaced by convergence in the New 
Caledonia region which culminated in the emplacement of the ophiolitic nappe that 
dominates the islands geology [Pelletier, 2006]. The remainder of the Oligocene and 
much of the Miocene was dominated by the uplift and erosion of the New Caledonia 
Ridge and island system. By the late Miocene (~10Ma) east-dipping subduction had 
commenced on the Vanuatu trench, leading to the emplacement of the New Hebrides 
Arc and a general return to weak extensional tectonics in the basins westwards of the 
trench [Pelletier, 2006]. This regime has broadly persisted to the present, resulting in 
the continual accumulation of sediment in the NCT from the Miocene to the present 
day. 
 
The Coral Sea region is the location of many of the world’s largest coral reef 
systems. The MD06-3018 core site is ~60km from the New Caledonia Barrier Reef, 
which runs parallel to the island and separates the lagoon from the open ocean (Fig 
2.1). The barrier reef has the effect of trapping much of the eroded terrigenous 
material from the island in the lagoon. The basin slope from the reef front down to 
the floor of the NCT is cut by several large submarine canyons, as seen on the high 
resolution bathymetry in Figure 2.1, down which eroded material from both the 
lagoon and the reef itself are carried into the deep basin. The MD06-3018 core-site 
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is, however, located on a broad bathymetric high that shelters the site from the 
delivery of material through any of the modern canyon systems. Evaluating the 
relative influences of pelagic and down-slope sedimentation at the core-site, through 
time, is a key aim of the current chapter and is considered in detail in §6-11. 
 
2.3 Modern oceanography 
 
At surface, mode and intermediate water depths, the subtropical southwest 
Pacific region forms an integral part of the wider South Pacific gyre system. Surface 
waters in the NCT are influenced both by the South Equatorial Current and the East 
Australian Current, which transports warm waters from the western equatorial 
Pacific southwards to the Tasman Front (~32ºS) where they separate from the 
Australian coast and flow westwards (Fig 2.2A) [Bostock et al., 2006; Ridgway and 
Dunn, 2003]. In the modern regime, the influence of the East Australian Current is 
restricted principally to the Australian margin and western Coral Sea, so that the 
dominant surface flow around New Caledonia is westwards and constitutes the most 
southerly branches of the South Equatorial Current.  
 
The mean-annual thickness of the mixed layer (depth to the top of the 
thermocline) in the central NCT is ~75m (Fig 2.3). Within the coastal region this 
varies however from 100-150m during austral winter to 20-50m during austral 
summer [Alory et al., 2006]. The dominant flow at both mode and intermediate water 
depths is also westwards, with water masses entering the region both to the north and 
south of the island [Gourdeau et al., 2008; Sokolov and Rintoul, 2000]. The mode 
water mass present in the NCT has been called variously Tropical Lower Water 
[Sokolov and Rintoul, 2000] and South Pacific Tropical Water [Delcroix and 
Lenormand, 1997]. It is found from the mixed layer down to 400-500m depth and is 
characterized by a salinity maximum at ~200m (Fig 2.3). This water mass is formed 
by seasonal advection of the thermocline principally in two distinct regions; the 
central Southern Pacific (in the case of the solid orange arrows on Fig2.2B) and the 
southern and central Tasman Sea (in the case of the dashed green arrows on 
Fig2.2B), although in both cases the water masses undergo extensive recirculation 
within the South Pacific gyre before entering the Coral Sea region. 





Figure 2.2 Schematic circulation regimes in the subtropical southwest Pacific for 
selected water-masses, as shown in Figure 2.3. The ‘top-bottom’ plot (A) represents 
the depth-integrated averaged flow, which is dominated by the surface water mass 
flow. The solid orange lines on (B) show mode water of open Pacific origin and the 
dashed green lines show mode water of ultimately southwest Pacific origin. The 
numbers in circles show flow in Sv, the yellow star shows the location of MD06-
3018. The grey shading shows the relevant, schematic bathymetry at the depth of 
each water mass. Abbreviations are as follows: SEC = South Equatorial Current, 
EAC = East Australian Current, TF = Tasman Front. The flow values are taken and 









Figure 2.3 Mean-annual water column profiles for temperature and salinity from 
WOA2005 data for the central NCT (2º by 2º grid around the MD06-3018 core-site) 
[Locarnini et al., 2006], plotted using ODV software [Schlitzer, 2007].  Horizontal 
bars show schematic positions of the water masses discussed in the text.  
 
 
The intermediate water mass present throughout the subtropical southwest 
Pacific region is Antarctic Intermediate Water (AAIW), which is found in the depth 
range 500-1500m and is marked by the prominent salinity minimum at ~800m (Fig 
2.3). The component of AAIW that reaches New Caledonia originates mainly in the 
southeast Pacific and has been entrained in the south Pacific gyre (Fig 2.2C). AAIW 
of direct Southern Ocean origin also enters the southern Tasman Sea but the 
influence of this does not extend further north than ~35ºS in the modern regime 
[Sokolov and Rintoul, 2000].  
 
For water depths exceeding ~1500m, the complex bathymetry of the region 
means that deep water exchange with the larger adjacent basins of the Tasman Sea 
and the open Pacific Ocean is restricted and a variety of water masses and circulation 
pathways are relevant (Fig 2.2D). The modern regional deep water circulation 
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 The subtropical southwest Pacific is not generally an area characterized by 
substantial upwelling of subsurface water-masses. However, the orientation of the 
trade south-easterly trade winds along the axis of the New Caledonia Island and the 
barrier reef drives a narrow band (~10km wide) of upwelling along the reef front 
[Alory et al., 2006; Henin and Cresswell, 2005]. The upwelled water is from ~100m 
depth and leads to cool SST anomalies of the order of several ºC and positive salinity 
anomalies of the order of 0.1 near to the reef front. However, the effect of the coastal 
upwelling is spatially limited to a few tens of kilometres from the reef front and 
temporally limited to time-scales of days. It does not, therefore, have a significant 
impact on modern seasonal or mean-annual SST values at the core-site of MD06-
3018 [Alory et al., 2006; Henin and Cresswell, 2005].  
  
2.4 Modern climatology 
 
New Caledonia lies across the Tropic of Capricorn and is as such considered 
to have a ‘tropical’ climate. It is affected by the Australasian Monsoon system, 
leading to more intense precipitation during the austral summer and experiences 
some typhoon activity during the later part of that season. The dominant wind system 
is the south-easterly trade winds with infrequent westerlies, associated with the low-
pressure systems and cyclones. World Ocean Atlas (WOA) 2005 SST values, at 0m 
depth, for the 1º by 1º grid encompassing the MD06-3018 core-site range from 
winter (JAS) values of 22.2ºC to summer (JFM) values of 26.0ºC [Locarnini et al., 
2006]. The seasonally averaged SST cycle is thus ~4ºC, but the maximum monthly 
range is ~6ºC. Precipitation over New Caledonia ranges from ~50mm/month during 
the late winter and early spring to >140mm/month in the summer rainy season. The 
mean-annual open ocean surface salinity in the central NCT is 35.4 (Fig 2.3), with 
seasonal fluctuations driven by precipitation changes of the order of ~0.2 [Delcroix 




  Chapter 2 
 41 
Both SST and the hydrological cycle in the New Caledonia region also show 
significant inter-annual variability, related principally to the ENSO phenomenon. In 
the case of the hydrological cycle, inter-annual precipitation anomalies can be 50% 
of the long-term mean-annual values and are highly significant against the seasonal 
precipitation cycle, with the El Niño (La Niña) state characterized by dry (wet) 
conditions [Nicet and Delcroix, 2000].  These fluctuations are driven primarily by 
the intensity and position of the atmospheric South Pacific Convergence Zone 
(SPCZ). The SPCZ is the NW-SE trending band of low-level convergence and high 
convection in the southern Pacific. In the modern regime it lies generally to the east 
of New Caledonia but during El Niño (La Niña) events migrates north-eastward 
(south-westward) [Gouriou and Delcroix, 2002]. Compared to the hydrological cycle 
fluctuations, SST variability in the southwest subtropical Pacific arising from ENSO 
is relatively low in amplitude compared to the seasonal variations. El Niño (La Niña) 
events correspond to regionally cool (warm) SST values [Gouriou and Delcroix, 
2002], but these anomalies are generally <1ºC. The ENSO SST anomalies are, 
however, strengthened in the coastal zone adjacent to the New Caledonia Island, as 
the orientation of winds during an El Niño event becomes closer to that of the barrier 
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2.5 History of ocean drilling in the region 
 
The subtropical southwest Pacific is a relatively poorly sampled region in 
terms of paleoceanographic studies. DSDP Leg 90 in 1986 took several sediment 
cores from the Lord Howe Rise (sites 588 - 592). Four Ocean Drilling Program 
(ODP) legs have subsequently occurred within the region, namely Leg 133 (1993) on 
the northeast Australian margin, Leg 134 (1993) around the New Hebrides Arc, Leg 
189 (2000) in the Tasmanian gateway and Leg 194 (2002) on the GBR. However, 
none of these legs has sampled the NCT and most of the scientific work has focused 
on the older Neogene sediments, often with a view to better understanding the 
history of coral reef development in the region and/or the basement structure.  
 
A special issue of the journal Palaeogeography, Palaeoclimatolgy, 
Palaeoecology in 1997 presented a wide range of paleoceanographic articles on the 
region, many of which are based in part or entirely on the DSDP Leg 90 or ODP Leg 
133/134 material and many of which are cited during this thesis. However, few of 
these studies comprise down-core geochemical proxy records spanning the 
Pleistocene and none do so at sub-orbital temporal resolution. More recently, 
analysis of a suite of RV Franklin cores from the Australian margin have allowed 
analysis of middle/late Pleistocene patterns of down-slope sediment transport from 
the Great Barrier Reef [Dunbar and Dickens, 2003]. These same cores, which have 
very high sedimentation rates, have also been used to reconstruct aspects of the 
surface, mode and intermediate water circulation regimes at millenial resolution over 
the last glacial termination [Bostock et al., 2004; 2006]. Several RV Marion 
Dufresne giant piston cores, retrieved as part of various programmes, have also now 
been collected from the central part of the region, where sedimentation rates are 
generally lower. These include MD97-2125, from which multi-proxy geochemical 
records for the NCT over the past ~360ka are presented in Tachikawa et al. [2009] 
and MD06-3018, which spans a much longer interval and is the focus of the present 
thesis. These giant piston cores provide the first opportunity to develop continuous, 
sub-orbital resolution, down-core proxy reconstructions of Pleistocene 
paleoceanography from the region. 
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2.6 Core description and sampling 
 
Sediment core MD06-3018 is 24.5m long and composed almost entirely of 
foraminifera-rich calcareous ooze.  The core was divided into 18 sections on board 
the vessel (referred to as I – XVIII), which are generally 150cm each in length, 
except in the cases of sections I (20cm), II (130cm) and XVIII (95cm). The trigger 
core from the Calypso giant piston coring device was not available for the present 
study. All observations and sampling were performed on the work halves of each 
core section; the archive sections are stored at the Institut de Recherche pour le 
Développement (IRD), Bondy-CEDEX, Paris. Prior to the main core sampling phase, 
u-channels were removed from the centre of the working sections for magnetic 
analysis, as described in chapter 3, §5.2. 
 
The working sections were sampled at 1cm resolution throughout the core, 
with half of the available material being sampled in each case. This strategy was 
pursued as it yielded more than adequate numbers of foraminifera for all aspects of 
the work and allowed the remaining material to be left in case of the need for re-
sampling from the work section. The resultant sediment samples, which were of 10-
15 cm
3 
volume, were stored in sealed plastic bags in a cool room. Around 10% of 
these samples were then prepared for the selection of foraminifera and subsequent 
geochemical analysis. The sampling strategy used was for one sample per 10cm to be 
prepared in the first instance. Higher sampling resolutions were used for certain 
intervals, for example over the upper 400cm of the core. Additional samples were 
also taken adjacent to internal voids in the core, to allow evaluation of whether the 
isotope stratigraphies used in the development of the core age-model (chapter 3, §7) 
were continuous over these breaks. Much higher resolutions (every 2-5cm) were also 
used over three glacial terminations, as is discussed in chapter 4. In total samples 
from 474 depth intervals were analyzed and the full list of sampling depths is given 
in appendices 4 and 6. These samples were dried in an oven at 45ºC overnight and 
wet-sieved through a 150µm sieve. The >150µm size fraction was again dried in an 
oven at 45ºC prior to transfer into clean plastic sample vials.  
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2.7 Core photographs 
 
Digital photograph images of the core sections were taken using a standard 
personal camera in the laboratory during the sampling process. These images, given 
as Figure 2.4 and ignoring the artefacts arising from both the sampling and the 
photographic methods used, serve to demonstrate the relatively uniform nature of the 
sediment material present throughout the core. 
 
2.8 Composite core depth scale 
 
The original, working depth scale for the core (termed “Raw” in appendices 4 
and 6) was derived from the simple addition of the total lengths of the core-section 
tubes. However, three sections of the core possessed internal voids. These are section 
VII with a 15cm void, section IX with a 10cm void and section XI with a 5cm void 
(Fig 2.4). Furthermore, sections VIII and XIII were also shorter than the 150cm core 
tube by 5-10cm. None of these gaps show visual evidence of erosional 
unconformities, such as changes in either grain size or sediment colour, and they are 
therefore ‘closed up’ in the creation of the ‘core composite depth’ scale, termed 
“CCD” in appendices 4 and 6. This approach is validated by the extremely close 
match up of the geochemical measurements on either side of each void, as seen when 
plotted on the core composite depth scale in appendix 5. Hereafter, all down-core 
















Figure 2.4 Core photographs of sections I – IX. Fine dark lines every 10cm are 
an artefact from core sampling. Each photograph is a composite of three images, 
stitched together electronically, leading to some colour artefacts. The bold black lines 
show the extent of the voids in the core, as labelled for the example in section VII.  
There are internal voids in sections VII and IX and a void at the end of section VIII. 
The grey colours of these sections arises from the presence of the polypropylene 










Figure 2.4 continued Core photographs of sections X – XVIII. There are internal 
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2.9 Core sedimentology 
 
 Estimates of dry and wet bulk sediment density were made at nine, evenly 
spaced, down-core intervals using both oven and freeze drying methods. The mean 
and one standard deviation range (1σ) of the wet bulk sediment densities was         
1.3 ± 1σ=0.2 g/cm
3
 and for the dry bulk densities it was 0.8 ± 1σ=0.2 g/cm
3
. Neither 
measurement showed any systematic variation with depth in core or with drying 
method. The relatively large spread in values for both measurements is attributed 
principally to the fact that sample volumes were not measured separately for each 
sample and the assumption of a single volume for all samples leads to a significant 
volumetric uncertainty. 
 
The material in the >150µm fraction is dominated by planktic foraminifera of 
a characteristically tropical/subtropical assemblage (appendix 7 gives faunal counts 
at selected depth intervals). For the uppermost 350cm of the core and the interval 
740-855cm composite core depth, detrital terrigenous material, principally in the 
form of carbonate fragments (coral/algal/bivalve material), but also as silicate 
mineral material (principally in the form of volcanic glass), is also present, although 
planktic foraminifera remain the dominate constituent. These layers also contain well 
preserved, characteristically shallow water, benthic foraminifera, such as Elphidium 
crispum, which are not present in the rest of the core. The layer at 740-855cm also 
shows pronounced visual evidence of vertical disturbance, as can be seen in section 
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2.10 Indices of carbonate preservation 
 
The modern regional lysocline depth in the NCT has been estimated to be at 
~3100m water depth [Martinez, 1994].  Thus, the MD06-3018 core site at 2470m is 
~700m shallower than the lysocline, which in turn lies above the sedimentary 
manifestation of carbonate dissolution, the Carbonate Compensation Depth.  
However, the position of the core site in relation to the Carbonate Compensation 
Depth may have varied back through time. In order to directly assess the state of 
carbonate preservation within the core, scanning electron microscope images of 
foraminifera from the core-top were examined, as were two quantitative down-core 
indices of carbonate preservation; namely, planktonic foraminiferal shell weights and 
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2.10.1 Scanning electron microscope images 
 
Scanning electron microscope images of the planktic foraminiferal taxa 
Globigerinoides ruber (white) and the benthic taxa Cibicides wuellerstorfi from the 
MD06-3018 core-top were taken to visually examine the quality of carbonate 
preservation in the core.  In all instances, there is no clear evidence of substantial 
dissolution, although un-cleaned samples of G. ruber show significant numbers of 
coccolith fragments adhering to the surface as can be seen in the higher resolution 


























Figure 2.5 Scanning electron microscope images of specimens of G. ruber 
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2.10.2 Planktonic foraminifera shell weights  
 
Specimens of G. ruber were picked from the 250-315µm size fraction from 
sixteen selected down-core depth intervals, corresponding to both glacial and 
interglacial stages.  For each sample, n≥10 individuals were weighed and the mean 
and 1σ values calculated (Table 2.1). No systematic down-core trend is present in the 
data. Glacial stage values are slightly heavier on average than the interglacial stage 
ones, suggesting a slight improvement in preservation during glacial stages, but this 





Interglacial (I) / 
glacial (G) stage 
Mean weight 
(µg) 1σ (µg) 
20 I 11.2 2.9 
80 G 12.9 3.4 
485 I 9.3 1.4 
575 G 9.3 2.6 
740 I 10.9 3.0 
760 G 12.6 3.1 
985 I 10.1 1.9 
1025 G 13.1 5.5 
1354 I 12.7 2.8 
1384 G 11.1 3.8 
1664 I 15.7 3.9 
1684 G 15.0 3.3 
2118 I 13.5 3.6 
2148 G 11.7 3.0 
2368 I 11.4 3.3 
2408 G 14.5 4.5 
 Mean glacial 12.7 1.8 
 Mean interglacial 11.8 1.9 
 
 
Table 2.1 G. ruber shell weights for selected core, selected so as to correspond 
to various glacial and interglacial stages, pre-assuming the core age-model as defined 







  Chapter 2 
 51 
2.10.3 Sediment bulk weight% CaCO3 
 
Bulk weight% CaCO3 was measured directly on 86 down-core samples using 
a UC Instruments CO2 coulometer. Measurements of a carbonate reference material 
during each run indicated that the precision of the method is better than 5 weight%. 
Values do not show systematic down-core variability and always lie in the range 60-




Figure 2.6 A) Down-core plot of bulk weight% CaCO3 based on both coulometer 
measurements and values calculated from a colour index based model.                           
B) Correlation plot of bulk weight% CaCO3 values based on the two methods. Data 
is given at the coulometric data points and where a lightness index value was not 
available for that 1cm interval, a linearly interpolated value between the adjoining 
measurements was used. A linear regression trend-line (constrained to pass through 
the origin); its equation and correlation coefficient are also shown.  
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 In order to provide a more continuous estimate of down-core bulk weight% 
CaCO3 a complementary approach based on the extraction of a digital %lightness 
index at 5cm resolution from greyscale versions of the core photographs was also 
used. This lightness index was calibrated linearly to coulometric bulk weight% 
CaCO3 over the upper 200cm of the core and the index was then extrapolated down-
core (Fig 2.6A). Adjustments were made at core section boundaries to prevent 
discontinuities in photograph conditions (Fig 2.4) from affecting the index.  
 
Whilst the lightness index method is prone to significant errors, an x-y 
correlation plot (Fig 2.6B) of the two methods at the coulometric data points (where 
a lightness index value was not available for that 1cm interval, a linearly interpolated 
value between the adjoining measurements was used) shows a reasonable correlation 
between the two methods (a correlation coefficient value of r
2
=0.3 for a linear trend 
passing through the origin). Most importantly, the replication of the low coulometer 
bulk weight% CaCO3 values at 2120-2130cm core depth in the lightness index 
suggests that the coulometer measurements do record the entire range of bulk 
weight% CaCO3 values present in the core and that there are not any intervals with 



















 MD06-3018 shows no evidence of erosional hiatuses or any significant 
changes in sediment colour across its 24.5m length. Even in the layers showing 
evidence of significant down-slope transport of material, planktonic foraminifera 
continue to form the main component of the >150µm size fraction. This suggests that 
pelagic sedimentation has always been the dominant source of material to the core 
site. However, during the intervals 0-350cm and 740-855cm composite core depth 
there is detectable evidence of a secondary influence from down-slope transport of 
material from the adjacent island and reef system. The bulk weight% CaCO3 
measurements (Fig 2.6A) do not show significant excursions over these intervals, 
presumably because much of the down-slope material is also of carbonate 
mineralogy. Two lines of evidence are used to justify the choice made in the 
subsequent age-model development (chapter 3, §7) to effectively remove the material 
in the section 740-855cm from the core age-model (i.e. to treat the sedimentation rate 
during this interval as being near infinite) but to retain the material in the section     
0-350cm.  
 
• The 740-855cm interval shows clear visual evidence of liquefaction and 
disturbance of the sediment, which is not seen for 0-350cm (Fig 2.4). 
 
• The paleomagnetic inclination record for the core (Fig 3.3) shows a 
pronounced disturbance at the 740-855cm interval, indicating a ‘twist’ in the 
core and certainly an interval of interrupted sedimentation. No such 
variability is seen for the 0-350cm interval. 
 
It seems likely, therefore, that the interval 740-855cm represents a down-
slope slump, or possibly turbidite, deposit which led to both a much greater apparent 
sedimentation rate and significant vertical mixing over this interval. In contrast, the 
upper 350cm of the core shows a persistent, but much smaller, degree of down-slope 
transport, which evidently did not have the effect of compromising the isotope 
stratigraphy.  
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The foraminiferal shell weights, SEM images and bulk weight% CaCO3 
measurements all support the conclusion that carbonate preservation throughout the 
core is very good. The one exception may be during the interval 2120-2130cm where 
the core becomes darker in colour (visible ~65cm from the top of section XVI on Fig 
2.4) and measured weight% CaCO3 drops to ~40% (Fig 2.6A). This interval does not 
correlate with any inferred increase in down-slope transport and may represent a 
short carbonate dissolution event. However, neither the planktic and benthic stable 
isotope records, nor the trace-metal records show any perturbation in values beyond 
the glacial/interglacial rhythm over this interval (shown as the yellow bar on 
appendix 5), suggesting that if a dissolution event was indeed present, then it did not 





 This chapter has shown that core MD06-3018 provides an excellent 
sedimentary archive for proxies of palaeoceanographic change at 23ºS in the 
southern Coral Sea. The sedimentary mode at the core location, whilst not purely 
pelagic, is always dominated by the pelagic component. The secondary contribution 
from down-slope transport is temporally variable, generally decreases in importance 
down-core and does not compromise the core stratigraphy, except during one 
interval, which is interpreted as a slump deposit. Carbonate preservation within the 
core is also generally excellent and does not vary as a function of depth, meaning 
that the geochemical signatures housed within the core have the potential to provide 
reliable palaeoceanographic proxies. Now that the viability of the core as an archive 
of well preserved pelagic carbonate materials has been established, the following 
chapters will introduce a series of geochemical paleoceanographic reconstructions 
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Chapter 3: Subtropical southwest Pacific deep 
































The modern δ13CDIC distribution in subtropical southwest Pacific deep waters is 
consistent with a regional mixing regime between water masses of open Pacific 
Ocean and Tasman Sea origin. This mixing regime is reconstructed across the 
period of the Mid-Pleistocene Transition using a record of benthic foraminiferal 
δ13C from sediment core MD06-3018 in the New Caledonia Trough. The relative 
influence on the mixing regime from open Pacific Ocean deep waters is seen to be 
significantly reduced during glacial in comparison to interglacial stages over the 
past 1100ka. The spatial δ13C gradient in the Southern Ocean between deep waters 
entering the Tasman Sea and the open Pacific Ocean is shown to be consequently 
greater during glacial than interglacial stages but was generally reduced across the 
Mid-Pleistocene Transition. 
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This chapter presents the benthic stable isotope records from MD06-3018. 
The δ18O record is used, in conjunction with magnetic- and bio-stratigraphy, to 
define the core age-model which is then used throughout the remainder of the thesis. 
The δ13C record is used to reconstruct aspects of deep water circulation in the NCT 
on both orbital and >100kyr time-scales. The work presented in this chapter is based 
closely on the following paper, which was published in 2009 with Paleoceanography 
and is included in its published form within the electronic version of thesis. 
 
Russon, T., M. Elliot, C. Kissel, G. Cabioch, P. De Deckker, and T. Corrège (2009), 
Middle-Late Pleistocene Deep Water Circulation in the Southwest Subtropical 
Pacific, Paleoceanography, 24, PA4205. Copyright (2009) - American Geophysical 
Union. 
 
All the lab-work, data analysis, interpretation and paper writing were the 
work of the author, except for the majority of the paleomagnetic lab-work and post-
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3.2  Introduction 
 
The majority of the inorganic carbon in the ocean/atmosphere system resides 
in the deep waters of the global ocean. The modern residency time for these waters is 
of the order of 100-1000yrs, meaning that changes in deep water circulation have the 
potential to play a key role in driving and propagating climatic change on centennial, 
millenial [Elliot et al., 2002; Pahnke and Zahn, 2005] and orbital timescales [Charles 
and Fairbanks, 1992; Archer et al., 2000; Piotrowski et al., 2005]. On the >100kyr 
timescale, changes in the mean state of regional and global deep water circulation 
regimes both contribute to and are diagnostic of different states in the evolution of 
Plio-Pleistocene climate [Raymo et al., 1997]. 
 
Past deep water circulation patterns may be reconstructed using proxy 
measurements of chemical properties characteristic of certain water masses. One 
such proxy is measurements of δ13Cbenthic which, in certain taxa at least, reflects the 
isotopic composition of Dissolved Inorganic Carbon (δ13CDIC) in the overlying water 
mass. The δ13CDIC of deep water depends on the chemistry of the source region for 
that water mass and δ13Cbenthic measurements can therefore potentially be used to 
reconstruct past water mass distributions. However, deep water δ13CDIC is also 
affected by whole ocean chemistry changes on a range of timescales. On Pleistocene 
glacial/interglacial timescales, fluctuations in the terrestrial biomass lead to mean 
ocean δ13CDIC changes [Shackleton, 1977; Crowley, 1995]. During the MPT, global 
mean ocean δ13CDIC shows a ~500kyr perturbation on the >100kyr time-scale 
towards more negative values [Raymo et al., 1997].  
 
The deep open Pacific Ocean is the largest reservoir of DIC on the planet and 
Pleistocene records of deep equatorial Pacific δ13Cbenthic show the lowest amplitude 
of glacial/interglacial variability of any major ocean basin [Raymo et al., 1997], with 
values close to estimates of the mean ocean glacial/interglacial δ13CDIC change 
[Crowley, 1995]. In the modern open Pacific circulation regime, all deep water 
masses originate from the Southern Ocean, as there is no ventilation of deep waters 
anywhere in the Pacific itself. However, reconstructions of Pacific-wide δ13CDIC 
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distributions at the Last Glacial Maximum (LGM) suggest that a very different 
circulation regime may have been active, possibly involving the ventilation of deep 
waters in the North Pacific [Curry et al., 1988; Keigwin, 1998] and/or radical 
changes in Southern Ocean deep water formation and circulation [Michel et al., 
1995; Ninnemann and Charles, 2002; Hodell et al., 2003]. In the modern Southern 
Ocean, the Antarctic Circumpolar Current effectively homogenizes deep waters 
down to the sea floor, but at the LGM reconstructions suggest that enhanced vertical 
δ13CDIC gradients existed in the region [Hodell et al., 2003]. Such an increase in the 
stratification of the deep Southern Ocean is potentially an important mechanism in 
lowering glacial stage pCO2 [Toggweiler, 1999; Sigman and Boyle, 2000; Hodell et 
al., 2003].  
 
The subtropical southwest Pacific is a bathymetrically complex region, 
bounded to the north and east by the basins of the open Pacific and to the south and 
west by that of the Tasman Sea, which opens in turn into the Southern Ocean. In the 
modern deep water circulation regime, water masses from the Central Pacific Basin, 
Tasman Sea and Southwest Pacific Basin all enter the subtropical southwest Pacific 
region (Fig 3.1) leading to a deep water mixing regime sensitive to the chemistry of 
both open Pacific Ocean and Tasman Sea deep waters [Wyrtki, 1961; Warren et al., 
1994; Tsimplis et al., 1998]. This chapter evaluates how the subtropical southwest 
Pacific deep water mixing regime has evolved across much of the Pleistocene, 
specifically whether it is variable between glacial and interglacial stages and whether 
it persists across the shift in dominant glacial/interglacial climatic mode that occurred 
during the MPT. In order to do this, it is first demonstrated that the modern δ13CDIC 
chemistry of regional deep waters is consistent with the modern mixing regime. The 
δ13Cbenthic record from MD06-3018, at 2470m depth in the NCT, in comparison with 
other regional records, is then used to reconstruct the relative influences of open 
Pacific Ocean and Tasman Sea deep waters on the mixing regime. Finally, 
reconstruction of the mixing regime allows constraints to be placed on past deep 
water chemical gradients between the different regions of the Southern Ocean from 
which the Tasman Sea and open Pacific Ocean deep waters originate. 
 






Figure 3.1 Left panel: Map of the Pacific Ocean region with core locations 
mentioned in text. Details of core locations are given in Table 3.2. Right panel: 
Simplified bathymetric map of the subtropical southwest Pacific region with the 
location of cores MD06-3018, ODP 1123 and ODP 806B.  Bathymetry from WOCE 
Ocean Atlas [WOCE, 2002; Talley, 2007] viewed in ODV software [Schlitzer, 2007]. 
Arrows indicate dominant directions of bottom water flow, adapted from [Sokolov 
and Rintoul, 2000]. Lettered arrows refer to flow paths described in text. 
Abbreviations not given in Figure 2.1 are as follows: SFB = South Fiji Basin, CS= 
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3.3 Modern deep water circulation and mixing in the subtropical 
southwest Pacific  
 
The Southern Ocean is the ultimate source of all modern deep waters in both 
the open Pacific Ocean and the Tasman Sea. These deep waters enter the basins of 
the open Pacific principally via the Deep Western Boundary Current (DWBC) in the 
Southwest Pacific Basin [Whitworth et al., 1999] (Fig 3.1). The deep water entering 
both the Pacific DWBC and the southern Tasman Sea consists of Lower Circumpolar 
Deep water (LCDW) overlain by Upper Circumpolar Deep Water (UCDW). LCDW 
is characterized by salinities of 34.71–34.73 and dissolved oxygen concentrations of 
~200µmol/kg. It may be subdivided into upper LCDW (uLCDW), characterized by a 
salinity maximum related to the presence of relict North Atlantic Deep Water 
[Gordon, 1975; Warren, 1981; Wijffels et al., 2001] and lower LCDW (lLCDW) 
which consists of Southern Ocean origin deep and bottom-waters [Rintoul, 1998]. 
The northward flow of LCDW is kept balanced on a Pacific-wide scale by the net 
southward return flow at depths of 1500-3000m of chemically aged North Pacific 
Deep Water (NPDW), which is characterized by salinities of 34.65-34.66 and much 
lower dissolved oxygen concentrations of <150µmol/kg [Reid, 1997]. UCDW has 
similar properties to NPDW as it consists of re-circulated NPDW and Indian Ocean 
deep waters that have been entrained into the DWBC [Gordon, 1975; McCave et al., 
2008]. 
 
Deep waters below ~2000m in the NCT are net-southward flowing and enter 
from the New Hebrides Basin [Wyrtki, 1961; Reid, 1997; Tsimplis et al., 1998] (Fig 
3.1). They are characterized at 2500m depth by salinities of ~34.68 and dissolved 
oxygen concentrations of ~160µmol/kg (as represented by station P06-215 on Fig 
3.2C). The dominant modern deep water inflow to the New Hebrides Basin is from 
the Central Pacific Basin (arrow A, Fig 3.1) to which it is open down to depths of 
3000m [Sokolov and Rintoul, 2000; Wijffels et al., 2001]. Central Pacific Basin Deep 
Water (CPBDW) in the depth range 2000-3000m is characterized by salinities of 
34.65-34.66 and dissolved oxygen concentrations of 130-140µmol/kg, consistent 
with a UCDW/NPDW origin (Fig 3.2C). The NCT deep water properties are, 
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however, too chemically ‘young’ (i.e. relatively enriched in dissolved oxygen) and 
too saline to be explained purely from an open Pacific Ocean source. Instead, NCT 
deep waters represent the product of a mixing regime between deep waters from the 
open Pacific Ocean and those from the Tasman Sea (arrow B, Fig 3.1), as first 
described by Wyrtki [1961].  
 
The Tasman Sea inflow to the subtropical southwest Pacific occurs over a sill 
depth at 2850m into the Coral Sea [Wijffels et al., 2001] and is poorly constrained 
volumetrically, having been estimated as both 0.05Sv [Wyrtki, 1961] and 3.0Sv 
[Sokolov and Rintoul, 2000]. The contact between UCDW/NPDW and uLCDW is 
substantially shallower in the Tasman Sea than in the DWBC region (Fig 3.2C). This 
means that the deep waters entering the subtropical southwest Pacific from the 
Tasman Sea at ~2500m depth lie close to the core of the Tasman Sea uLCDW, with 
salinities of ~34.72 dissolved oxygen concentrations of ~180µmol/kg (as seen at 
station P06-234 on Fig 3.2C). The influence of the chemically younger and more 
saline Tasman Sea deep water is seen to decline eastwards across the subtropical 
southwest Pacific region but remains detectable in the New Hebrides Basin and the 
NCT [Wyrtki, 1961]. Following this early work by Wyrtki, subsequent conservative 
tracer measurements, taken as part of the SCORPIO and WOCE projects [Warren, 
1973; Tsimplis et al., 1998; Sokolov and Rintoul, 2000; Wijffels et al., 2001], have 
not changed this basic picture although the South Fiji Basin has been shown to 
receive a small (~0.2Sv) inflow (arrow C on Fig 3.1) of DWBC water directly from 















Figure 3.2 A) Dissolved [O2] section across the subtropical southwest Pacific 
region along WOCE P06W section line. The longitudinal positions and water depths 
of MD06-3018 and ODP 1123 are shown although both core sites are off the section 
line. B) Location of WOCE P06W section line (bold line) and WOCE stations (white 
stars) referred to in the text in relation to the dominant deep water pathways. C) 
Dissolved [O2] (solid black lines), salinity (solid grey lines) and δ
13CDIC (dotted 
lines) profiles from the Tasman Sea (Station P06-234), NCT (station P06-215) and 
the Southwest Pacific Basin (station P06-168). The main intermediate and deep 
water masses as seen in [O2] and salinity are highlighted. D) Scatter plot and mixing 
line plot of salinity against δ13CDIC at 2500±100m depth for WOCE P06W, P14S and 
P15S stations with available δ13CDIC measurements. The line represents a two end-
member mixing regime of Central Pacific Basin and Tasman Sea water. CTD and 
bottle data from the WOCE Pacific Ocean Atlas [McTaggart et al., 1994; McTaggart 
and Johnson, 1997; Tsimplis et al., 1998; Johnson et al., 2001; Wijffels et al., 2001; 
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3.4 Modern deep water mass δ13CDIC in the subtropical southwest 
Pacific  
 
Deep water masses may potentially be characterized by their δ13CDIC 
signatures due to variations in the isotopic composition of the source regions for the 
deep waters and the general inverse relationship between δ13CDIC and nutrient 
concentrations [Kroopnick, 1985; Duplessy et al., 1988; Charles and Fairbanks, 
1992]. Comparison of modern δ13CDIC, dissolved oxygen and salinity measurements 
from WOCE stations in the subtropical southwest Pacific region demonstrates that 
the same deep water masses definable on the basis of the conservative tracers are 
also visible in the corresponding δ13CDIC profiles (Fig 3.2C).  
 
Modern δ13CDIC values at 2500m depth in the NCT (represented by station 
P06-215) are 0.25‰, with an analytical uncertainty of ±0.03‰. These are similar to 
the values of 0.23‰ seen at the same depth and latitude in the Southwest Pacific 
Basin (station P06-168). The direct deep water inflow from the Southwest Pacific 
Basin into the subtropical southwest Pacific (arrow C, Fig 3.1) cannot account for 
this similarity as it occurs over a sill depth shallower than 2500m [Warren et al., 
1994]. Instead, the dominant inflow from the open Pacific occurs through the Central 
Pacific Basin (arrow A, Fig 3.1). Deep water at 2500m depth in the Southwest 
Pacific and Central Pacific Basins becomes progressively lighter in δ13CDIC towards 
the equator due principally to the increasing relative influence of NPDW over 
UCDW (Fig 3.2D). The values of 0.12‰ seen in CPBDW (station P14-165) are 
significantly lighter than those seen in the NCT. Thus, as with the conservative 
tracers, the NCT δ13CDIC values cannot be explained from a purely open Pacific deep 
water source. The positive NCT deep water δ13CDIC values do not arise from vertical 
mixing with AAIW (δ13CDIC ~1‰) as there is no evidence for downward penetration 
of the AAIW salinity minima to depths of 2500m at Station P06-215. However, 
modern δ13CDIC values in northern Tasman Sea deep waters at 2500m (uLCDW) are 
0.42‰ (station P06-234), sufficiently positive to provide a viable second end-
member to the deep water mixing regime. 
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The regional mixing relationship derived from the δ13CDIC values along the 
isopycnal corresponding to water at 2500m depth in the NCT is consistent with that 
seen for the corresponding salinities (Fig 3.2D). This suggests that proxy records of 
past deep water δ13CDIC may be used as a pseudo-conservative tracer to reconstruct 
the regional mixing regime. Using this simple linear model, modern NCT deep 
waters are seen to be a roughly 2:1 admixture of Central Pacific Basin 




3.5.1 Benthic foraminiferal stable isotope measurements  
 
Mono-specific samples of the epibenthic foraminifera Cibicides wuellerstorfi 
(3-6 individuals from the >315 µm size fraction) were picked under the microscope 
and subsequently cleaned for 10s in an ultrasonic bath with methanol. Samples were 
analyzed with a Thermo Electron Delta+ Mass Spectrometer with Kiel Preparation 
Device in the School of GeoSciences, University of Edinburgh for δ18O and δ13C. 
Long term accuracy (two standard deviations of standard measurements made 
against an internal standard calibrated to NBS19) of the device over May 2006 to 
October 2008 was 2σa = 0.18‰ for δ
18O and 0.16‰ for δ13C. The term 2σa provides 
a measure of the analytical uncertainty. Replicate analyses (3<n<6) were performed 
at six intervals down-core, and the short-term measurement reproducibility was 
always better than 2σr = 0.26‰ for δ
18O and 2σr = 0.32‰ for δ
13C. The term 2σr 
provides a measure of the sample reproducibility uncertainty. C. wuellerstorfi δ18O 
values are corrected by the standard +0.64‰ to account for disequilibrium with the 
surrounding seawater [Shackleton and Opdyke, 1973].  The underlying principles and 
limitations of the δ18O and δ13C proxy systems are discussed in appendix 1, §1 and 
§2 respectively. Full details of the stable isotope sample preparation and analysis 
methodology may be found in appendix 3. The full down-core data-sets used in this 
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3.5.2   Magnetic measurements 
 
Measurements of natural remnant magnetization were made on u-channel 
samples taken in the central part of the half core. The measurements were performed 
in the shielded room at the Laboratoire des Sciences du Climat et de 
l’Environnement using the 2G-pass-through cryogenic magnetometer equipped with 
high resolution coils. Measurements were taken every 2cm with a resolution of 4cm 
inducing a slight smoothing of the signal. The data from the extreme 3cm at the ends 
of each core section are not presented due to edge-effects. The natural remnant 
magnetization was stepwise demagnetized at 5, 10, 15, 20, 25, 30, 35, 40, 45, 50, 60 
and 80 mT. The Characteristic Remnant Magnetization (ChRM) was then determined 
using principal component analysis [Mazaud, 2005]. Nine steps out of thirteen have 
been taken into account to define the ChRM with mean angular deviations ranging 
between 5° and 10° (a few horizons reach 20°).  
 
3.6 Results  
 
3.6.1  Benthic foraminiferal stable isotopes measurements 
 
The δ18Obenthic record (Fig 3.3A) shows a succession of well-defined cycles on 
the 50-250cm scale with average amplitude of 1.2‰ in the section 0-1100cm and 
amplitudes in the range 0.5-0.7‰ below 1100cm. The running mean value (250cm 
linear smoothing using a box-car method) of δ18Obenthic is in the range 4.15±0.15‰ 
across the length of the record. The δ13Cbenthic record (Fig 3.3B) shows variability on 
the 50-250cm scale with average amplitude of 0.8‰ in the section 0-1250cm and 
average amplitude of 0.5‰ below 1250cm. The running mean value (250cm linear 
smoothing using a box-car method) of δ13Cbenthic is in the range 0.25±0.15‰ across 
the sections 0-1250cm and 1800-2450cm but undergoes a negative perturbation 








Figure 3.3 Plot of A) δ18Obenthic, (grey line is 250cm linear smoothed mean 
value), B) δ13Cbenthic (grey line is 250cm linear smoothed mean value) and C) 
Principal Component of ChRM Inclination from MD06-3018 against depth. The 
position of identified magnetic reversals and events are highlighted with light grey 
boxes representing periods of normal polarity. The dark grey box at 755-840cm 
depth highlights a period of disturbed sedimentation.  
 
 
3.6.2 Magnetic measurements 
 
The ChRM Inclination record (Fig 3.3C) shows a series of reversals between 
positive (reversed polarity) and negative (normal polarity) inclination. The section 
between the core-top and 1500cm has consistently negative inclination and 
corresponds to the Bruhnes Chron followed by a period of overall positive 
inclination corresponding to the Matuyama Chron. Within the Matuyama Chron, the 
beginning and end of the Jaramillo reversal and the mid-point of the shorter Cobb 
Mountain reversal are identified.1  
 
                                                 
1 The magnetic chronology used is that of Cande and Kent [1995], as based upon the ODP Site 677 
and DSDP Site 607 records of Shackleton et al. [1990]. Other events in the MD06-3018 record may 
be related to events shown in the ODP 980-984 stratigraphies [Laj and Channell, 2007]. 
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3.7 MD06-3018 age-model  
 
An age-model for MD06-3018 was developed based on both the magnetic 
stratigraphy (Fig 3.3C) and tuning of the δ18Obenthic record to the LR04 stack [Lisiecki 
and Raymo, 2005] (Fig 3.4A) using the Analyseries software package [Paillard et 
al., 1996]. The consistently greater amplitude of glacial/interglacial δ18Obenthic 
variability seen in the LR04 record, relative to MD06-3018, is attributable to the 
different temporal resolutions of the two records. The orbital age-model yields 
average sedimentation rates of 25mm/ka in the supper 750cm of the core and 
15mm/ka in the section below this. Comparison of the orbital age-model with the 
magnetic tie-points shows consistency to within ±10kyr, which is less than one 
quarter of an obliquity cycle, at the depth of each magnetic reversal (Fig 3.4B, Table 
3.1). An additional tie-point at 280cm based on the disappearance of Globigerinoides 
ruber (pink) from the Pacific at 120ka [Thompson et al., 1979] is also in close 
agreement with the orbital model.  
 
As discussed in chapter 2, the interval 740-855cm shows signs of enhanced 
vertical mixing in the physical properties of the core, the presence of shallow-water 
benthic foraminifera taxa, perturbations to the ChRM Inclination record and a lack of 
reproducibility in the δ18Obenthic measurements (Fig 3.3). The data from this interval 
is likely to be significantly contaminated with down-slope signals and is excluded 
from the development of the core age-model as shown in Figure 3.4. The core 
section below 2230cm also shows high variability in the ChRM Inclination record 
not associable with any known magnetic event but without additional accompanying 
evidence of sediment disturbance, leading to a reduction in age-model confidence 
below 2230cm (1360ka). The benthic stable isotope sampling resolution based on the 
core age-model is ~5kyr and each 1cm sample thickness represents time-averaging of 
450-600yrs. When plotted against the core age-model the δ18Obenthic data (Fig 3.5A) 
allows the identification of Marine Isotope Stages (MIS)2 as far back as MIS 51, with 
the core bottom being at 1550ka. 
                                                 
2 The term Marine Isotope Stage refers to the maxima (glacial stages, denoted by even MIS numbers) 
and minima (interglacial stages, denoted by odd MIS numbers) in the δ18O stratigraphy. The 
numbering convention used here follows that of Lisieki and Raymo, 2005. 





Figure 3.4 A) Comparison of δ18Obenthic from LR04 and MD06-3018 used in 
development of tuned age-model. B) Line shows the LR04-derived age-model. 
Crosses represent the four identified magnetic tie-points (B-M = Bruhnes-Matuyama, 
UJ = Upper Jaramillo, LJ = Lower Jaramillo, CM = mid-point of the Cobb Mountain 
event) and the Last Appearance (LAP) of G. ruber (pink). Gap in the age-model 





Depth in core  
(cm CCD) 
Age based on orbital 
age model (ka) 
Age from Cande and Kent 
[1995] stratigraphy (ka) 
B-M 1469 789 780 
UJ 1717 988 990 
LJ 1848 1078 1070 
CM 1994 1200 1190 
 
Table 3.1 Comparison of the ages predicted by the MD06-3018 orbital age-
model with those of the magnetic reversal intervals identified in Figure 3.3. 








Figure 3.5 MD06-3018 C. wuellerstorfi stable isotope plots against the core age-
model. A) δ18Obenthic, with numbers showing MIS. Hol = Holocene, equivalent to 
MIS 1, LGM is equivalent to MIS 2. B) δ13Cbenthic. The MPT interval, sensu Head 
and Gibbard [2005], is shown by background shading. 
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3.8  Discussion 
 
3.8.1  Does δ13Cbenthic at site MD06-3018 record δ
13CDIC? 
 
The δ13Cbenthic value of C. wuellerstorfi tests is widely held to be a reliable 
direct recorder of bottom-water δ13CDIC [Shackleton and Opdyke, 1973; Curry and 
Lohmann, 1982; Duplessy et al., 1984; McCorkle and Keigwin, 1994]. The absence 
of an absolute age for the core-top in MD06-3018 means that direct verification of 
this relationship at the core site is not possible. An average of four δ13Cbenthic 
measurements with age-model values in the range 5-0ka yields a late Holocene value 
of 0.56 ± σSEM=0.08‰ (Standard Error on the Mean, σSEM=σr/√n) an offset of +0.31 
± σdiff=0.09‰ (standard error on difference, σdiff=√(σ1
2+σ2
2), σ1,2 is taken as σr for 
single proxy measurements and σSEM for averaged proxy measurements, unless stated 
otherwise) from the nearest δ13CDIC measurement at WOCE Station P06-215. 
Apparent offsets of similar magnitude have been described in other southwest Pacific 
cores [McCave et al., 2008]. However, in all these cases, in the absence of both core-
top material and more local δ13CDIC measurements, there is no clear basis for the 
application of a down-core offset.  
 
Two effects that have been documented to lead to a break-down in the 
δ13CDIC to δ
13Cbenthic relationship are carbonate dissolution and productivity 
overprints [Mackensen et al., 1993; McCorkle and Keigwin, 1994]. The core-site of 
MD06-3018 is not affected significantly by dissolution as it is situated ~600m above 
the modern lysocline depth in the NCT [Martinez, 1994]. Measurements of δ13Cbenthic 
made in C. wuellerstorfi from modern or past environments with high overlying 
productivity have been shown to yield considerable negative excursions from δ13CDIC 
[Mackensen et al., 1993]. Whilst the subtropical southwest Pacific is a fairly 
oligotrophic region there is an upwelling zone along the axis of the western New 
Caledonia barrier reef which stimulates significant variations in seasonal productivity 
[Henin and Cresswell, 2005; Alory et al., 2006]. However, the core location of 
MD06-3018 is 60km seaward of the reef and therefore unlikely to experience strong 
upwelling fluxes. The reproducibility of the δ13Cbenthic data is similar to that for 
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δ18Obenthic, thus there is no empirical evidence for local phytodetrital effects 
[Mackensen et al., 1993]. The MD06-3018 δ13Cbenthic record is considered to provide 
a reliable record of past deep water δ13CDIC variability at 2500m depth in the NCT. 
However, the term δ13C is used to distinguish inferences made about past δ13CDIC 
based on δ13Cbenthic measurements from direct measurements of δ
13CDIC. 
 
3.8.2  Glacial/interglacial variability in the regional deep water mixing 
regime 
 
In the modern circulation regime, UCDW/NPDW from the Central Pacific 
Basin provides the dominant influence on the subtropical southwest Pacific deep 
water mixing regime. The ultimate source of the majority of both the UCDW and 
NPDW in the open Pacific is the Pacific DWBC. All DWBC sourced deep water 
should, therefore, be isotopically ‘younger’ than those found in the DWBC itself, 
because the longer a deep water mass remains out of contact with the surface ocean 
and atmosphere, the more isotopically-depleted its δ13CDIC signature becomes due to 
the “aging effect”. This effect arises through the progressive addition of 
remineralized organic carbon from the overlying water column and will vary in 
strength according to variations in both deep water flow rate and productivity regime.  
 
One constraint on the subtropical southwest Pacific mixing regime 
independent of past changes in deep water flow rates is that when the difference in 
δ13C values at ~2500m depth between the deep waters of the NCT and the DWBC 
(∆δ13CNCT-DWBC) exceeds 0‰, then the NCT δ
13C signal cannot be explained entirely 
from a DWBC origin. In the modern regime, where both the aging effect and the 
relative influence of DWBC origin water can be quantified, the value of ∆δ13CNCT-
DWBC from δ
13CDIC measurements is +0.02 ± σdiff=0.04‰ (Table 3.2). The positive 
value reflects the known Tasman Sea deep water influence, but is within one 
standard deviation of zero, consistent with the known dominance of DWBC waters. 
To test whether this dominance persisted in the past, the MD06-3018 δ13Cbenthic 
record is compared to another record of similar age range from a core site located 
within the DWBC.  
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ODP Site 1123 is located on the North Chatham Drift in the Southwest 
Pacific Basin at 3290m depth (Figs 3.1 and 3.2, Table 3.2). Before using the ODP 
1123 δ13Cbenthic record [Hall et al., 2001] to evaluate ∆δ
13CNCT-DWBC over the past 
1100ka it is first necessary to evaluate the assumptions involved in the comparison of 
the two records. The original age-model for ODP 1123 is based on the SPECMAP 
timescale [Imbrie and Imbrie, 1980] and has been adjusted to that of MD06-3018, 
which is based on LR04, using the δ18Obenthic records  over the past 1100ka (Fig 
3.6A). The sedimentation rate seen at the site of ODP 1123 is approximately twice 
that seen at MD06-3018, leading to a higher temporal sampling resolution and a 
reduced relative effect of bioturbation on the glacial/interglacial amplitudes in 
δ18Obenthic and δ
13Cbenthic at ODP 1123. In order to directly compare the stable isotope 
records, all records are smoothed to a common time-step resolution of 5kyr using 
linear interpolation. The uncertainty in the age-model correlation is dominated by 
this smoothing timescale.  
 
 
Core Latitude Longitude Water Depth 












ODP 1123 41°47’S 171°20’W 3290m Uvigerina spp  
Hall et al., 2001 
Harris, 2002 
ODP 806B 0°19’N 159°22’E 2520m 
Cibicides 
wuellerstorfi 
Bickert et al., 1993 
ODP 849 0°11’N  110°31’W  3840m 
Cibicides 
wuellerstorfi and 
Uvigerina spp  
Mix et al., 1995 
MD97-
2106 
45°09’S  146°17’E  3310m  Cibicides spp Moy et al., 2006 
 











Figure 3.6 A) Comparison of MD06-3018 δ18Obenthic data with that from ODP 
1123 to demonstrate adjustment of the age-model to that of MD06-3018. The period 
from 1100ka to the end of the record for ODP 1123 is not shown due to the 
difficulties in matching the age-models in this interval. Numbers refer to selected 
glacial Marine Isotope Stages. B) Comparison of MD06-3018 δ13Cbenthic data with 
that from ODP 1123. C) ∆δ13CMD06–ODP1123. D) ∆δ
13Cbenthic and ∆δ
18Obenthic data for 
the MD06-3018 – ODP 1123 comparison. Data points are grouped by interglacial, 
glacial or other stage (see text for definition used) and the average values for the 
interglacial, glacial and complete data sets are shown. 
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The ODP 1123 δ13Cbenthic measurements were made on infaunal Uvigerina 
taxa rather than the epibenthic C. wuellerstorfi. Due to their differing habitats the two 
groups may respond differently to changes in overlying productivity and organic 
carbon accumulation [Zahn et al., 1986]. Furthermore, frontal movement on the 
glacial/interglacial timescale in the overlying waters of the Southwest Pacific Basin 
have been shown to lead to significant variability in productivity at the site of ODP 
1123 [Crundwell et al., 2008]. Thus, we follow a transfer function method based on 
Uvigerina δ18Obenthic to convert Uvigerina δ
13Cbenthic measurements to Cibicides-
equivalent, rather than simply applying a constant offset, as proposed in McCave et 
al. [2008]. The transfer function is derived from coupled Uvigerina and Cibicides 
measurements from another core at similar latitude to ODP 1123 in the Southwest 
Pacific Basin [McCave et al., 2008]. This approach generates more positive 
interglacial than glacial offsets between the two groups in response to the regional 
productivity changes. The late Holocene (5-0ka) average Cibicides-equivalent 
δ13Cbenthic value (n=5) using the transfer function is 0.76 ± σSEM=0.07‰, an apparent 
offset of +0.34 ± σdiff=0.08‰ from δ
13CDIC at 3300m at WOCE Station P06-168. The 
errors calculated here assume the same reproducibility error on individual δ13Cbenthic 
measurements as in MD06-3018 (2σr=0.32‰). The late Holocene offset from 
modern δ13CDIC is similar to that found for MD06-3018, suggesting that variability in 
the δ13CDIC gradient between the two sites may be reconstructed with greater 
confidence than the absolute value at either site alone.  
 
The core-site of ODP 1123 is situated at ~800m greater water depth than 
MD06-3018 (Fig 3.2A/C). Although this means that ODP 1123 is closer to the 
modern regional lysocline depth than MD06-3018, shoaling of the lysocline to the 
depth of the ODP 1123 core site does not seem to have occurred over the past 
1200ka and glacial/interglacial differences in carbonate dissolution are very small 
[Crundwell et al., 2008]. The depth difference between the two cores does mean that 
the difference in δ13Cbenthic values (∆δ
13CMD06–ODP1123) cannot be used as a direct 
proxy for past ∆δ13CNCT-DWBC, unless the vertical gradient of δ
13C in the DWBC 
region is also known. Depth-transect studies in the region have shown that the δ13C 
values at 2500m remain more negative than those at 3300m over the past two glacial 
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cycles [McCave et al., 2008]. If it is assumed that this relationship holds across the 
past 1100ka then the value of ∆δ13CMD06–ODP1123 provides an estimate of the 
minimum value of ∆δ13CNCT-DWBC (Table 3.3). The criterion ∆δ
13CMD06–ODP1123 > 0‰ 
therefore provides an even more conservative estimate of when the influence of non-
DWBC origin deep water on the mixing regime is required.  
 
 
Table 3.3 Terms used in the comparison of regional δ13C records. The WOCE 
Stations used for calculating ∆δ13CDIC values are P06-215 (for MD06-3018 and 
NCT), P06-168 (for ODP 1123 and DWBC), P18-163 (for ODP 849) and P14-165 
(for CPBDW). The late Holocene ∆δ13Cbenthic terms are calculated from the 
difference of the averages of all available, unsmoothed data in the 5-0ka age range. 
Where > symbols are used, this indicates the use of ∆δ13Cbenthic as an estimate of the 
minimum value of ∆δ13C. The ‘n’ values for the average interglacial and glacial 
columns refer to the number of data points used in each case. The error terms are 
defined in the text. 
 
 
Over the past 1100ka the ∆δ13CMD06–ODP1123 record shows 10-100kyr 
variability with amplitude of ~1‰ around a long-term mean value of 0.27‰ (Fig 
3.6C). Given the errors arising from the alignment of the core age-models and 
subsequent data smoothing, any given ∆δ13CMD06–ODP1123 value cannot be deemed 
diagnostic of conditions in that 5kyr interval. However, the more positive excursions 
are seen to generally correspond with glacial stages and the more negative excursions 
with interglacial stages (Fig 3.6B). The average value of all the “interglacial” data 
points over the past 1100ka, defined as those for which the corresponding MD06-
3018 δ18Obenthic data point lies within ±5kyr of an interglacial δ
18Obenthic minimum 
and excluding those falling during a glacial termination, is –0.08 ± σSEM=0.04‰ with 
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a 1σ spread on the data of 0.20‰ (Fig 3.6D, Table 3.3). The average value of the 
“glacial” points is +0.48 ± σSEM=0.04‰ with 1σ=0.24‰. The ∆δ
13CMD06–ODP1123 data 
points constitute a broadly normally distributed population and thus, whilst the 
values of individual data points cannot be robustly compared, an unpaired student t-
test may be used to statistically determine whether the averaged interglacial and 
glacial stage values differ at a given confidence level. At the 95% confidence level, 
the p value for such a test is <0.0001, demonstrating that there is significant 
statistical difference in the average interglacial and glacial stage ∆δ13CMD06–ODP1123 
gradients.  
 
The same exercise performed for the ∆δ18OMD06–ODP1123 values demonstrates 
an average interglacial value of +0.10 ± σSEM=0.03‰ with 1σ=0.18‰ and an 
average glacial value of -0.05 ± σSEM=0.03‰ with 1σ=0.16‰ (Fig 3.6D). The offset 
between, and non-zero value of, the interglacial and glacial stage averages arises 
principally from the differential effects bioturbation in the two cores. The slower 
sedimentation rate at MD06-3018 leads to an average glacial/interglacial δ18Obenthic 
amplitude which is ~90% of that at ODP 1123. This effect, whilst statistically 
significant (p=0.002 at the 95% confidence interval) in itself, cannot account for the 
significance of the ∆δ13CMD06–ODP1123 offset. The interglacial to glacial ∆δ
18OMD06–
ODP1123 offset as a proportion of the glacial/interglacial variability in the ODP 1123 
record is only ~10% whereas for ∆δ13CMD06– ODP1123 it is ~50%.  
 
The late Holocene value of ∆δ13CMD06–ODP1123 does not significantly differ (at 
the 1σ level) from the average interglacial stage value (Table 3.3). If it is assumed 
that the vertical δ13C profile, deep water flow rate and overlying productivity regime 
in the DWBC and subtropical southwest Pacific were similar to the modern during 
past interglacial stages then it follows that the modern mixing regime, in which 
DWBC origin deep waters dominate but a small influence from Tasman Sea deep 
waters also exists, is representative of average interglacial conditions over the past 
1100ka. If these assumptions are not made, then at the minimum estimate, under 
average interglacial stage conditions, NCT δ13C can be explained entirely from a 
DWBC origin. The same assumptions are definitely not justified under glacial stage 
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conditions. However, even at the minimum estimate, the average glacial stage 
∆δ13CMD06–ODP1123 value is significantly more positive than not only the average 
interglacial stage value but also the modern ∆δ13CNCT-DWBC value. Thus, during 
glacial stage conditions the influence on the subtropical southwest Pacific mixing 
regime required from a water mass chemically younger than that found at 2500m in 
the DWBC was significantly enhanced compared to both the modern regime and 
likely past interglacial stage conditions. This could arise from the enhanced relative 
influence of glacial Tasman Sea deep waters (affecting arrow B, Fig 3.1) and/or the 
presence of an additional chemically younger water mass in the glacial Central 
Pacific Basin (affecting arrow A, Fig 3.1).  
 
3.8.3  Glacial decoupling of Deep Western Boundary Current to Central 
Pacific Basin deep waters  
 
The δ13Cbenthic gradient between ODP 1123 and ODP 849 [Mix et al., 1995] 
from 3840m water depth on the East Pacific Rise (Fig 3.1, Table 3.3) decreases 
significantly (and even reverses in certain stages) during past glacials [Hall et al., 
2001]. This means that the δ13C of glacial deep waters in the equatorial Pacific can 
no longer be readily explained simply as more chemically aged DWBC waters 
[McCave et al., 2008]. One hypothesis to explain this change is the presence of a 
chemically younger water mass resulting from deep ventilation of the glacial North 
Pacific, termed here gNPDW3 [Keigwin, 1998; Matsumoto et al., 2001]. If the 
chemical signature of gNPDW penetrated far enough south to influence the southern 
Central Pacific Basin and enter the subtropical southwest Pacific, it could potentially 
account for the very positive glacial stage ∆δ13CNCT–DWBC values without any need 




                                                 
 
3 Unlike NPDW in the Holocene deep water regime, gNPDW is proposed to result from the 
ventilation of the North Pacific water column from the surface to depths of over 2500m. 
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To constrain the potential effect of such open Pacific ventilation and 
circulation changes on the subtropical southwest Pacific mixing regime it is assumed 
that the δ13C values of deep waters at 2500m depth in the southern Central Pacific 
Basin (δ13CCPBDW) can always be explained from an admixture of DWBC and 
equatorial Pacific deep waters at that depth. The minimum relative contribution to 
the observed NCT δ13C values required from non-open Pacific deep waters can then 
be evaluated from ∆δ13CNCT–CPBDW rather than ∆δ
13CNCT–DWBC. Considering the aging 
effect, it follows that the chemistry of open Pacific Ocean deep waters cannot 
account for all NCT δ13C variability in the case that ∆δ13CNCT–CPBDW >0‰.  
 
ODP Site 806B provides a record of δ13Cbenthic over the past ~750ka [Bickert 
et al., 1993; Berger et al., 1996] from the western equatorial Pacific at 2520m depth 
(Figs 3.1 and 3.2, Table 3.2). In the modern regime, the site of ODP 806B is bathed 
by NPDW and should record the signature of any gNPDW that could possibly reach 
further south into the subtropical southwest Pacific. At equatorial latitudes in the 
modern Pacific, the mixing of NPDW and U/LCDW is zonally homogenous [Reid, 
1997] such that the longer ODP 849 record from the deep eastern equatorial Pacific 
allows the comparison to be extended back to 1500ka. Throughout the duration of 
the ODP 806B record the two equatorial δ13Cbenthic records are seen to be strongly 
correlated (Fig 3.7B), suggesting that the depth difference between the sites does not 
lead to a significant difference in isotopic composition. The ODP 806B δ13Cbenthic 
measurements are made entirely on C. wuellerstorfi and the ODP 849 ones 
predominantly so, with some Uvigerina measurements that have been corrected to 
Cibicides-equivalent using a constant offset. Both records are compared directly to 
the MD06-3018 δ13Cbenthic (Fig 3.7B) values after correlation of the age-models 
through the δ18Obenthic records (Fig 3.7A). Sedimentation rates at both equatorial sites 
are closer to that seen at MD06-3018 than was the case for ODP 1123. Thus, the 
degree of glacial/interglacial smoothing of δ18Obenthic and δ
13Cbenthic values is similar 
and the difference between the average interglacial and glacial stage ∆δ18OMD06–
ODP849 values is less than 0.05‰ (Fig 3.7D). 
 
 





Figure 3.7 A) Comparison of MD06-3018 δ18Obenthic data with that from ODP 
806B and ODP 849 to demonstrate adjustment of the age-model to that of MD06-
3018 B) Comparison of MD06-3018 δ13Cbenthic data with that from ODP 806B and 
ODP 849. C) ∆δ13CMD06–ODP849, note that the vertical scale is the same as in Figure 
3.6C. D) ∆δ13Cbenthic and ∆δ
18Obenthic data for the MD06-3018 – ODP 849 
comparison. Data points are grouped by interglacial, glacial or other stage (see text 
for definition used) and the average values for the interglacial, glacial and complete 
data sets are shown. 
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Across the past 1100ka, the ∆δ13CMD06–ODP849 record shows a long-term mean 
value of 0.38‰ and generally lower amplitude 10-100kyr variability than that seen in 
∆δ13CMD06–ODP1123 (Fig 3.7C as compared to Fig 3.6C). The average interglacial 
value over the past 1100ka for ∆δ13CMD06–ODP849 is +0.37 ± σSEM=0.04‰ with 
1σ=0.11‰ and the average glacial value is +0.33 ± σSEM=0.04‰ with 1σ=0.15‰ 
(Fig 3.7D, Table 3.3). These populations show no significant statistical difference at 
the 95% level (p=0.16) using the student t-test method. Thus, whereas the 
∆δ13CMD06–ODP1123 record shows significant glacial/interglacial variability caused by 
changes in deep water chemistry and/or circulation, the uniformity of offset seen in 
the ∆δ13CMD06–ODP849 record suggests that the amplitude of glacial/interglacial δ
13C 
variability at both sites is dominated by global mean-ocean chemistry changes.  
 
The value of ∆δ13CNCT–CPBDW must lie between those of ∆δ
13CMD06–ODP849 and 
∆δ13CMD06–ODP1123. The least positive possible estimate of ∆δ
13CNCT–CPBDW over the 
past 1100ka may thus be derived from a composite of the two records, as shown in 
Figure 3.8. The average interglacial stage value over the past 1100ka for this 
minimum estimate to ∆δ13CNCT–CPBDW is -0.09 ± σSEM=0.04‰ with 1σ =0.19‰ and 
the average glacial value is +0.29 ± σSEM=0.04‰ with 1σ=0.14‰ (Table 3.3). At the 
95% confidence level, the p value for a student t-test of these two populations is 
0.006. Even when the potential ventilation of gNPDW is considered, it remains the 
case that open Pacific deep waters can potentially explain NCT δ13C values under 
interglacial stage conditions but cannot do so under glacial stage conditions. The 
most plausible explanation is that the relative influence on the mixing regime from 
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Figure 3.8 ∆δ13CMD06–OD1123 and ∆δ
13CMD06–ODP849 plotted together to show the 
development of the composite minimum value estimate to ∆δ13CNCT–CPBDW. The 
200kyr running mean of the composite estimate is shown by the bold black line with 
±2σSEM confidence intervals shown by the grey envelope. 
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3.8.4  Glacial stage deep water chemistry gradients in the southwest 
Pacific 
 
Changes in either the relative fluxes or δ13CDIC values associated with the 
Tasman Sea and open Pacific Ocean inflows to the subtropical southwest Pacific 
region could account for the observed glacial/interglacial variability in the mixing 
regime. Pleistocene reconstructions of DWBC flow strength at site ODP 1123 have 
shown generally increased fluxes during glacial stages [Hall et al., 2001]. This 
suggests that the relatively reduced DWBC influence seen in the glacial subtropical 
southwest Pacific cannot be explained by flow rate changes in the DWBC. In the 
absence of reconstructions for the past inflow rates from the Tasman Sea it remains 
impossible to quantitatively reconstruct the mixing regime. However, given the 
assumption that NCT δ
13C values arise from a mixture of only open Pacific Ocean 
and Tasman Sea deep waters, the MD06-3018 δ13Cbenthic record may be used to place 
an indirect constraint on the δ13C values of northern Tasman Sea deep water at 
~2500m depth. In periods where some influence from Tasman Sea deep water is 
required (those during which the minimum value of ∆δ13CNCT–CPBDW is >0‰, Fig 
3.8) the δ13C value of this water mass must have been more positive than the 
corresponding MD06-3018 δ13Cbenthic value. 
 
During the last two glacial stages (the LGM and MIS 6) in the DWBC region, 
isotopically-depleted (δ13C values of <-0.5‰) Southern Ocean sourced glacial Upper 
Circumpolar Deep Water (gUCDW) replaced NPDW/UCDW as the dominant water 
mass in the “mid-depth” range 2000–3500m [McCave et al., 2008]. In contrast, the 
MD06-3018 constraint on δ13C at ~2500m depth in the northern Tasman Sea predicts 
average glacial stage δ13C values of >0.2‰. This suggests that the gUCDW present 
in the DWBC region [McCave et al., 2008] was not present as the dominant mid-
depth water mass in the glacial Tasman Sea. The modern δ13C–depth gradient across 
the range 2500-3500m in the Tasman Sea is close to zero (as seen at station P06-234, 
Fig 3.2C). The MD97-2106 δ13Cbenthic record from 3310m water depth on the South 
Tasman Rise, near to where most deep water enters the Tasman Sea from the 
Southern Ocean (Figs 3.1 and 3.2, Table 3.2), shows average values of -0.25‰ 
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during the LGM and -0.40‰ during MIS 6 [Moy et al., 2006]. These values are 
slightly more positive than those seen in the glacial DWBC, but still significantly 
more negative than those predicted for 2500m in the average glacial stage northern 
Tasman Sea. Therefore, during at least the past two glacial stages, the δ13C–depth 
gradient in the Tasman Sea is predicted to have been significantly negative, 
consistent with the presence of a glacial stage chemocline at 2500-3000m depth. In 
contrast, the glacial DWBC δ13C–depth gradient retained the modern positive value 
over the same depth range [McCave et al., 2008]. The future study of a Pleistocene 
δ13C record from ~2500m depth in the northern Tasman Sea will allow direct 
evaluation of this hypothesis. 
 
At depths below ~3500m several deep hydrographic zones with different 
characteristic δ13C signatures have been proposed for glacial Southern Ocean bottom 
waters [Ninnemann and Charles, 2002; McCave et al., 2008]. In one such scenario 
the bottom waters flowing into the southern Atlantic sector are formed in the 
Weddell Sea, those entering the open Pacific in the Ross Sea and those entering the 
Tasman Sea along the Adélie Coast [McCave et al., 2008]. The subtropical southwest 
Pacific mixing constraint additionally demonstrates that the δ13C gradient between 
Tasman Sea and DWBC waters at ~2500m was significantly enhanced during 
glacial, relative to interglacial stages. The enhanced glacial stage spatial δ13C 
gradient could be explained if the isotopically-enriched water of North Atlantic 
origin which lies at or above the observed glacial stage chemocline at 2100-2700m in 
the southern Atlantic sector of the Southern Ocean [Ninnemann and Charles, 2002; 
Venz and Hodell, 2002; Hodell et al., 2003] was able to pass round the glacial 
Circumpolar Current and enter the Tasman Sea but not the Pacific DWBC. 
Alternatively, the mid-depth glacial Tasman Sea could be filled with Southern Ocean 
sourced deep water, but this water mass would be required to be isotopically-
enriched in relation to the gUCDW seen in the DWBC. Therefore, in addition to the 
previously described threefold zonation of glacial Southern Ocean bottom waters 
[McCave et al., 2008]; a strong spatial chemical gradient existed between the 
overlying mid-depth waters associated with the Adélie Coast and Ross Sea bottom 
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water domains, but apparently not between those of the Weddell Sea and Adélie 
Coast domains.  
 
3.8.5  Pleistocene evolution of deep water circulation and mixing  
 
The shift in dominant glacial/interglacial periodicity from 40kyr to 100kyr 
modes during the MPT is evident in both the δ18Obenthic and δ
13Cbenthic records (Fig 
3.5). As well as this orbital time-scale variability, all of the Pacific δ13Cbenthic records 
discussed here show a perturbation on the >100kyr time-scale towards more negative 
mean values during the period of the MPT (Figs 3.5B, 3.6B, 3.7B). This perturbation 
is also recorded in all other major ocean basins and has thus been interpreted as a 
global shift in mean ocean δ13C [Raymo et al., 1997]. In this global average, the 
perturbation constitutes a decrease in mean ocean δ13C of ~0.3‰ during the period 
1000-900ka followed by a more gradual return to pre-1000ka values by 400ka 
[Raymo et al., 1997].  
 
To study the behaviour of the subtropical southwest Pacific deep water 
mixing regime on the >100kyr time-scale the effect of glacial/interglacial variability 
is removed by considering the 200kyr running mean value (calculated through linear 
smoothing using a box-car method) of ∆δ13CNCT-CPBDW (Fig 3.8). The running mean 
value is seen to have remained above zero across the duration of the record, 
demonstrating that on this time-scale there is always a component of variability in 
subtropical southwest Pacific deep water δ13C that cannot be explained by the 
influence of open Pacific Ocean deep waters alone. However, the running mean also 
shows significant variations in magnitude across the past 1100ka, indicating that 
>100kyr time-scale shifts have occurred in the mode of the deep water circulation 
regime. Over the period 500-0ka the average value for the estimate of the minimum 
value of ∆δ13CNCT– CPBDW was 0.20‰, whereas during the period 1100-900ka it was 
0.24‰ (Fig 3.8). In the intervening period, the running mean value decreased to 
~0‰ during the interval 900-750ka before then increasing more gradually across the 
interval 750-500ka. The spatial gradient between deep waters entering the Pacific 
DWBC and Tasman Sea from the Southern Ocean was, therefore, generally 
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decreased during the period 900-500ka, coincident with the main part of the global 
mean ocean δ13C perturbation across the MPT.  
 
The MPT is associated with generally weaker global deep water exchange 
[Schmieder et al., 2000]. Reconstructions of the flow strength associated with water 
masses in the Pacific DWBC suggest reduced flow during the period 900-400ka 
[Hall et al., 2001; Venuti et al., 2007]. Because the majority of northward flow in the 
DWBC is of Southern Ocean origin deep and bottom waters, this may represent 
reduced ventilation of the Southern Ocean over this period. Furthermore, the 
ventilation of North Atlantic deep waters is also thought to be reduced across the 
MPT [Raymo et al., 1997]. The MD06-3018 δ13Cbenthic record is more sensitive to 
changes in the ventilation rates of North Atlantic deep waters than the ODP 1123 and 
ODP 849 δ13Cbenthic records. This arises because the subtropical southwest Pacific 
deep water mixing regime means that NCT deep water is sensitive to both DWBC 
and Tasman Sea deep water chemistry whereas open Pacific Ocean deep water is 
sensitive mainly to the former. Mid-depth deep waters in the Tasman Sea show more 
influence from relict North Atlantic deep waters than those of the DWBC and this 
difference is shown to be enhanced during past glacial stages. Therefore, a reduction 
in the ventilation of both North Atlantic and Southern Ocean deep waters could lead 
to the observed reduction in the δ13C gradient between the mid-depth waters of the 
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3.9  Conclusions 
 
The modern deep water δ13CDIC distribution in the subtropical southwest 
Pacific region has been shown to be consistent to the first order with conservative 
water mass properties and the modern deep water mixing regime between open 
Pacific Ocean and Tasman Sea sourced deep waters [Wyrtki, 1961]. Using this 
principle, the MD06-3018 reconstruction of deep water δ13C in the NCT, in 
comparison with other regional records, has allowed constraints to be placed on 
aspects of the mixing regime across the past 1600ka.  
 
This chapter has shown that on the glacial/interglacial timescale the 
difference in δ13Cbenthic values between the NCT record and a core from the Pacific 
DWBC was significantly more positive during glacial than interglacial stages. The 
effect of potential ventilation of deep waters in the North Pacific on this offset was 
examined using the comparison of the NCT δ13Cbenthic record with ones from the deep 
equatorial Pacific. Even with these possible circulation changes, glacial stage NCT 
δ13C values cannot be explained entirely from a purely open Pacific Ocean source. 
Instead, a significantly enhanced relative influence from glacial Tasman Sea deep 
waters compared to those from the open Pacific is shown to be required, in 
comparison to the interglacial regime. The enhanced relative influence of Tasman 
Sea over open Pacific deep waters during glacial stages reflects a steepening of the 
spatial gradient between the δ13C of deep waters found at ~2500m depth in the 
Tasman Sea and the Pacific DWBC. This arose from the relatively greater glacial 
stage influence of isotopically-depleted mid-depth waters of Southern Ocean origin 
in the DWBC compared to the Tasman Sea. The glacial stage Southern Ocean is 
shown to contain significant spatial chemical gradients at depths well above the sea 
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On the >100kyr timescale the influence of the chemically younger Tasman 
Sea deep waters on the mixing regime is shown to have been a persistent feature of 
the past 1100ka. The spatial δ13C gradient between the mid-depth deep waters of the 
Tasman Sea and the Pacific DWBC was generally reduced, on the >100kyr time-
scale, during the period of the MPT, consistent with this being a period of reduced 
deep water ventilation in both hemispheres. 
 
The conclusions presented in this chapter based on the δ13Cbenthic record are 
largely self contained and are not revisited again until chapter 7, §3, when the 
implications of the enhanced glacial stage spatial chemical gradients within the 
Southern Ocean are considered in terms of glacial/interglacial variability in the 
global carbon-cycle. The potential origins of the >100kyr time-scale perturbation in 
deep water ventilation are also discussed in that same section. The core age-model is 
now used to provide a framework for the planktic proxy records that form the focus 
of the next three chapters. The δ18Obenthic record is also reconsidered directly in 
chapters 4 and 6, as a first-order proxy for global ice-volume changes that can be 
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Chapter 4: Sources of uncertainty in the Mg/Ca 
paleothermometer: did climate change limit the 
middle Pleistocene expansion of reefs in the southern 






























A reconstruction of Sea Surface Temperature (SST) in the southern Coral Sea 
over the past 1600ka is derived from MD06-3018 planktic foraminiferal Mg/Ca 
measurements. No significant >100kyr time-scale trend is present in reconstructed 
SST, but glacial/interglacial variability of 2-3ºC exists across the record. 
Comparison of the geochemical SST reconstruction with foraminiferal transfer 
function estimates of seasonal sea surface temperature, across selected glacial 
terminations, is consistent with the former representing mean-annual SST. An 
estimate of the ‘combined uncertainty’ associated with the SST reconstruction is 
introduced, based on proposed corrections to the Mg/Ca proxy for the effects of 
past variability in salinity and ocean trace metal chemistry. The MD06-3018 core-
site lies close to the modern climatic southern limit to tropical coral reef growth. 
However, when the combined proxy uncertainties are considered, the Mg/Ca 
paleothermometry method does not show any significant change in the mean-
annual SST values associated with interglacial stages over the Mid-Pleistocene 
Transition interval. Whilst it is unlikely that regional climate change could have 
constituted a significant control on the observed middle Pleistocene reef 
expansion, paleothermometry proxy limitations mean that the question cannot be 
unequivocally addressed at present. 
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This chapter presents the MD06-3018 Globigerinoides ruber Mg/Ca-derived 
reconstruction of southern Coral Sea SST and considers its implications for the 
environmental factors that may have controlled regional coral reef development and 
expansion over the Pleistocene. In order to achieve this, an analysis is made of the 
uncertainties associated with the reconstructed SST values for individual MIS. This 
is achieved through a more detailed consideration of the uncertainties involved in the 
Mg/Ca paleothermometry proxy, based on proposed ‘corrections’ to account for past 
fluctuations in salinity and the Mg/Ca composition of seawater. Additional millenial 
time-scale resolution Mg/Ca data is presented for early, middle and late Pleistocene 
glacial terminations and compared to transfer function estimates of seasonal SST 
over these intervals, in order to independently evaluate potential seasonal biases in 
the Mg/Ca-derived SST estimates.  
 
The chapter is presented as the basis of a primarily methodological paper, 
which will be submitted for publication after the submission of this thesis. All the 









The Coral Sea in the tropical and subtropical southwest Pacific is home to 
many of the world’s largest coral reef systems, including the Great Barrier Reef 
(GBR) and the New Caledonia Barrier Reef (NCBR) (Fig 4.1). Geological studies 
have shown that both of these major reef systems underwent a pronounced period of 
expansion during the middle Pleistocene. In particular, borehole studies at 22°S on 
the NCBR have shown that whilst carbonate platforms were initiated as early as 
1400ka and developed by 780ka, widespread barrier reef development only 
commenced during MIS 11 at ~400ka [Cabioch et al., 2008]. Geochemical dating of 
the oldest reef material present in boreholes on the outer part of the central GBR at 
16°S has yielded ages of 600±280ka [Alexander et al., 2001], consistent with the 
significant increases in down-slope carbonate transport and inferred GBR extent 
documented at both ~400ka [Isern et al., 1996; Braithwaite et al., 2004] and 670-
560ka [Dubois et al., 2008]. This middle Pleistocene expansion of reef systems was 
not limited to the Coral Sea region, with reefs elsewhere in the Pacific and Atlantic 
Oceans also undergoing expansion during the interval 800-400ka [Kievman, 1998; 
Alexander et al., 2001; Braithwaite et al., 2004; Yamamoto et al., 2006; Cabioch et 
al., 2008; Dubois et al., 2008]. 
 
The distribution of modern tropical/subtropical coral reefs is limited by a 
range of geological and environmental factors, including the availability of suitable 
substrate at water depths shallow enough to permit photo-symbiosis and to regions 
with a suitable climatic regime [Achituv and Dubinsky, 1990; Falkowski et al., 1990; 
Kleypas et al., 1999]. One of the key climatic parameters limiting reef development 
is SST, namely that this should not drop below 18ºC for more than a few weeks of 
each year [Kleypas et al., 1999]. At the latitude of the MD06-3018 core-site in the 
southern Coral Sea (23°S), the modern open-ocean seasonal SST range based on 
WOA5005 values is 22.2-26.0ºC, with a mean-annual value of 24.4ºC [Locarnini et 
al., 2006]. Open-ocean SST variability in the NCT over the past 25 years has been 
shown to be well correlated with SST changes within the New Caledonia lagoon 
[Quinn and Sampson, 2002].  Thus, any past changes in open-ocean SST of the order 
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Figure 4.1 Map of the subtropical southwest Pacific region with major modern 
coral reef systems highlighted by red dots. Yellow stars show the location of the 
sediment core records discussed in this chapter, the details of which are given in 
Table 4.1. Dashed lines show position of selected modern mean-annual SST 
isotherms using WOA2005 data for 0m depth [Locarnini et al., 2006]. Bathymetry is 
from the ODV software [Schlitzer, 2007]. A higher resolution map showing the 
location of the MD06-3018 core-site in relation to the NCBR is given as part of 
Figure 2.1.  
 
 
The reconstruction of past regional SST variability therefore provides a 
method to evaluate whether the middle Pleistocene phase of Coral Sea reef 
expansion can plausibly have been limited by regional climatic changes. The 
δ
18
Oplanktic record from ODP 820A at 280m water depth on the central GBR (Fig 4.1, 
Table 4.1) shows a pronounced trend towards lighter values from 700-300ka 
[Peerdeman et al., 1993]. This trend was initially interpreted as representing a 
significant SST warming (4-6°C) that would very plausibly have limited widespread 
barrier reef development prior to the middle Pleistocene [Isern et al., 1996]. 
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However, subsequent studies have shown that the shallow water material used from 
that core-site was substantially diagenetically altered, rendering the δ
18
Oplanktic record 
of little use as a paleothermometer [Lawrence and Herbert, 2005]. Indeed, the 
application of the alkenone saturation index (U
k
37) paleothermometer to material 
from the same core site shows no significant trends in >100kyr time-scale SST over 
the past 800ka [Lawrence and Herbert, 2005]. It therefore seems unlikely, unless 
very large changes in long-term SST seasonality are invoked, that long-term trends in 
regional climate can account for the middle Pleistocene reef expansion. 
 
Table 4.1 Core locations, sampling resolutions, record lengths and 




The interval of middle Pleistocene reef expansion overlaps with the latter 
stages of the MPT, suggesting that the change in the dominant mode of 
glacial/interglacial SST variability over the transition may have played a role, even in 
the absence of any change in the >100kyr time-scale mean values. The ODP 820A 
U
k
37 derived SST reconstruction shows glacial/interglacial variability of <1°C, 
suggesting that, as for the >100kyr time-scale, it is very unlikely that orbital time-
scale SST variability could have played any role in limiting reef expansion, at least at 
16ºS [Lawrence and Herbert, 2005]. However, higher temporal resolution 
reconstructions of SST variability, derived from both the U
k
37 and Mg/Ca 
paleothermometry methods for MD97-2125 at 22°S (Fig 4.1, Table 4.1), show 
glacial/interglacial SST variability over the past three climatic cycles of 2-3°C 
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[Tachikawa et al., 2009]. Glacial/interglacial and potentially also interglacial by 
interglacial stage changes in SST of >1°C have, therefore, apparently occurred in the 
southern Coral Sea over the MPT interval. Resolving whether these changes could 
have been significant in limiting reef development is, however, dependent on first 
demonstrating that these changes are in fact statistically significant against the 
paleothermometry proxy uncertainties. 
  
This chapter presents the MD06-3018 G. ruber Mg/Ca derived SST 
reconstruction for the southern Coral Sea. All current paleothermometry proxies, 
including the Mg/Ca method which will be considered in detail in this chapter, using 
the MD06-3018 record as a case study, generally remain subject to sample 
reproducibility uncertainties equivalent to at least 1ºC. Furthermore, there exist 
additional certainties, relating to the calibration relationships themselves, which are 
often poorly constrained but potentially both very large in relation to the 
reproducibility uncertainty and temporally variable. In the case of the Mg/Ca proxy 
system, this would include known ‘non-SST’ controls on the incorporation of Mg 
into foraminiferal calcite, such as the effects of changes in salinity and the Mg/Ca 
ratio of seawater. Furthermore, the relationship between the reconstructed proxy SST 
values and the seasonal SST range is not always well constrained. All of these factors 
may have varied systematically down-core (i.e. with age), leading to the sample 
reproducibility uncertainty potentially being a significant underestimation of the 
‘real’ uncertainty in reconstructed SST.  
 
Before evaluating what changes in southern Coral Sea SST on orbital time-
scales can be significantly resolved using the MD06-3018 SST reconstruction it is 
therefore necessary to constrain the amplitude of both the down-core seasonal biases 
and proxy calibration uncertainties. To address the former, the MD06-3018 Mg/Ca-
derived SST reconstruction is compared, across selected glacial terminations, to 
transfer function estimates of seasonal SST in order to evaluate the extent of any 
climatically induced seasonality biases in the geochemical reconstruction. To address 
the calibration uncertainty, this chapter then introduces one strategy for the 
quantitative estimation method of the ‘combined proxy uncertainty’ associated with 
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the Mg/Ca paleothermometer, based upon the application of proposed corrections for 
the effects of past variability in seawater chemistry. It is then possible to evaluate 
whether the MD06-3018 SST reconstruction, the first such regional record to extend 
at sub-orbital resolution across the entire MPT, is capable of resolving potential 
regional changes in southern Coral Sea SST of the order of several ºC, such as could 






4.3.1   Planktic foraminiferal Mg/Ca measurements and Mg/Ca 
paleothermometry 
 
Thirty-five to forty individuals of the surface-dwelling planktic foraminifera 
Globigerinoides ruber (white) were picked from the 250-315µm size fraction. 
Different morphotypes of G. ruber are known to have different environmental 
preferences [Lowemark et al., 2005; Steinke et al., 2005; Sadekov et al., 2008; Wang 
et al. 2000] and thus only the G. ruber ruber morphotype
1
 was selected. The cleaning 
methodology used for foraminiferal Mg/Ca analysis has been shown to have a 
significant bearing on the measured trace-metal ratios [Barker et al., 2003; Rosenthal 
et al., 2004]. The present study follows closely the “Mg/Ca cleaning method” as 
described in Barker et al. [2003]. The only significant alterations are the use of three, 
rather than five, water rinse steps and the addition of a final centrifuge stage (10min 
at 6000rpm) after sample dissolution [Greaves et al., 2005]. Samples were diluted to 
a target calcium concentration of 60ppm and analyzed following the intensity-ratio 
calibration method as described in de Villiers et al. [2002] using the Varian VISTA 
Pro ICP-OES (Axial) in the School of Geosciences, University of Edinburgh.  
 
                                                 
1
 G. ruber ruber, in the terminology of Sadekov et al. [2008] is taken here as being identical to G. 
ruber sensu stricto from Wang et al. [2000] and Steinke et al. [2005] and G. ruber morphotype I from 
Lowemark et al. [2005]. This morphotype is hereafter referred to in this thesis simply as G. ruber. 
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To monitor residual inorganic contamination of samples, the intensities of Al, 
Fe, Mn were measured in addition to those of Ca and Mg. Samples with a Fe/Mg 
ratio exceeding 1mol/mol [Barker et al., 2003], or Al or Mn intensities significantly 
(>3σ) above the background level were rejected (seven samples out of 395 analyzed 
were rejected on these criteria). Long-term reproducibility was assessed through 
repeat measurements of carbonate reference material ECRM-521, which was 
centrifuged prior to dilution to 60ppm calcium. Over the period of analysis the 
measured value for ECRM-521 Mg/Ca was 3.762 ± 2σa=0.0352 mmol/mol (n=162), 
highly consistent with previous characterization and inter-laboratory studies 
[Greaves et al., 2005; Greaves et al., 2008]. Short-term (sample) reproducibility was 
assessed by four down-core repeated (n≥5, including full replication of picking and 
cleaning stages) foraminiferal measurements and was always better than 
2σr=0.52mmol/mol. Full details of the trace-metal analytical methods, standards, 
reference materials and sample rejection criteria are presented in appendix 2. The full 
down-core Mg/Ca data set is tabulated in appendix 4 and plotted against composite 
core depth in appendix 5. 
 
The exponential relationship observed between the amounts of Mg 
incorporated into foraminiferal calcite and the surrounding water temperature has 
been validated in many studies [Elderfield and Ganssen, 2000; Anand et al., 2003; 
McConnell and Thunell, 2005; Kisakurek et al., 2008]. The principles of this system 
are outlined in appendix 1, §3. The constants that define the Mg/Ca – SST calibration 
function (the terms a and b in equation A1.4, appendix 1, §3) have, however, been 
shown to vary between taxa, size fraction and with other environmental factors. The 
MD06-3018 Mg/Ca record is calibrated to mean-annual SST using a sediment-trap 
based G. ruber calibration for the 250-350µm size fraction, without a pre-assumed 
partition coefficient (a = 0.34mmol/mol, b = 0.102(ºC)
-1
) [Anand et al., 2003]. This 
calibration function is preferred as it is based on a similar size fraction and cleaning 
method as those used in the present study. No correction for dissolution is applied as 
the core location lies well above the modern regional lysocline [Martinez, 1994].  
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In general, the uncertainty in absolute SST value associated with the 
calibration function constants is relatively large (±4.9ºC for Mg/Ca=4mmol/mol 
using the above calibration) compared to that arising from sample reproducibility 
(2σr=1.0ºC in this study) or analytical precision (2σa=0.1 ºC in this study). 
Consequently, individual reconstructed SST values are subject to considerably 
greater uncertainty than down-core variability in SST. However, the calibration 
uncertainty may be constrained by evaluating whether the core-top reconstructed 
SST value corresponds to the known late Holocene conditions.  
 
The MD06-3018 core-top Mg/Ca value, based on seven repeated 
measurements, is 4.60 ± 2σr=0.52mmol/mol. This yields a calibrated SST value of 
25.5 ± 2σr=1.0ºC. The modern mean-annual SST at 0m depth from WOA2005 data 
for the core-site is 24.4ºC [Locarnini et al., 2006]. Therefore, the reconstructed core-
top SST is warmer than the measured mean-annual value by 1.1ºC. The instrumental 
value lies nearly within the 2σr error of the data, but there are also several known 
calibration factors that may also explain such an offset. The foraminifera used in the 
present study represent a smaller subset of the size fraction and a more particular 
morphotype selection than those used in the Anand et al. [2003] calibration. They are 
also from a generally fresher part of the global ocean, leading to a potential salinity 
bias. All of these effects are likely to have acted in the sense of biasing the 
reconstructed SST towards higher values [Sadekov et al., 2008].  
 
In the absence of absolute dates for the core-top sample and given the known 
time-averaging of at least several centuries per sample (chapter 3, §7), it is likely that 
the core-top sample reflects an average of late Holocene, rather than strictly modern, 
SST conditions. Given, furthermore, that reconstructed mean-annual SST in the WEP 
at only ~1ka has been shown to be ~0.5 ºC warmer than modern [Linsley et al., 
2010], the entirety of the core-top Mg/Ca-derived SST to modern mean-annual SST 
offset can be explained by this effect and the sample reproducibility alone. There is, 
therefore, no need to invoke the statistical calibration uncertainty to explain the core-
top offset. The approach taken in this chapter towards constraining the down-core 
proxy uncertainty is, therefore, to neglect the error arising from the calibration 
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constants themselves and to focus on both the reproducibility uncertainty and 
environmental factors that may have systematically compromised the validity of the 
down-core application of the core-top calibration. 
 
4.3.2 Transfer function estimates of SST  
 
A seasonal bias towards summer conditions may exist in the G. ruber Mg/Ca-
derived reconstructed SST values, due to preferential growth (and hence flux to the 
sediment) of G. ruber individuals during warmer conditions [Kawahata et al., 2002]. 
Whilst G. ruber has been shown to calcify at water temperatures as low as 14ºC, it 
declines in abundance below ~21ºC [Bijma et al., 1990]. In the case of the southern 
Coral Sea, past periods with lower than modern mean-annual SST, for example 
glacial stages, may well have had cold season temperatures dropping below 21ºC, 
potentially introducing enhanced seasonal bias away from the mean-annual SST in 
the Mg/Ca-derived estimates than that recorded at the core-top. The present study 
constrains the effect of this seasonal bias by comparing the geochemical SST 
estimates to independent estimates of down-core seasonal SST variability derived 
from foraminiferal transfer function analysis. 
 
Transfer function techniques provide an independent, non-geochemical proxy 
for quantifying past environmental conditions, such as SST. The essence of the 
technique is to assume that the modern spatial relationship between different faunal 
groups (species of planktic foraminifera in this case) relates to the modern spatial 
distribution of environmental parameters, such as seasonal or mean-annual SST. By 
comparing down-core fossil assemblages with a range of core-top assemblages, for 
which the modern environmental parameters of interest are known, statistical 
analysis (using a variety of methods) allows the same parameters to be estimated for 
the fossil assemblage. The sources of error in the transfer function technique arise 
principally from the statistical methods used, which may be quantified, and in 
assuming temporally invariant relationships between ecology and environment, 
which cannot be so easily quantified but are likely to increase with age, due to 
ecological turnover. Furthermore, the faunal assemblage is a function of multiple 
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environmental variables, rather than SST alone, introducing the same potential auto-
correlation problems as for geochemical paleothermometry. 
 
Transfer function estimates of winter season SST (winSST) and summer 
season SST (sumSST) were made for the MD06-3018 fauna across the LGM/Hol, 
MIS12/11 and MIS38/37 glacial terminations, using the Modern Analogue 
Technique (MAT) [Prell, 1985] and a global training data set (n = 61) [Imbrie and 
Kipp, 1971]. These three terminations were chosen as the LGM/Hol interval has a 
wide variety of existing data for comparison, within the definition of the ‘100kyr 
world’ used in this thesis (see chapter 1, §7.2), MIS 12/11 is the first termination of 
that regime, whereas MIS 38/37 is ‘typical’ of the early Pleistocene, 40kyr world 
regime, as seen in the Mg/Ca-derived SST record. Additional 1-2kyr resolution 
Mg/Ca data is also presented for these three glacial terminations and this high-
resolution data is tabulated in appendix 6. Whilst numerous other transfer function 
methods and much more extensive and/or regionalized training databases exist, the 
present approach is designed only to provide a first order control on past seasonality 
and hence a global training set is considered appropriate. For each sample, n>240 
foraminifera (n>300 for all but two samples) were identified from the >150µm size 
fraction following the Imbrie and Kipp [1971] taxonomy and MAT analysis was 
carried out using the C2 software program [Juggins, 2007]. The average statistical 
error on the winSST reconstructions was ±1.8ºC and for the sumSST reconstructions 











Russon, 2010   
 100
4.3.3 Proposed down-core corrections to the Mg/Ca paleothermometer  
 
Salinity is increasingly understood to exert a secondary control on 
foraminiferal Mg/Ca ratios [Kisakurek et al., 2008; Sadekov et al., 2008]. The 
application of a Mg/Ca - SST calibration that does not account for the salinity effect, 
such as the one used for MD06-3018, potentially leads to a differential bias in 
reconstructed SST across glacial/interglacial cycles, whereby glacial stages are likely 
to experience more saline conditions, thus systematically biasing reconstructed SST 
towards warmer values [Mathien-Blard and Bassinot, 2009]. This effect would act in 
the same sense (warm biased SST values during more saline periods, such as glacial 
stages) as the potential seasonality effect described in the preceding section and 
would thus also lead to the underestimation of glacial/interglacial SST amplitudes.  
 
A specific correction for this salinity effect when using Mg/Ca - SST 
calibrations, based on coupled δ
18
Oplanktic - Mg/Ca measurements, knowledge of the 
global component of δ
18
Osw change and an assumed invariant regional δ
18
Osw – 
salinity relationship, has been proposed by Mathien-Blard and Bassinot [2009], the 
form of which is given in equations 4.1 and 4.2. In the present study a record of the 
global component of δ
18
Osw change, relative to the modern (∆δ
18
Oglobal), as derived 
from benthic foraminiferal δ
18
O–Mg/Ca measurements [Sosdian and Rosenthal, 
2009] is used, as is the modern δ
18
Osw – salinity relationship for the tropical Pacific 
[LeGrande and Schmidt, 2006].  In order to make the salinity correction, the MD06-
3018 SST reconstruction and δ
18
Oplanktic record, as well as the global ∆δ
18
Osw record 
[Sosdian and Rosenthal, 2009] were smoothed (through linear-interpolation) to a 
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Equation 4.1  
218181818 *)(1.0*)(38.49.16* swplankticswplanktic OOOOT δδδδ −×+−×−=  
(T* is the corrected value of the calcification temperature and δ
18
Osw* is the 
corrected value of δ
18
Osw, calculated using equation 4.2. The isotopic 
paleotemperature equation constants used in the correction are those of Shackleton 
[1974]. The difference in T* values arising from the use of these constants, rather 
than those of Bemis et al. [1998], as is used in equation 6.1 to calculate MD06-3018 
δ
18






plankticglobalCaMgplankticsw OOTOO δδδδ ×−∆×+×+×+−=  
 
(TMg/Ca is the original, uncorrected Mg/Ca-derived SST value.) 
  
 
Traditional Mg/Ca - SST calibrations also rely on the assumption that the 
Mg/Ca ratio of seawater (Mg/Ca(sw)) has remained constant through time. Modelling 
studies question the validity of this assumption, especially for reconstructions 
extending beyond the middle Pleistocene [Fantle and DePaolo, 2005; 2006]. It has 
been proposed that the effect of varying Mg/Ca(sw) may be corrected for through 
adjustment of the pre-exponential constant in the Mg/Ca – SST calibration equation 
(the term a in equation A1.4, appendix 1, §3) by an amount proportional to the 
change, relative to the modern, in Mg/Ca(sw) [Medina-Elizalde et al., 2008]. A second 
component to the correction arises from a proposed exponential decrease in the 
partition coefficient (the term b in equation A1.4) for the incorporation of Mg into 
foraminiferal calcite with increasing Mg/Ca(sw). The theoretical basis for the partition 
coefficient correction parameterization is much less certain than that for the pre-
exponential one [Medina-Elizalde et al., 2008]. However, the partition coefficient 
component of the correction never accounts for more than 30% of the total change in  
reconstructed SST. Both components of the proposed correction are applied here, in 








Ca’ form of the modelled Mg/Ca(sw) reconstruction from 
Fantle and DePaolo [2006] is used for the correction, although the choice of 
weathering rate assumption has little effect on the correction over the Pleistocene 
[Medina-Elizalde et al., 2008]. In order to make the Mg/Ca(sw) correction, the MD06-
3018 SST reconstruction and the modelled reconstruction of Mg/Ca(sw)  [Fantle and 
DePaolo, 2006] were smoothed (through linear-interpolation) to an equal time-step 
of 5kyr resolution. 
 



































(The Mg/Ca – SST calibration constants are those of Anand et al,, 2003. The term 
4.9623 is the zero-age value (in mol/mol) for Mg/Ca(sw) in the Fantle and DePaolo 
[2006] model. The numerator contains the pre-exponential correction and the 
denominator contains the partition coefficient correction, such that as 

























  Chapter 4 
 103 
4.4  Results 
 
4.4.1 The MD06-3018 Mg/Ca-derived reconstruction of southern Coral 
Sea SST 
 
The MD06-3018 G. ruber Mg/Ca-derived SST reconstruction shows 
glacial/interglacial variability across the Pleistocene in the range 2-3ºC (Fig 4.2A). 
Over the past five interglacial stages, those of the 100kyr world, reconstructed SST 
values range from 25.3ºC to 25.9ºC with an average value of 25.6 ± 2σ=0.6ºC (where 
σ is the standard deviation of the individual stage values). Glacial stage SST minima 
values over the same interval show an average of 22.6ºC ± 2σ=0.6ºC, such that the 
average amplitude of reconstructed glacial/interglacial SST variability over these 
cycles was 3.0 ± 2σ=0.4ºC (where σ is the standard deviation of the individual peak 
glacial to peak interglacial SST amplitudes within each glacial/interglacial cycle). 
Prior to MIS 11, the average reconstructed interglacial stage SST value was         
24.6 ± 2σ=1.0 ºC, ~1ºC cooler on average than those in the 100kyr world. In 
contrast, the average reconstructed glacial stage SST minima prior to MIS 12 was 
23.0 ± 2σ=1.0ºC, not significantly different, on average, than those in the 100kyr 
world. Whilst individual cycles prior to the MIS 12/11 transition do show more 
variability in glacial/interglacial SST amplitude than those after it, the average was 
significantly lower at 1.7 ± 2σ=1.0ºC. This change was driven from the interglacial 
stage values, with only three interglacial stages prior to MIS 11, namely MIS 15, 21 
and 31, showing SST values greater than 25 ºC.  The ‘long-term mean’ is defined 
here as the 200kyr running box-car average, so as to remove all of the 
glacial/interglacial variability. This term is seen to vary by less than ±0.5ºC around 
an average value of 23.9ºC (with an SEM value of 2σSEM=0.3ºC) over the past 
1500ka (Fig 4.2A). 
 




Figure 4.2  A) The MD06-3018 Mg/Ca-derived SST reconstruction. Vertical bar 
shows the 2σr sample reproducibility error, as defined in §3.1. The dark grey line 
shows the 200kyr running mean. B) Plots of the SST reconstruction, uncorrected and 
using the proposed salinity [Mathien-Blard and Bassinot, 2009] and Mg/Ca(sw) 
[Medina-Elizalde et al., 2008] corrections. All records are at 5kyr resolution 
following smoothing through linear interpolation. Glacial terminations shown in 
greater detail in Figure 4.3 are highlighted with grey boxes and numbers on upper 
plot refer to selected MIS. 
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4.4.2 The down-core effects of the salinity and Mg/Ca(sw) corrections 
 
 The salinity and Mg/Ca(sw) corrected MD06-3018 SST reconstructions are 
presented and compared to the uncorrected one at 5kyr resolution in Figure 4.2. 
Application of the Mathien-Blard and Bassinot [2009] salinity correction does not 
change the reconstructed interglacial stage SST values by more than ~1ºC, but does 
lead to more substantial shifts in the glacial stage values, especially over the past 
~1000ka (Fig 4.2B). These offsets are almost always in the sense of colder values 
and are as large as 4ºC during the interval 900-400ka, coincident with the latter part 
of the MPT. This has the effect increasing the average glacial/interglacial SST 
amplitudes during the 100kyr world to 4.1 ± 2σ=1.4ºC and to 2.2 ± 2σ=1.4ºC during 
the MPT and 40kyr worlds combined. Thus, whilst the salinity corrected 
reconstruction shows higher glacial/interglacial amplitudes than the uncorrected 
reconstruction, the proportional increase in glacial/interglacial SST amplitude across 
the MPT is only slightly increased, from ~40% to ~50%. 
 
Application of the Medina-Elizalde et al. [2008] Mg/Ca(sw) correction does 
not significantly change the glacial/interglacial SST amplitude at any point in the 
record, but does lead to warmer reconstructed SST values for all past MIS. This 
effect becomes more pronounced with age, as a consequence of the form of the 
modelled Mg/Ca(sw) curve [Fantle and DePaolo, 2006], with offsets exceeding 1ºC 
arising prior to ~1200ka. The correction has the effect, therefore, of also changing 
the >100kyr time-scale trends present in the SST reconstruction. In particular it 
removes the very slight warming trend seen in the uncorrected data prior to ~1000ka 
(Fig 4.2B) and replaces it instead with a more pronounced cooling trend, which 
persists over the duration of the record. This, in turn, means that the statistically 
significant increase in average interglacial MIS SST values seen in the uncorrected 
reconstruction between the past five climatic cycles and those during the MPT and 
the 40kyr world is not maintained under the Mg/Ca(sw) correction. 
 
 
Russon, 2010   
 106
4.4.3 Transfer function estimates of seasonal SST compared to high-
resolution Mg/Ca paleothermometry across glacial terminations 
 
The 1-2kyr resolution Mg/Ca-derived SST data is compared with the MAT-
derived winSST and sumSST estimates for the LGM/Hol, MIS 12/11 and MIS 38/37 
glacial terminations in Figure 4.3. In the case of the core-top transfer function 
estimates of seasonal SST, these are seen to be well within statistical error of the 
WOA2005 (0m depth) seasonal SST values for the core-site [Locarnini et al., 2006]. 
In all three studied glacial stages the estimated seasonality (calculated as        
sumSST – winSST, with an error calculated by propagation of the statistical 
uncertainties on the two seasonal terms) is seen to have increased, relative to the 
corresponding interglacial, for example, from 3.5 ± 2.2ºC for the late Holocene to    
6.0 ± 2.2ºC for the LGM. Whilst the propagated statistical uncertainties associated 
with these seasonality estimates are seen to be relatively large, the replication of the 
same general pattern across all of the three glacial stages considered here suggests 
that the increase in seasonality is a real effect, arising from greater winter season 
cooling during glacial stage conditions.  
 
For all the studied terminations the MAT-derived mean-annual SST estimates 
(calculated as the mean of sumSST and winSST) are seen to always lie within the 
±2σr envelope for the uncorrected Mg/Ca-derived values (Fig 4.3). During the 
LGM/Hol transition there is no systematic difference between the Mg/Ca-derived 
values and the mean-annual MAT values. For MIS 12/11 the former are generally 
slightly warmer and for MIS 38/37 they are cooler by ~1ºC. During the LGM/Hol 
transition both the corrected and uncorrected Mg/Ca-derived SST estimates plot 
within the reproducibility error of the uncorrected values and are thus not 
distinguishable (at the 2σr level) from either each other, or the MAT-derived values. 
For MIS 12/11 the MAT-derived mean-annual SST values are closer to the 
uncorrected Mg/Ca values than to either of the corrected set of values. The salinity 
corrected Mg/Ca values plot between the cold season and MAT-derived mean-annual 
SST values, whereas the Mg/Ca(sw) corrected values plot between the warm season 
and mean-annual MAT-derived values. For MIS 38/37 the mean-annual MAT-
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derived values are closest to the Mg/Ca(sw) corrected values and consistently warmer 




Figure 4.3  Comparison of Mg/Ca-derived and MAT-derived SST estimates 
across the LGM/Hol, MIS 12/11 and MIS 38/37 terminations. Lines show 
uncorrected Mg/Ca SST data (bold red line, at 1-2kyr resolution), salinity corrected 
data (grey line, at 5kyr resolution) and Mg/Ca(sw) corrected data (black line, at 5kyr 
resolution). Grey shaded area shows ±2σr reproducibility error envelope for the 
uncorrected Mg/Ca-derived SST reconstruction. On the LGM/Hol plot, horizontal 
bars at the axis show WOA2005 SST values for 0m depth at the core-site [Locarnini 
et al., 2006]. Vertical bars show statistical uncertainties on the MAT-derived SST 
estimates; the statistical uncertainty for the mean-annual SST estimate was calculated 
using standard error propagation formulae. 
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4.5  Discussion 
 
4.5.1 Does the MD06-3018 Mg/Ca-derived SST reconstruction record 
mean-annual SST? 
 
The observation that the MAT-derived mean-annual SST estimates across the 
LGM/Hol transition remain within the ±2σr reproducibility error of the down-core 
Mg/Ca-derived SST reconstruction (Fig 4.3) suggests that the geochemical values do 
not contain a significant seasonal bias. Were this to have been the case, a warm bias 
in the Mg/Ca-derived reconstruction should have been persistent across the Holocene 
and enhanced during the LGM part of the record, as this shows enhanced seasonality 
in the MAT-derived seasonality estimates. Furthermore, the MD06-3018 Mg/Ca- and 
MAT-derived estimates of LGM/Hol mean-annual SST change compare well, both 
with each other and with previous estimates in the New Caledonia region using a 
range of transfer function methods (1-3°C) [Barrows and Juggins, 2005] and the 
organic geochemical U
k
37 paleothermometer (~2°C) [Tachikawa et al., 2009]. If it 
were the case that the G. ruber based Mg/Ca paleothermometer was more sensitive 
to seasonality biases than these other methods, then it should have recorded smaller 
amplitudes of SST change. What is instead seen is a Mg/Ca-derived reconstructed 
LGM/Hol SST amplitude that is slightly greater, but well within the various proxy 
reproducibility errors of the other methods. It also follows that a seasonal bias is 
probably not the cause of the offset between the core-top Mg/Ca-derived SST and 
modern mean-annual SST, as described in §3.1.  
 
Past variations in seasonality, such as those inferred for the three glacial 
stages for which MAT-derived SST seasonality estimates are presented in Figure 
4.3, may have arisen as a consequence of changes to the annual insolation cycle as a 
consequence of orbital variations, or through regional climatic factors such as 
changes in ocean circulation. The former may be quantified using the difference 
between mid-summer and mid-winter insolation at 23ºS from a computed orbital 
solution [Laskar et al., 2004], and this record is seen to be dominated by the 
precession cycle and its modulation by eccentricity (Fig 4.4B). However, no 
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systematic correlation between the seasonal insolation difference and MAT-derived 
SST seasonality is present either within or between any of the three studied 
terminations (Fig 4.4). This suggests that regional climatic factors tied to the 
glacial/interglacial cycles, rather than orbitally derived insolation changes, led to the 
increases in glacial stage seasonality. However, regardless of the origin of the 
seasonality changes, the data presented here shows that they did not compromise the 
capacity of the down-core MD06-3018 Mg/Ca-derived SST reconstruction to provide 





Figure 4.4  A) The MD06-3018 Mg/Ca-derived SST reconstruction and MAT-
derived seasonal SST estimates for the three glacial terminations (grey boxes) shown 
in Figure 4.3. B) Difference in insolation between Jan21 and Jul21 for 23ºS, from the 
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4.5.2 Assessing the validity of the proposed Mg/Ca corrections 
 
The independent MAT-derived estimates of mean-annual SST provide a set 
of comparison points with which to evaluate the relative down-core ‘skill’ of the 
corrected and uncorrected Mg/Ca-derived mean-annual SST records. The proposed 
salinity correction [Mathien-Blard and Bassinot, 2009] leads to generally enhanced 
glacial/interglacial amplitudes of SST variability across the duration of the MD06-
3018 record (Fig 4.2B). During both the LGM/Hol and MIS 38/37 transitions this 
does not lead to a significant change, relative to the uncorrected record, in either the 
interglacial or glacial stage SST values (Fig 4.3). However, during the MIS 12/11 
transition significantly colder glacial values are predicted and these then plot well 
below the MAT-derived mean-annual SST value for MIS 12 and closer to the 
winSST value. This suggests that either there is a flaw in the salinity correction 
methodology, as employed here, possibly arising from the assumption of a constant 
δ
18
Osw – salinity relationship or from the correlation of age-models involved in the 
∆δ
18
Osw subtraction, or alternatively that the transfer function method is not 
performing well this far back in time. The latter explanation is considered less likely, 
as no significant faunal turnover in the planktic foraminifera has occurred between 
MIS 12 and the Holocene. Furthermore, in the case of the core-top, the salinity 
correction, whilst shifting the reconstructed SST values towards the WOA2005 
mean-annual value, only removes ~30% of the offset (Fig 4.3). This suggests that 
any systematic salinity bias within the calibration function, as discussed in §3.1, is 
not the dominant source of the core-top to modern mean-annual SST offset.  
 
The main effect of the proposed Mg/Ca(sw) correction [Medina-Elizalde et al., 
2008] is to shift progressively older reconstructed SST values towards progressively 
higher values (Fig 4.2B). This effect is negligible at the LGM/Hol transition and falls 
within the reproducibility error envelope of the uncorrected values at the MIS 12/11 
transition (Fig 4.3). For the MIS 38/37 transition, the correction leads to significantly 
improved agreement with the MAT-derived mean-annual SST values and this 
provides tentative empirical support for the proposed form and amplitude of the 
Mg/Ca(sw) correction [Medina-Elizalde et al., 2008]. 
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4.5.3 The ‘combined uncertainty’ associated with the down-core 
Mg/Ca-derived SST reconstruction 
 
The Mg/Ca paleothermometer, as applied to the MD06-3018 core-site, was 
shown in §5.1 to have not been prone to significant and/or temporally variable 
seasonality biases. This does not, however, mean that temporal variability in 
seawater chemistry factors, namely salinity and Mg/Ca(sw), might not have 
compromised the down-core applicability of the core-top to modern SST calibration, 
leading to the sample reproducibility uncertainty representing a significant 
underestimation of the real proxy uncertainty.  
 
To develop a method for better estimating the ‘true’ proxy uncertainty, it is 
now assumed that both the salinity and Mg/Ca(sw) corrections provide equally skilful 
estimates of mean-annual SST to the uncorrected Mg/Ca-derived reconstruction. The 
data comparison exercise in §5.2 suggests that there are some reasons to suspect this 
is not, in fact, the case. However, the underlying theory behind both corrections is 
accepted here as being valid and given the large uncertainties also associated with the 
MAT-derives SST estimates, the present study cannot provide any firm (and non-
circular) conclusions regarding the validity of either correction method. Thus, a 
conservative approach is favoured, not as offering a precise quantification of the true 
‘combined proxy uncertainty’, but as providing a better lower bound to it. Given that 
the uncorrected Mg/Ca-derived SST reconstruction generally plots between the two 
corrected ones (Fig 4.2B), and that all three reconstructions are based ultimately on 
the same underlying Mg/Ca data, the revised estimate of mean-annual SST, to which 
the combined uncertainty concept applies, is defined as the mean of the maximum 
and minimum SST values derived from the three methods. This reconstruction is 
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The combined uncertainty, denoted as σc, arises from a combination of the 
reproducibility uncertainty and that arising from down-core variation in the non-SST 
controlling factors. The ‘correction’ approach described in §3.4 provides a method to 
quantify this latter uncertainty. The magnitude of the correction uncertainty is 
defined here as half the difference in SST values between the maximum and 
minimum estimates. The combined uncertainty at any given time-step is then defined 
as being whichever is greater of the correction uncertainty and the sample 
reproducibility uncertainty at that point. It is seen that the combined uncertainty 
exceeds the reproducibility uncertainty by nearly a factor of two (2σc ~ 2ºC) during 
the intervals of high correction uncertainty, which coincide in turn with intervals of 
the greatest interglacial to interglacial stage variability in SST, notably 1200-800ka 
and 500-300ka (Fig 4.5A/B). Furthermore, the peaks in combined uncertainty are 
seen to generally coincide with glacial stages, as can be seen by comparing Figure 
4.5B with the MD06-3018 δ
18
Obenthic record in Figure 4.5C, principally due to the 
large SST differences arising between the salinity correction and the other two 
reconstructions at these times. In contrast, the combined uncertainty for all 
interglacial stages, excepting MIS 7, 13, 31 and 43, is seen to not exceed 130% of the 
reproducibility uncertainty (2σc < 1.3ºC).  
 
The combined uncertainty approach, as defined here, yields a lower-bound 
estimate to the true combined proxy uncertainty as it does not account for the 
propagation of the reproducibility uncertainty onto the correction uncertainty when 
the latter is larger in magnitude. Other factors both known, but neglected here, such 
as preferential carbonate dissolution and the effect of carbonate ion concentrations 
(as discussed in appendix 1, §3), and those as yet unknown, will also lead to further 
underestimation of the true proxy uncertainty. However, the combined uncertainty 
estimates, as plotted in Figure 4.5D, provide a more realistic lower-bound than use 
of the reproducibility uncertainty alone. These combined uncertainty estimates are 
now used to consider the context problem for this chapter, namely whether the 
revised MD06-3018 Mg/Ca-derived SST reconstruction can resolve significant 
changes in SST, such as might have limited middle Pleistocene reef expansion. 
 





Figure 4.5  A) The uncorrected MD06-3018 Mg/Ca-derived SST reconstruction. 
B) The calculated combined uncertainty (2σc) in the SST reconstruction. C) The 
MD06-3018 δ
18
Obenthic record, shown to highlight the relative timing of the 
variability in σc in relation to the MIS chronology. Numbers show selected MIS 
mentioned in the text. The grey boxes on plots A-C highlight intervals for which σc, 
as shown in B, exceeds the reproducibility uncertainty by >30%. D) The revised 
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4.5.4 Did regional climate change limit middle Pleistocene reef 
expansion in the Coral Sea? 
 
The revised MD06-3018 Mg/Ca-derived SST reconstruction shows a 
generally stable southern Coral Sea climate with mean-annual SST values that did 
not drop below 20ºC during any MIS over the past 1600ka, even when the combined 
proxy uncertainty is considered (Fig 4.5D). This implies that mean-annual SST is 
unlikely to have provided a first order control on reef growth at 23ºS on the >100kyr 
time-scale, in agreement with the previous U
k
37 based SST reconstruction from 15ºS 
on the GBR [Lawrence and Herbert, 2005]. During glacial stages however, if ‘at 
least modern’ seasonality is assumed, as is supported by analogy to the three glacial 
stage MAT-derived estimates, then winter season SST may well have dropped below 
18ºC. This suggests that glacial stage reef growth in the southern Coral Sea may have 
been partly limited by seasonal SST, as well as by sea-level and substrate 
availability. 
 
Given that only interglacial stage aged NCBR material is preserved in drill 
cores [Cabioch et al., 2008], robust evaluation of potential changes in interglacial 
stage SST across the MPT period is required to robustly address whether climatic 
changes could plausibly have played a role in the middle Pleistocene reef expansion. 
When considering the differences between the average SST values associated with 
groups of values, such as interglacial stages during and after the MPT, the combined 
uncertainty for each average group value is defined as whichever is larger out of the 
average amplitude of the correction uncertainty envelope for the interval within 
which the values lie and the standard error on the mean arising from the sample 
reproducibility uncertainties. The emergence of higher amplitude 100kyr mode 
cycles in southern Coral Sea SST at ~500ka, as described in §4.1, meant that 
interglacial values from MIS 11 onwards were, on average, ~1ºC warmer than those 
prior to this in the uncorrected MD06-3018 Mg/Ca-derived SST reconstruction. This 
difference is seen to be significant at the 95% confidence level (using a student-t test) 
when using the standard error on the mean arising from the reproducibility error.  
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When the revised SST reconstruction and combined proxy uncertainty are 
considered, the effect of the Mg/Ca(sw) correction envelope is to make the interglacial 
stages prior to ~1000ka as warm as those of the past 500ka (Fig 4.5D), removing any 
statistical significance from the difference between the 40kyr and 100kyr world 
interglacial SST values. If the 100kyr world interglacials are compared to those of 
the MPT interval (1200-500ka) alone, during which the effect of the Mg/Ca(sw) 
correction was less pronounced, then no statistically significant difference at the 95% 
confidence level is seen against the combined uncertainty, even though this is now 
given by the standard error on the mean of the reproducibility error. Therefore, when 
a more realistic estimate of the true proxy uncertainty is used, no statistically 
significant shift in interglacial stage climate can be described between any relevant 
groupings of interglacial MIS over the MPT interval.  
 
 The interval 600-400ka, preceding MIS 11 and the proposed timing of NCBR 
expansion [Cabioch et al., 2008] is, however, marked by the largest inter-MIS 
variability in reconstructed interglacial SST values seen anywhere in the uncorrected 
MD06-3018 reconstruction. In particular, the coolest interglacial value of              
23.8 ± 2σr=1.0ºC is seen at MIS 13, immediately preceding the first true 100kyr 
mode interglacial value of 25.6 ± 2σr=1.0ºC seen at MIS 11 (Fig 4.5A). The 
difference in SST between these two stages is 1.8ºC, with a propagated uncertainty 
of ±2σdiff=1.4ºC. However, this interval is also seen to coincide with one of the 
intervals of high correction uncertainty (Fig 4.5B), and hence high combined 
uncertainty (Fig 4.5D). When the revised SST reconstruction and combined proxy 
uncertainty are considered, the MIS 13 value becomes 23.5 ± 2σc=1.5ºC and the MIS 
11 value becomes 25.4 ± 2σc=1.0ºC, leading to a difference of 1.9ºC, with an 
enhanced propagated uncertainty of 2σdiff=1.8ºC. Whilst this difference remains 
significant at the 95% confidence level, implying that a climatic change in 
interglacial climate did occur over between MIS 13 and MIS 11, the magnitude of 
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In summary, no significant SST variability in the Mg/Ca-derived southern 
Coral Sea reconstruction can be detected on either the >100kyr or interglacial to 
interglacial time-scales over the MPT interval when using the revised form of the 
SST reconstruction and the combined uncertainty, as shown in Figure 4.5D. The 
Assuming that changes in mean-annual SST of at least several ºC would have been 
required to exert a first-order control on reef development at 23ºS, then it follows 
that regional change in mean-annual SST is unlikely to have played a first-order role 
in limiting reef expansion prior to the middle Pleistocene. However, in the absence of 
better constraints on past seasonality, and given the comparable values of the 
combined uncertainty term (2σc ~ 1-2 ºC) in relation to the environmental changes of 
interest, it is possible that seasonal SST changes may have played some role in the 
expansion, even though these are not resolvable in the MD06-3018 reconstruction. 
Future, higher temporal resolution SST reconstructions over the MIS 15 – MIS 11 
interval, especially those including estimates of seasonality, are required to better 
characterize the pattern of climate evolution over this interval and hence, its potential 





















The MD06-3018 G. ruber Mg/Ca-derived reconstruction of southern Coral 
Sea SST over the past 1600ka shows no significant >100kyr time-scale trends, but 
glacial/interglacial variability of 2-3ºC across the record. The comparison of these 
estimates of reconstructed SST with other, independent estimates based on planktic 
foraminiferal transfer functions, shows that there is no evidence for a persistent 
seasonal SST bias away from mean-annual conditions in the geochemical record. 
The effect on the MD06-3018 Mg/Ca-derived SST reconstruction of proposed 
corrections for the effects of variations in past salinity and Mg/Ca(sw) was also 
considered. The salinity correction has the effect of significantly lowering the 
reconstructed glacial stage SST values and thus increasing the amplitudes of 
glacial/interglacial SST variability. However, this correction is less consistent than 
the uncorrected values with the transfer function estimates for glacial stage mean-
annual SST. The Mg/Ca(sw) correction has no significant effect on glacial/interglacial 
variability but does change the >100kyr time-scale trends present in the data, 
especially prior to ~1000ka. The Mg/Ca(sw) corrected SST values are more consistent 
than the uncorrected ones with the transfer function estimates in the early 
Pleistocene, suggesting that such a correction may be merited on this time-scale. 
Taken together with the method reproducibility error, the spread of SST values 
associated with the two corrections methods allows for a more realistic lower-bound 
estimate of the real combined proxy uncertainty to be made. This ‘combined 
uncertainty’ term is seen to be generally greater for the glacial than interglacial stage 
values and to vary in amplitude with age, the greatest combined uncertainties being 
during the early (1200-800ka) and later (500-300ka) parts of the MPT. 
 
This chapter has shown that when the combined uncertainty is considered, no 
statistically significant change in mean-annual SST can be resolved, either on the 
>100kyr time-scale or between individual (or grouped) interglacial stages over the 
MPT. Whilst it is unlikely that changes in regional climate provided a first-order 
limitation to middle Pleistocene reef expansion in the Coral Sea, the uncertainties 
associated with the Mg/Ca paleothermometry method mean that this question cannot 
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be unequivocally addressed at present. The potential implications for the global 
carbon-cycle of the absence of a regional climatic control on reef expansion are, 
however, considered further in chapter 7, §4. The potential regional climatic 
mechanisms by which the observed increases in glacial stage SST seasonality, as 
described in §5.1, could have occurred are also considered in chapter 7, §2.  
 
The following two chapters now take the MD06-3018 Mg/Ca-derived SST 
reconstruction and characterise the >100kyr (chapter 5) and 10-100kyr (chapter 6) 
time-scale variability present in the record and the significance of these patterns for 
the evolution of global climate over the MPT. In both chapters, the uncorrected form 
of the SST reconstruction is used (i.e. that in Fig 4.2A), in order to allow consistent 
comparison with other published reconstructions. However, the sensitivity of the 
conclusions drawn in these chapters to the revised SST reconstruction and combined 
uncertainty approach (as presented in Fig 4.5D) is also considered in both cases. 
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Chapter 5: Inter-hemispheric asymmetry in the 



















The position of the southern boundary of the Pacific warm pool is shown to have 
been stable, on the >100kyr time-scale, over at least the past 1500ka, based upon 
the planktic foraminiferal MD06-3018 Mg/Ca-derived reconstruction of sea 
surface temperature in the southern Coral Sea. This contrasts with previous 
reconstructions showing warm pool contraction from the north and east and 
consequently means that the early Pleistocene warm pool was more 
hemispherically asymmetric than its present configuration. The latter was not 
established until ~1000ka, supporting a strengthening of the northern Hadley Cell, 
which was not replicated in its southern counterpart, prior to the early Pleistocene 
intensification of northern hemisphere glaciation.  
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5.1 Chapter overview 
 
This chapter considers the implications for the global climate system of the 
apparent stability (on the >100kyr time-scale) of subtropical southwest Pacific SST 
over the past 1500ka, as seen in the MD06-3018 Mg/Ca-derived SST reconstruction 
presented in the preceding chapter. This is achieved through comparison of the new 
southern Coral Sea SST reconstruction with other previously published records from 
across the low-latitude Pacific. The work presented here is based closely on the 
following short paper, published in 2010 with Geophysical Research Letters and 
which is included within the electronic version of thesis. 
 
Russon, T., M. Elliot, A. Sadekov, T. Corrège, G. Cabioch, and P. De Deckker 
(2010), Inter-hemispheric asymmetry in the early Pleistocene Pacific warm pool, 
Geophysical Research Letters, 37, L11601. Copyright (2010) - American 
Geophysical Union. 
 
The trace-metal methods section present in the published paper has been 
expanded upon and moved in to the preceding chapter. The conclusions section has 
also been expanded upon slightly from the published paper. All the lab-work, data 









As the largest body of warm water on the planet, the Indo-Pacific warm pool 
is a key source of both heat and moisture to the atmosphere, which acts to transport 
those properties polewards. Temporal variability in these fluxes plays an important 
role in global climate on time-scales ranging from the seasonal to the geological 
[Koutavas et al., 2002; Ravelo et al., 2004]. The modern extent of the warm pool, 
defined here as the region for which mean-annual SST exceeds 28ºC, is limited to the 
western Pacific and eastern Indian Ocean. Within the Pacific it is hemispherically 
asymmetric, extending between ~20ºN and ~15ºS (Fig 5.1). Variability in the 
meridional extent of the past warm pool implies changes not only to meridional 
ocean/atmosphere heat and moisture fluxes but also to the wider low-latitude system, 
as the subtropics are a significant source for the cool upper-ocean water masses that 
upwell in the modern Eastern Equatorial Pacific (EEP) [Brierley et al., 2009]. The 
extent of past inter-hemispheric warm pool asymmetry is also important as the 
relative strength of the two branches of the meridional atmospheric Hadley 
circulation is a function of the latitudinal position of maximum atmospheric 
convergence in the tropics, which is sensitive to the extent of extra-tropical SST 
asymmetry [Broccoli et al., 2006].  
 
Reconstructions of Pliocene SST distributions in the Pacific show 
substantially reduced zonal equatorial [Wara et al., 2005] and meridional equatorial-
subtropical [Brierley et al., 2009] gradients, implying a significantly expanded warm 
pool and a permanent ‘El-Niño like’ state (on the >100kyr time-scale) at that time 
[Wara et al., 2005; Fedorov et al., 2006]. Since ~3000ka the planet has experienced 
a general global cooling, the onset and intensification of Northern Hemisphere 
Glaciation (NHG) and warm pool contraction [Ravelo et al., 2004; Wara et al., 2005; 
Jia et al., 2008]. The timing of these various climatic changes was not, however, 
synchronous, as described in chapter 1, §7.1. Continuous down-core reconstructions 
of Plio-Pleistocene SST from the equatorial Pacific show that, by ~1000ka, the 
modern tropical SST distribution was broadly established with an equatorial gradient 
of 4-5ºC between the Western Equatorial Pacific (WEP) and the cooler, upwelled 
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waters of the EEP (Fig 5.1) [Wara et al., 2005; Lawrence et al., 2006; Dekens et al., 
2008]. The associated onset of significant zonal atmospheric Walker Circulation is 
thought to have occurred over the interval 2000-1500ka [Ravelo et al., 2004]. In 
contrast, the last significant period of northern high-latitude deep-water cooling and 
ice-volume expansion occurred at 1200-850ka [Sosdian and Rosenthal, 2009] and 
940-900ka [Mudelsee and Schulz, 1997] respectively. The relative timing of these 
changes has led to the suggestion that the early Pleistocene reorganization of the low-
latitude ocean/atmosphere circulation system may have played an important role in 
the intensification of NHG and the origins of the MPT [McClymont and Rosell-Mele, 





Figure 5.1 Map of the modern Pacific mean-annual SST distribution from 
WOA2005 data [Locarnini et al., 2006], plotted using the ODV software [Schlitzer, 
2007]. The unlabeled contour interval is 2ºC. Full details of the core locations are 
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The evaluation of this hypothesis relies upon reconstruction of meridional as 
well as zonal low-latitude SST gradients. The evolution of the SST gradient between 
the equator and the northern subtropics in the western Pacific has been shown to 
closely resemble that of the zonal equatorial gradient, including a rapid increase prior 
to ~1000ka [Jia et al., 2008]. As modelling studies suggest that increasing 
equatorial-subtropical SST gradients lead to reductions in air temperature and 
increases in precipitation over North America [Brierley and Fedorov, 2010], this 
supports a potential low-latitude control on the intensification of NHG. The 
mechanism for such a connection potentially relates to the positive correlation 
between underlying meridional SST gradients and Hadley Cell strength [Rind and 
Perlwitz, 2004; Brierley et al., 2009].  
 
This chapter seeks to establish whether the early Pleistocene phase of warm 
pool contraction was hemispherically symmetric and what impact any such changes 
may have had on poleward heat and moisture transport prior to the intensification of 
NHG and the MPT. In order to achieve this, the >100kyr trends in the MD06-3018 
reconstruction of subtropical southwest Pacific SST are evaluated over the 
middle/late Pleistocene and compared to those present in existing reconstructions 
both the equatorial band and the subtropical northwest Pacific. The MD06-3018 core 
site lies to the south of the modern warm pool, such as to be sensitive to past 
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5.3 Comparison of the MD06-3018 SST reconstruction to others from 
the low-latitude Pacific  
 
The long-term mean of the MD06-3018 Mg/Ca derived reconstruction of 
mean-annual SST was defined in the previous chapter as the 200kyr running box-car 
average, so as to remove all of the glacial/interglacial variability. This term is seen to 
vary by less than ±0.5ºC around an average value of 23.9ºC (with an SEM value of 
2σSEM=0.3ºC) over the past 1500ka (Fig 4.2A). Both the average long-term SST 
value and the absence of any long-term trends exceeding ±0.5ºC over the duration of 
the record are seen to be insensitive to the combined uncertainty concept, namely 
allowing for uncertainties arising from past fluctuations in salinity and Mg/Ca(sw), 
and hence to remain unchanged in the revised form of the SST reconstruction       
(Fig 4.5D). To place the MD06-3018 reconstruction of southern Coral Sea SST in a 
Pacific context it is compared in Figure 5.2 to existing SST reconstructions from the 
WEP (MD97-2140 [de Garidel-Thoron et al., 2005]), South China Sea (ODP 1147 
[Jia et al., 2008]) and EEP (ODP 846 [Lawrence et al., 2006]) (locations are given in 
Fig 5.1 and Table 5.1).  
 
 



















MD06-3018 23º00’S 166º09’E  2470m  ~5kyr Mg/Ca Present study 
MD97-2140 2º02’N 141º46’E  2550m ~5kyr Mg/Ca 
de Garidel-Thoron 
et. al. [2005] 





ODP 1147 18º50’N 116º33’E  3250m ~20kyr U
k
37  Jia et. al. [2008] 






Figure 5.2 Pleistocene SST reconstructions from the core locations shown in 
Figure 5.1, Table 5.1. A) Southern Coral Sea core MD06-3018 (present study), B) 
WEP core MD97-2140 [de Garidel-Thoron et al., 2005], C) South China Sea core 
ODP1147 [Jia et al., 2008] and D) EEP core ODP846 [Lawrence et al., 2006]. Bold 
black lines show 200kyr running means, calculated after 5kyr re-sampling (through 
linear interpolation) of all records except ODP1147, which was re-sampled to 50kyr 
resolution. All records are presented on published core age models. E) Calculated 
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Whereas the Coral Sea and WEP SST reconstructions are based on Mg/Ca 
paleothermometry, the South China Sea and EEP reconstructions are based on 
alkenone saturation indices. Whilst the two proxy systems possess differing 
sensitivities to potential seasonal biases, diagenetic effects and other, non-SST, 
controlling factors, they have been shown to be in agreement regarding first-order 
trends in EEP SST over the past 5000ka [Dekens et al., 2008]. In the case of the 
South China Sea record, there is no available Mg/Ca record for comparison, but 
transfer function studies [Wang, 1994] show similar patterns of variability to those 
seen in the alkenone reconstructions [Jia et al., 2008]. All records are presented on 
their original published age-models as the >100kyr trends considered here should be 
insensitive to uncertainties in age-model comparison on the shorter, orbital time-
scales. 
 
The WEP record shows a similar lack of variability in the long-term mean to 
that from the southern Coral Sea, but with an average value across the past 1500ka of 
27.4ºC (Fig 5.2A/B). The reconstructed SST gradient between the WEP and the 
southern Coral Sea, a measure of the equatorial-southern subtropical gradient, thus 
remains within ±2σSEM=0.4ºC (the MD06-3018 reproducibility error is assumed for 
all reconstructions) of 3.5ºC, consistent with modern conditions (Fig 5.1), across the 
past 1500ka (Fig 5.2E). In contrast to the southern Coral Sea and WEP, both the EEP 
and South China Sea records show significant cooling trends during the early 
Pleistocene (Fig 5.2C and 5.2D). The reconstructed zonal equatorial SST gradient 
consequently increased by ~1.5ºC over the interval 1200-900ka before remaining 
near to its modern value of ~4.5ºC over the past 900ka (Fig 5.2E). The reconstructed 
WEP-South China Sea SST gradient, a measure of the equatorial-northern 
subtropical gradient, increased by ~2.0ºC over the interval 1200-1000ka before 
remaining near to its modern value of ~2.5ºC over the past 1000ka (Fig 5.2E). 
Identification of the start/end ages for given intervals of SST gradient change 
depends on the choice of window length used for the calculation of the running 
averages, especially in the case of calculations based on the relatively low-resolution 
ODP1147 record. This uncertainty should not, however, exceed ±100kyr (twice the 
ODP1147 re-sampling resolution). 
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The difference between the WEP-South China Sea and WEP-Coral Sea SST 
gradient reconstructions provides a first-order proxy for the extent of inter-
hemispheric SST asymmetry between the northern and southern subtropics in the 
western Pacific. Over the past ~1000ka, the two gradients remain within ~1ºC of 
each other, with the latter always the more positive (Fig 5.2E), consistent with the 
existing inter-hemispheric SST asymmetry in the western Pacific (Fig 5.1). Prior to 
~1000ka, however, they are seen to diverge with age, with a value of ~3ºC difference 
attained by ~1200ka, indicating a significantly increased degree of asymmetry, 
relative to the modern, during much of the early Pleistocene.  
 
5.4  Discussion 
 
Reconstructed southern Coral Sea SST shows no significant long-term 
variability (on the >100kyr time-scale) over the past 1500ka. This climatic stability 
requires the corresponding stability of the southern boundary of the warm pool on 
this time-scale. Whilst the MD06-3018 record does not extend beyond the 
Pleistocene, the middle Pliocene (~3000ka) PRISM project SST reconstructions 
show subtropical southwest Pacific values similar to the modern [Dowsett and 
Robinson, 2009], suggesting that the climatic stability of the region probably has 
extended across at least the past 3000ka.  
 
From the middle Pliocene to ~1000ka both the eastern [Wara et al., 2005; 
Lawrence et al., 2006] and northern [Jia et al., 2008] boundaries of the warm pool 
were generally contracting. This contraction is thought to be driven by the upwelling 
of cooler thermocline waters in the former case [Philander and Fedorov, 2003] and 
may have been related to inferred changes in the vigour of the Kuroshio Current 
system [Dowsett et al., 1996] in the latter. The present study demonstrates that the 
southern boundary of the warm pool did not follow this pattern and instead remained 
stable, at least during the early Pleistocene. Consequently, the early Pleistocene 
warm pool, whilst expanded relative to its modern configuration, was also more 
hemispherically asymmetric. Recent ocean/atmosphere models for the Pliocene have 
assumed a meridionally symmetric configuration for the expanded Pacific warm pool 
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[Barreiro et al., 2006; Brierley et al., 2009]. However, if the early Pleistocene trends 
documented here can indeed be extrapolated to the Pliocene then the present 
reconstruction questions this choice of boundary conditions and is instead more 
consistent with those outlined in the PRISM reconstructions [Dowsett et al., 1996; 
Dowsett and Robinson, 2009]. 
 
The latitudinal position of atmospheric inter-tropical convergence and hence 
the relative strength of the northern and southern branches of the Hadley circulation 
is partly controlled by the extent of inter-hemispheric extra-tropical SST asymmetry 
[Broccoli et al., 2006]. This principle is supported on the glacial/interglacial time-
scale by proxy reconstructions showing a southward shift of the Pacific inter-tropical 
convergence during periods of northern hemisphere cooling [Koutavas and Lynch-
Stieglitz, 2004]. On the longer, >100kyr time-scales of interest here, a reduction in 
inter-hemispheric low-latitude western Pacific SST asymmetry (by at least a factor of 
two) over the interval from 1200-1000ka (with an uncertainty not exceeding ±100kyr 
on both the start and end age values) implies southward migration of maximal 
atmospheric convergence and the relative strengthening of the northern Hadley Cell. 
Whilst it also implies a corresponding weakening of the southern Hadley Cell, the 
relative stability of the equatorial-southern subtropical SST gradient constrains these 
latter changes as being very limited. 
 
An increase in the strength of the northern Hadley Cell during the early 
Pleistocene is consistent in both sense and timing with previously proposed changes 
based on the equatorial-northern subtropical SST gradient alone [Jia et al., 2008]. 
Existing modelling studies suggest that such an increase in the equatorial-northern 
subtropical SST gradient may have led to significant long-term reductions in air 
temperature and increased precipitation over North America [Brierley and Fedorov, 
2010], both of which effects may have contributed significantly to the early 
Pleistocene intensification of NHG. The new data presented here, whilst supporting 
the general viability of such a scenario, places two important constraints on these 
approaches. Firstly, meridional SST gradient reconstructions in one hemisphere 
alone may have overestimated changes in Hadley Cell strength as they do not allow 
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for migration of the ascending limb between the two core locations over the period of 
the reconstruction. Secondly, future modelling studies including enhanced, rather 
than reduced, inter-hemispheric asymmetry in the low-latitude western Pacific are 
needed to better evaluate the physical mechanisms underlying any low-latitude 
control on the intensification of NHG. 
 
The processes driving the observed decrease in inter-hemispheric subtropical 
Pacific SST asymmetry during the early Pleistocene may have ultimately been 
tropical or high-latitude in origin. In the former case, the tectonic arrangement of the 
western Pacific region and corresponding changes in the Indonesian through-flow 
were largely completed during the Pliocene [Jochum et al., 2009] and are unlikely to 
have influenced the early Pleistocene changes. However, upstream changes in the 
north and south equatorial current systems, potentially arising as a long-term 
consequence of the closing of the Panamanian isthmus, could have affected the 
relative strength of oceanic heat transport to the northern and southern subtropics. 
Such variability could be closely linked to the enhanced warm pool asymmetry as the 
southern subtropics were probably more important, relative to their northern 
counterpart, as a source of thermocline waters to the EEP under such conditions. 
Alternatively, the decrease in inter-hemispheric subtropical Pacific SST asymmetry 
could have resulted from the differential cooling of the northern and southern high-
latitudes across the Plio-Pleistocene. Within this scenario, the probable Hadley Cell 
response discussed above would have acted as a positive feedback, rather than a 
driving mechanism, for the intensification of NHG. The Hadley Cell response may 
have also acted to reinforce the East Asian Winter Monsoon system at the expense of 
the Summer Monsoon [Jia et al., 2008], consistent with Plio-Pleistocene continental 
records of monsoon variability and acting as a further positive feedback on glaciation 










This chapter has shown that the climate of the southern Coral Sea, on 
>100kyr time-scales, has been extremely stable over at least the past 1500ka. This 
means that the SST gradient across the southern boundary of the Pacific warm pool 
has also remained stable and hence that no significant meridional fluctuations in the 
southern extent of the warm pool have occurred over this interval. This is in contrast 
to both the northern and eastern warm pool boundaries, which underwent contraction 
during the early Pleistocene. The early Pleistocene warm pool was, therefore, more 
meridionally asymmetric than its modern configuration. If it is assumed that the 
position of maximal atmospheric convergence in the western Pacific followed the 
centre of the warm pool, then this would have migrated southwards over the interval 
1200-1000ka (with an uncertainty not exceeding ±100kyr on both the start and end 
age values), consistent with a strengthening of the northern Hadley Cell prior to the 
intensification of NHG during the early part of the MPT. It is, therefore, at least 
plausible that the low-latitude Pacific climate system may have played an important 
role, on the >100kyr time-scale, in the early Pleistocene intensification of NHG. The 
mechanisms by which this may have occurred are considered in chapter 7, §6. More 
fundamentally however, the present study demonstrates that the meridional SST 
gradients in both hemispheres are important in understanding past variability in 
poleward heat and moisture fluxes and that greater than modern inter-hemispheric 
symmetry in the extent of the paleo-warm pool cannot be safely assumed. 
 
The present chapter has focused on the >100kyr time-scale variability, or lack 
thereof, in the MD06-3018 SST reconstruction. It is also evident from Figure 4.2A, 
however, that significant glacial/interglacial variability is present in the 
reconstruction and furthermore that the dominant mode of this variability has 
changed over the course of the record. The next chapter turns its focus towards this 
orbital time-scale variability in subtropical southwest Pacific climate, using both the 
Mg/Ca-derived SST reconstruction and also the complementary planktic stable 
oxygen isotope record. 
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Chapter 6: The Mid-Pleistocene Transition in 

































Reconstructions of orbital time-scale subtropical southwest Pacific climate 
variability over the Pleistocene were derived from MD06-3018 coupled planktic 
foraminiferal δ18O-Mg/Ca measurements. A clear shift from ~40kyr to ~100kyr 
modes of reconstructed glacial/interglacial SST variability is seen over the Mid-
Pleistocene Transition and these fluctuations are shown to have remained coherent 
with the orbital obliquity cycle across the transition. The likely origin of this 
strong obliquity signal in subtropical southwest Pacific SST is shown to be the 
southern high-latitudes and comparison with existing SST reconstructions from 
the equatorial Pacific is consistent with the communication of the signal occurring 
principally by greenhouse gas forcing. In contrast to the SST reconstruction, 
regional hydrological cycle variability (based on the calculated local component 
of δ18Osw change) shows only very limited coherence with the obliquity cycle and 
a stronger relationship with the precession cycle. The decoupling of the SST and 
hydrological cycle responses over the Mid-Pleistocene Transition allows 
constraints to be placed on the evolution and extent of orbitally paced fluctuations 
within the coupled low-latitude ocean/atmosphere system.  
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This chapter reanalyzes the MD06-3018 Mg/Ca-derived SST reconstruction, 
as presented in the previous two chapters, in terms of orbital time-scale variability 
across the MPT. The Mg/Ca measurements are also now presented in conjunction 
with coupled δ18Oplanktic measurements, allowing a reconstruction of not only SST, 
but also hydrological cycle variability (through the extraction of the local component 
of δ18Osw variability) over the climatic transition. The main aims of this chapter are 
to establish which orbital factors influence glacial/interglacial variability in these two 
climatic parameters and by what physical mechanisms these orbital controls were 
manifested in subtropical climate.  
 
The work in this chapter is based on a paper in press with the journal 
Paleoceanography at the time of thesis submission. The accepted manuscript is 
included in the electronic version of the thesis. In addition to the core setting, a trace-
metal methodology section that was present in the manuscript has been removed, as 
this material is covered in chapter 4, §3.1, appendix 1, §3 and appendix 2. The 
introduction section has also been shortened. All the lab-work, data analysis, 









The MPT represented the last major change in the observed mode of 
glacial/interglacial ice-volume variability, namely that from the “40kyr world” of the 
late Pliocene and early Pleistocene to the more asymmetric and higher amplitude 
cycles of the ‘100kyr world’ of the middle and late Pleistocene [Head and Gibbard, 
2005; Imbrie et al., 1993; Mudelsee and Stattegger, 1997]. The transition occurred 
without any shift in the mode of orbital forcing, demonstrating that the climate 
response to orbital variations is non-linear on the >100kyr time-scale and that 
threshold levels exist within one or more of the key processes within the Earth 
system that have acted to change the mode of response. Evaluating whether the 
additional source of non-linearity that led to the emergence of the ~100kyr mode 
resided in ice-sheet dynamics [Bintanja and van de Wal, 2008; Clark and Pollard, 
1998], the carbon cycle [Shackleton, 2000], or other processes, remains a key 
objective in paleoceanographic research.   
 
Proxy records of SST from all latitudes and ocean basins also show a 
transition in the amplitude and dominant period of glacial/interglacial variability 
across the MPT period [e.g. Crundwell et al., 2008; Liu et al., 2008; Marlow et al., 
2000; Medina-Elizalde and Lea, 2005; Ruddiman et al., 1989].  However, SST 
reconstructions show much more spatial variability in the amplitude, timing and 
structure of glacial/interglacial variability than those of δ18Obenthic. This is a 
consequence of both the spatial variation in the radiative forcing and feedback 
factors that control SST and also of the advective effect of ocean circulation patterns. 
It also means that reconstructions of SST from different parts of the world have the 
potential to yield useful information about the relative importance of different orbital 
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In the case of the low-latitude (taken here as being 30ºN to 30ºS) Pacific, 
where ice-sheet fluctuations do not directly affect the radiation budget, it has been 
proposed that greenhouse gas forcing has exerted the dominant control on 
glacial/interglacial SST variability across the MPT [Medina-Elizalde and Lea, 2005] 
and as far back as the late Pliocene [Medina-Elizalde and Lea, 2010]. If this 
hypothesis is correct then it would follow that reconstructed low-latitude SST 
variability may provide an indirect guide to the carbon cycle response to orbital 
forcing during the middle and early Pleistocene. Even within the low-latitudes the 
observed amplitude of middle/late Pleistocene glacial/interglacial SST variability is 
not, however, spatially uniform as would result from forcing by greenhouse gas 
variability alone. This heterogeneity arises principally from ocean circulation 
patterns and their effect on meridional heat transport. In particular, the low-latitude 
ventilation of upper-ocean (taken here as being thermocline and intermediate depth) 
waters of primarily southern hemisphere origin contributes around half of the total 
LGM SST cooling seen in the low-latitude Pacific in coupled ocean-atmosphere 
model studies [Liu et al., 2002].  
 
Both theoretical studies [Philander and Fedorov, 2003] and proxy 
reconstructions [Beaufort et al., 2001] have suggested that, during at least the 
middle/late Pleistocene, the Pacific thermocline was generally shallower during 
glacial (as opposed to interglacial) periods, implying systematic orbital time-scale 
changes in upper-ocean ventilation and hence, the direct advection of the high-
latitude climate response into the low-latitude Pacific. Changes in the tilt of the low-
latitude Pacific thermocline are closely related on inter-annual time-scales to the 
coupled ocean/atmosphere El-Niño Southern Oscillation (ENSO) phenomenon, 
which has a significant effect on both the mean-annual SST distribution and the 
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Modelling studies suggest that the dominant orbital influence on the 
dynamics of the ENSO system sensu stricto is the orbital precession cycle, through 
its effect on seasonal low-latitude insolation budgets [Clement et al., 1999]. 
However, it has also been proposed that both millenial [Stott et al., 2002] and orbital 
[Koutavas et al., 2002; Philander and Fedorov, 2003] time-scale responses of the 
low-latitude ocean/climate system can be characterized as resembling so-called 
“super-ENSO” states1. In these scenarios, it is possible that the low-latitude 
ocean/atmosphere system may, through meridional heat/moisture fluxes, have played 
a substantial role in modulating global climate on glacial/interglacial time-scales.  
 
The MPT may have represented either an increase in the non-linearity of the 
climate system response to obliquity forcing [Huybers, 2007; Liu et al., 2008] or an 
enhanced sensitivity to precession and/or eccentricity [Imbrie et al., 1993; Raymo, 
1997]. It is therefore also possible that the amplitude and character of any orbital 
time-scale super-ENSO fluctuations may have changed over the MPT. Any such 
changes would at least challenge the reliability of the middle/late Pleistocene orbital 
time-scale low-latitude SST to carbon cycle variability relationship as a guide to 
conditions in the 40kyr world. 
 
This chapter presents reconstructions of SST (as proxied by planktic 
foraminiferal Mg/Ca) and hydrological cycle variability (as proxied by the extraction 
of the ‘local’ component of δ18Osw variability, calculated in turn from coupled 
measurements of planktic foraminiferal δ18O-Mg/Ca) at sub-orbital temporal 
resolution and spanning the past 1500ka, from sediment core MD06-3018 in the 
southern Coral Sea, subtropical southwest Pacific. The Coral Sea is significantly 
affected by ENSO related fluctuations in both SST (Fig 6.1) and precipitation on the 
inter-annual time-scale [Delcroix and Lenormand, 1997] and coupled reconstructions 
of SST and hydrological cycle variability from the region therefore provide a method 
                                                 
1 The term ‘super-ENSO’, as used here, is distinct from more general changes in the ‘low-latitude 
ocean/atmosphere circulation system’ as it refers to systematic oscillations, on a given time-scale, 
between ocean/atmosphere states that specifically resemble the El-Niño and La-Niña of the ENSO 
system sensu stricto. This does not imply that the ENSO cycle sensu stricto did not itself also operate 
at these times, but that systematic oscillations in the skew state of the system occurred, on the super-
ENSO time-scale, between the two modes. 
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for evaluating the existence and importance of orbital time-scale super-ENSO 
variability. The simplest formulation of such an approach is that strong covariance in 
the response seen in the SST and hydrological cycle proxies would suggest a 
dominant super-ENSO control on both variables, whereas strong decoupling would 
imply different forcing mechanisms. The Mg/Ca-derived MD06-3018 SST 
reconstruction has already been presented in chapter 4 and used in chapter 5 to 
demonstrate the long-term (>100kyr time-scale) stability of SST in the southern 
Coral Sea over the past 1600ka. The record is now re-assessed, in comparison with 
the coupled δ18Oplanktic record, in terms of 10-100kyr time-scale variability in order to 
constrain the forcing mechanisms of orbital time-scale variability in subtropical 




Figure 6.1 Contour map of the correlation index between mean-annual SST and 
the Southern Ocean Index within the low-latitude Pacific over the interval 1948-
2000, with the location of the core-sites discussed in the text shown. The core 
locations are given in Table 5.1. Similar index values at any two locations imply that 
SST responds in an in-phase manner on the inter-annual time-scale to ENSO 
fluctuations. The plot was generated using data and the on-line reanalysis tool 









6.3.1 Planktic foraminiferal stable isotope measurements 
 
Specimens of G. ruber (white) were picked from the 250-315µm size 
fraction. The same morphotype selection criteria discussed in chapter 4, §3.1 was 
used to ensure full comparability of the trace-metal and stable isotope measurements. 
Twelve to fifteen individuals were used for each isotopic analysis. Samples were 
rinsed, with tests unbroken, for 10s in an ultrasonic bath with methanol and then 
rinsed in de-ionized water. Samples were analyzed in the Thermo Delta+ mass 
spectrometer at the School of GeoSciences, University of Edinburgh. Long-term 
analytical reproducibility was 2σa=0.18‰ for δ
18O, based on standards correlated to 
NBS19. Short-term (sample) reproducibility based on four down-core (n=10) repeat 
measurements was 2σr=0.30‰. The principles of the δ
18O proxy system are 
reviewed in appendix 1, §1, full details of the analytical methods used are given in 
appendix 3 and the full data-set is tabulated in appendix 4 and plotted in against core 
depth in appendix 5.  
 
6.3.2  Calculation of δ18Osw   
 
As δ18Oplanktic depends principally on the ambient seawater temperature (taken 
as SST in the case of G. ruber) and the isotopic composition of the seawater (δ18Osw), 
it follows that if δ18Oplanktic is measured and SST reconstructed (from Mg/Ca 
paleothermometry, as discussed in chapter 4, in the present case) then δ18Osw may be 
directly calculated [Elderfield and Ganssen, 2000].  This is achieved here using the 
paleotemperature equation for Orbulina universa (low-light), as given in equation 
6.1, which has also been show to also apply well to G. ruber [Bemis et al., 1998]. 
The uncertainty in δ18Osw is calculated from the sample reproducibility uncertainties 
in δ18Oplanktic and Mg/Ca-derived SST using standard error propagation formulae. The 
calculated core-top δ18Osw value is 0.69 ± 2σdiff=0.34‰, which compares well with 
the gridded modern value [LeGrande and Schmidt, 2006].   
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Equation 6.1  )(8.45.16 1818/ swplankticCaMg OOT δδ −×−=  
 
The MD06-3018 Mg/Ca-derived SST reconstruction analysed in this chapter 
and used for the calculation of δ18Osw, comprises the original, ‘uncorrected’, values 
(i.e. as given in Figure 4.2A) with the sample reproducibility error alone, rather than 
the revised reconstruction and combined uncertainty concept introduced in chapter 4, 
§5.3. The rationale for this approach is twofold; firstly, to allow comparability with 
other published SST reconstructions, for which no equivalent uncertainty analysis 
exists and secondly, because the main interest of the present study is the spectral 
properties of the various reconstructions, which are insensitive to both the correction 
methodologies considered in chapter 4 and the uncertainty in the amplitudes of the 
signals. However, the uncertainty in reconstructed SST arising from Mg/Ca sample 
reproducibility is probably an underestimate of the true proxy uncertainty, as 
discussed in chapter 4, and this necessarily implies that the uncertainty estimates for 
δ
18Osw must also be viewed as lower-bound values. 
 
A proxy for past changes in the regional hydrological cycle (namely the 
precipitation/evaporation balance), relative to the modern, may be derived from the 
regional component of past δ18Osw variability, normalized to the modern. This term, 
∆δ
18Olocal, is calculated by subtracting the component of global δ
18Osw variability 
from the MD06-3018 δ18Osw reconstruction. This is achieved in the present study by 
using an estimate of Plio-Pleistocene global δ18Osw variability derived from coupled 
δ
18Obenthic and benthic Mg/Ca measurements from DSDP Site 607 and piston core 
Chain 82-24-23PC in the deep North Atlantic [Sosdian and Rosenthal, 2009]. The 
Sosdian and Rosenthal [2009] reconstruction has the significant advantage for the 
present study of spanning the entire Pleistocene. However, the capacity of such an 
approach to isolate the global component of δ18Osw variability relies upon the extent 
to which benthic Mg/Ca paleothermometry can accurately remove the deep water 
temperature component from the δ18Obenthic signal. This is at present a contentious 
issue and doubts have been raised regarding this issue in specific relation to the 
Sosdian and Rosenthal [2009] reconstruction [Yu and Broecker, 2010]. Comparison 
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of the Sosdian and Rosenthal [2009] global ice-volume reconstruction over the past 
450ka with other, independent, methods shows that whilst the absolute values of 
inferred relative sea-level found in the Sosdian and Rosenthal [2009] reconstruction 
differ significantly from the other methods for some intervals, the amplitudes and 
periodicities of variability do not differ by more than ±10%, with the exception of the 
MIS12/11 termination [Sosdian and Rosenthal, 2009]. The main use of the Sosdian 
and Rosenthal [2009] reconstruction in the present study is therefore considered 
appropriate as its application is limited to the identification of significant periodic 
signals in the down-core calculated residual ∆δ18Olocal record, rather than the precise 
quantification of their amplitudes.  
 
To reduce age-model artifacts in the calculation of ∆δ18Olocal, the MD06-3018 
δ
18Osw record was re-tuned (using maxima and minima points in both records) to the 
Sosdian and Rosenthal [2009] time-scale2. The justification for this approach is that 
if the Sosdian and Rosenthal [2009] δ18Osw reconstruction dominantly reflects ice-
volume induced changes, then these should be globally synchronous on 10-100kyr 
time-scales. Therefore, the preferred method to extract the global signal from the 
MD06-3018 δ18Osw record is to assume that the major transitions in the MD06-3018 
record arise from ice-volume changes and should, therefore, be aligned to those in 
the Sosdian and Rosenthal [2009] reconstruction. This approach does, however, 
preclude the study of phase differences between the MD06-3018 and Sosdian and 
Rosenthal [2009] δ18Osw reconstruction. To evaluate the sensitivity of the calculated 
∆δ
18Olocal record to the tuning method, the calculation was also performed on the un-
tuned δ18Osw records and the resultant, alternative ∆δ
18Olocal record compared to the 
tuned case. In both cases, to allow the direct comparison of the MD06-3018 and the 
Sosdian and Rosenthal [2009] δ18Osw records, both records were then re-sampled, via 
linear interpolation, to a common 5kyr time-step, meaning that the ∆δ18Olocal record 
is presented at that resolution. The combined error on ∆δ18Olocal is based on the 
assumption of the MD06-3018 δ18Osw reproducibility error for both reconstructions.  
 
                                                 
2 Alignment of the two age-models was only undertaken over the past 1510ka due to the difficulty of 
correlating events over the final 30kyr of the MD06-3018 record. This means that the calculated 
∆δ
18Olocal record spans a slightly shorter interval than the MD06-3018 SST or δ
18Osw reconstructions. 
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6.4   Results 
 
The MD06-3018 δ18Oplanktic, Mg/Ca-derived SST and calculated δ
18Osw 
records all show a clear change in the mode of glacial/interglacial variability across 
the period 1000-500ka, corresponding to that of the MPT (Figs 6.2A-C).  In 
particular, all of these records show a transition from a regime of lower amplitude, 
~40kyr period cycles prior to ~1000ka to a regime of higher amplitude, ~100kyr 
period cycles over the past ~500ka. In contrast, the calculated ∆δ18Olocal record does 
not show such an evident transition (Fig 6.2D).  
 
Analysis of the records in age-period-spectral power space using a wavelet 
decomposition method [Grinsted et al., 2004] allows the evolving periodicities in the 
records to be studied in more detail and this is shown in Figure 6.3. The wavelet 
transform method employed here includes auto-regressive evaluation of spectral 
power significance against a modelled red-noise process. This approach does not 
account for the effect on spectral significance of uncertainties in the proxy values 
themselves, but does nonetheless allow for the more objective identification of the 
timing of changes in the spectral properties of a given time-series. The MD06-3018 
records were all re-sampled, via linear interpolation, to 5kyr spacing (the average 
sample spacing on the core age-model), prior to the wavelet decomposition, leading 
to a Nyquist period of 10kyr. This means that the range of periodicities associated 
with the orbital precession cycle (18-21kyr) lie within, but at the limit of, what can 
be resolved using the present data and method.    
 
The δ18Oplanktic record shows significant spectral power at ~100kyr over the 
past 950ka (Fig 6.3A). Spectral power at ~40kyr is present, but of intermittent 
significance across the record. The average amplitude of δ18Oplanktic variability prior 
to 950ka was 0.7‰ (Fig 6.2A). After the onset of significant ~100kyr periodicity, the 
glacial/interglacial amplitude increased to a maximum of 1.7‰ at the MIS 12 to 11 
transition. Over the last four 100kyr cycles the amplitude declined to 1.0‰ at the 
LGM-Holocene transition.  
 





Figure 6.2  MD06-3018 G. ruber measurements of A) δ18Oplanktic and B) Mg/Ca-
derived SST plotted against core age-model. Annotations on Mg/Ca plot show 
positions of selected MIS referred to in the text. Shaded areas on A/B represent ±2σr 
sample reproducibility error envelopes. C) Purple line is calculated MD06-3018 
δ
18Osw plotted against MD06-3018 core age-model. Shaded area is the propagated 
error (±2σdiff) arising from the 2σr sample reproducibility error envelopes on the 
δ
18Oplanktic and Mg/Ca-derived SST records. Black line is the Sosdian and Rosenthal 
[2009] ‘global’ δ18Osw reconstruction, on its published age-model. The two δ
18Osw 
reconstruction axes are at the same scale, but offset by 1‰ to allow visual 
comparison. D) Calculated ∆δ18Olocal at 5kyr resolution following tuning of the 
MD06-3018 δ18Osw record to the Sosdian and Rosenthal [2009] δ
18Osw record. 
Shaded area is the propagated error (±2σdiff) arising from the assumption of the 
MD06-3018 δ18Osw sample reproducibility uncertainty for the Sosdian and Rosenthal 
[2009] δ18Osw record. 
 




Figure 6.3  Local wavelet power spectra of MD06-3018 A) G. ruber δ18Oplanktic, 
B) G. ruber Mg/Ca-derived SST, C) calculated δ18Osw and D) calculated ∆δ
18Olocal 
records. The δ18Osw record was retuned to the Sosdian and Rosenthal [2009] age 
scale and all records were re-sampled (via linear interpolation) to 5kyr resolution, de-
trended and normalized to unit-variance prior to analysis. Wavelet decomposition 
was performed using the WTC-16 code [Grinsted et al., 2004]. Colour bar shows 
spectral power in normalized units of variance. Black contour-lines show 5% 
confidence intervals above a modelled first order autoregressive red-noise process. 




The Mg/Ca-derived SST record shows significant spectral power at ~100kyr 
over the past 550ka (Fig 6.3B). Prior to this, spectral power in the 120-145kyr band 
is present from the beginning of the record to the emergence of the significant 
~100kyr power, but is seen to have not been statistically significant. Spectral power 
at ~40kyr is noticeable throughout the record but was persistently significant and of 
higher spectral power prior to ~1000ka. The average amplitude of glacial/interglacial 
SST variability over the past 550ka was 3.0 ± 2σ=0.4ºC (where σ is the standard 
deviation of the individual peak glacial to peak interglacial SST amplitudes within 
each glacial/interglacial cycle) whereas prior to 550ka it was 1.7 ± 2σ=0.8ºC (Fig 
6.2B). Application of the combined uncertainty concept does little to change these 
values, as was discussed in chapter 4, §4.2. Even in the case where the Mathien-
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Blard and Bassinot [2009] salinity correction is applied alone (which has the largest 
effect on the reconstructed glacial/interglacial SST variability), this has the effect of 
increasing the average glacial/interglacial SST amplitudes over the past 500ka to     
4.1 ± 2σ=1.4ºC and to 2.2 ± 2σ=1.4ºC prior to that. Therefore, the conclusion that the 
SST amplitude increased by 40-50% with the emergence of the ~100kyr mode is 
robust to all known and plausible uncertainties in the SST reconstruction method. 
 
The calculated δ18Osw record generally resembles the δ
18Oplanktic record more 
closely than the Mg/Ca-derived SST record, both in age space (Fig 6.2C) and in the 
wavelet decomposition (Fig 6.3C). The retuned δ18Osw record shows significant 
spectral power at ~100kyr over the past 900ka. Spectral power at ~40kyr is present, 
but of intermittent significance across the record. The average amplitude of δ18Osw 
variability prior to 900ka was 0.5‰. After the onset of significant ~100kyr 
periodicity, the amplitude of δ18Osw glacial/interglacial fluctuations declines from 
~1.5‰ at the MIS 12/11 transition to 0.6‰ at the LGM-Holocene transition.  
 
The MD06-3018 δ18Osw record shows amplitudes of ~100kyr middle/late 
Pleistocene and ~40kyr early Pleistocene glacial/interglacial variability generally 
within the propagated δ18Osw reproducibility error of the global component of δ
18Osw 
variability attributable to ice-volume fluctuations [Sosdian and Rosenthal, 2009] as 
can be seen by comparing the two lines on Figure 6.2C. This has the consequence of 
removing most significant orbital time-scale variability from the ∆δ18Olocal signal 
calculated after the tuning of the two records and, indeed, no significant spectral 
power at ~100kyr is seen across the duration of the record (Fig 6.3D). The calculated 
∆δ
18Olocal record does show patchy intervals of significant spectral power at ~40kyr 
up to ~700ka and then in the 20-40kyr range over the past ~700ka.  
 
To investigate the sensitivity of the spectral analysis presented above to the 
tuning assumptions involved in the generation of the ∆δ18Olocal record, the same 
analysis was also undertaken with the alternative ∆δ18Olocal record (not shown) based 
on the untuned δ18Osw records. In this case, the alternative ∆δ
18Olocal record shows 
patchy intervals of significant spectral power at ~40kyr up to ~600ka and then in the 
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20-40kyr range over the past ~600ka. A significant period of spectral power in the 
40-80kyr range is also seen at 1200-1000ka. Therefore, the absence of significant 
100kyr spectral power and the drift towards higher frequency variability over the 
middle/late Pleistocene are both apparently robust to the tuning assumptions used in 
the derivation of the ∆δ18Olocal record. 
 
The long-term mean, defined as the 200kyr running average, of the ∆δ18Olocal 
record remains within error of zero throughout the duration of the record. The 
amplitude of the 20-40kyr period ∆δ18Olocal variability lies in the 0.5-1.0‰ range 
across the duration of the record (Fig 6.2D) and thus exceeds the propagated sample 
reproducibility error arising from the subtraction of the two δ18Osw records         
(2σdiff = 0.48‰). This propagated error value remains, however, a lower-bound 
estimate, due to both the conservative estimate of error used on the MD06-3018 
Mg/Ca-derived SST reconstruction and the likely underestimate of error on the 
Sosdian and Rosenthal [2009] δ18Osw reconstruction involved in assuming the 
MD06-3018 value. It follows that at least some of the variability seen in the 
∆δ
18Olocal reconstruction is likely to be noise, arising from the uncertainties inherent 
in both the two δ18Osw reconstructions and in their correlation prior to subtraction. 
However, the higher amplitude variability is plausibly distinct from noise and may 
account for the intervals of significant spectral power seen in Figure 6.3D.  Although 
exact values cannot be meaningfully given, application of the slope of the modern 
δ
18Osw-salinity relationship for the South Pacific [LeGrande and Schmidt, 2006] 
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6.5   Discussion 
 
6.5.1 Orbital influences on subtropical southwest Pacific SST 
variability 
 
The MD06-3018 Mg/Ca-derived SST reconstruction shows a clear MPT from 
a regime of ~2ºC amplitude, ~40kyr cycles prior to ~1000ka to a regime of ~3ºC 
amplitude, ~100kyr cycles over the past ~500ka (Fig 6.2B and Fig 6.3B). To 
investigate the relative importance of different orbital influences on this evolving 
pattern of reconstructed SST variability, cross-spectral analysis of the SST record 
with those of both obliquity angle and the precession index from the Laskar et al. 
[2004] orbital solution (La04) was undertaken using a wavelet transform coherence 
method [Grinsted et al., 2004] (Fig 6.4A/B). The SST reconstruction is seen to 
display significant coherence with the obliquity cycle (at the 95% confidence level 
against red noise, based on Monte Carlo analysis) and to be almost in-phase with it 
across almost the entire duration of the record (Fig 6.4A). In contrast, the SST 
reconstruction only shows significant coherence with the precession index during 
patchy intervals throughout the record and a much more variable phase relationship 
(Fig 6.4B). It appears, therefore, that the obliquity cycle has exerted the dominant 
orbital influence on subtropical southwest Pacific SST variability, both before, 
















Figure 6.4  Wavelet transform coherence analysis of the MD06-3018 G. ruber 
Mg/Ca-derived SST (A/B) and calculated ∆δ18Olocal (C/D) records with orbital 
obliquity and precession index records from the La04 orbital solution [Laskar et al., 
2004]. Analysis was performed using the WTC-16 code [Grinsted et al., 2004]. 
Colour bar shows squared coherence (Cxy
2) level. Black contour-lines show 5% 
confidence intervals relative to red noise, determined using a Monte Carlo method. 
For areas of age-period space with significant coherence, the phase relationship 
between the two variables is shown by black arrows. Right (left) pointing horizontal 
arrows denote an in-phase (anti-phase) relationship. All records were re-sampled (via 
linear interpolation) to 5kyr resolution, de-trended and normalized to unit-variance 
prior to analysis. Shaded areas show the cone-of-interference, within which edge 
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The origins of the ~100kyr middle/late Pleistocene mode of 
glacial/interglacial variability continues to be debated. Whilst ~100kyr spectral 
power is the dominant characteristic of the past ~500ka in the subtropical southwest 
Pacific SST reconstruction (Fig 6.3B), significant coherence with the obliquity cycle, 
but not the precession index, is seen to be maintained across most of this interval 
(Fig 6.4A). Closer examination of the structure of the middle/late Pleistocene SST 
cycles demonstrate that these are in fact more symmetric than the classic “saw-tooth” 
~100kyr pattern seen in the LR04 δ18Obenthic stack and taken here as a crude first-
order proxy for both global ice-volume fluctuations and the northern high-latitude 
climate response (Fig 6.5A). Instead, periods of relatively rapid cooling in the 
subtropical SST reconstruction follow the interglacial SST maxima and are followed 
by longer periods of relatively stable low SST. These differences are not an artifact 
of age model comparisons as the MD06-3018 δ18Obenthic record, which was tuned to 
LR04, but is derived from the same depth-space as the MD06-3018 SST record, also 
shows the same differences from the SST record (Fig 6.5A).  
 
The ‘interglacial’ parts of each 100kyr subtropical SST cycle, defined here as 
when SST exceeds 24ºC (the long-term mean value of the reconstruction over the 
past 800ka), are seen to be coincident with individual obliquity cycles, such that 
maximum SST corresponds to maximum obliquity (Fig 6.5A). The apparent 
exceptions at 200-250ka (around MIS 7) and 560-630ka (around MIS 15) are related 
to dual SST maxima separated by weak SST minima, but these are still seen to 
remain in phase with the obliquity variations. Therefore, the 100kyr 
glacial/interglacial mode in subtropical southwest Pacific SST seems to be closely 
paced by the obliquity cycle, consistent with the persistent coherence relationship 
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Figure 6.5  Plots over the past 800ka of A) MD06-3018 G. ruber Mg/Ca-derived 
SST, MD06-3018 Cibicides wuellerstorfi δ18Obenthic and the LR04 δ
18Obenthic stack  
[Lisiecki and Raymo, 2005]. Numbers refer to same selected MIS shown in Figure 2. 
B) Orbital obliquity from the La03 solution [Laskar et al., 2004]. C) MD06-3018 G. 
ruber Mg/Ca-derived SST versus EPICA composite δD record, re-sampled (via 
linear interpolation) to 2kyr resolution [Jouzel et al., 2007].  Dashed line shows 24ºC 
reference level (the long-term average of the SST reconstruction over the past 800ka) 
and grey shading shows periods when SST exceeds this. 
 
 
The combined effect of the various orbital cycles on mean-annual insolation 
at 23ºS is dominated by the effect of obliquity cycle. However, as has been 
previously documented for the equatorial Pacific [Liu and Herbert, 2004], this 
variability in local insolation forcing is almost exactly out of phase with the 
reconstructed subtropical southwest Pacific SST variability, even during the early 
Pleistocene where a dominant ~40kyr period is seen in both records. This means that 
the apparently obliquity paced variations in SST almost certainly cannot be a direct 
consequence of the effect of the orbital variations on local, low-latitude insolation. 
However, because changes in mean-annual insolation arising from obliquity 
fluctuations are out of phase between the low- and high-latitudes (but in phase 
between the two hemispheres), it also follows that the phase of the reconstructed SST 
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response would be consistent with the effect of the obliquity cycle on either the 
northern or southern high-latitudes. 
 
The observation that equatorial Pacific SST reconstructions are coherent 
with, but lead records of δ18Obenthic across the Pleistocene glacial/interglacial cycles 
suggests that the origin of the high-latitude sensitivity in wider low-latitude SST is 
unlikely to be in the northern hemisphere [Liu and Herbert, 2004; Medina-Elizalde 
and Lea, 2005]. However, this lead/lag relationship has been shown to also be 
potentially explicable by other factors [Ashkenazy and Tziperman, 2006]. The 
structure of the middle/late Pleistocene ~100kyr SST cycles seen in the MD06-3018 
reconstruction now provides an alternative approach to the problem, at least in the 
case of the subtropical southwest Pacific. 
 
The pattern of long periods of low SST separated by ~40kyr intervals of near 
symmetric warming and then cooling is similar to that seen in δD records from 
Antarctic ice cores [Jouzel et al., 2007] (Fig 6.5C), taken here as a first-order proxy 
for high-latitude southern hemisphere climate. The interval of greatest discrepancy 
between the two records at 550-600ka may be partly accounted for uncertainties in 
the MD06-3018 age model over that interval. The SST to δD similarity is in contrast 
to the differences observed between the SST reconstruction and the LR04 δ18Obenthic 
stack (Fig 6.5A) and supports the supposition that, during the middle/late Pleistocene 
at least, the origin of the strong obliquity signal within the subtropical southwest 
Pacific SST reconstruction was located in the southern, rather than northern, high-
latitudes. The question of what processes may have acted to communicate this signal 
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6.5.2 Orbital influences on subtropical southwest Pacific hydrological 
cycle variability 
 
The MD06-3018 ∆δ18Olocal reconstruction of regional hydrological cycle 
variability is subject to larger amplitude and phase uncertainties than the SST 
reconstruction as it depends upon both the uncertainties in the SST record itself and 
also the additional uncertainties arising from the correlation of two separate core age-
models. Even bearing this in mind, however, it is immediately evident that the 
spectral properties of the ∆δ18Olocal and SST records show significant differences 
over the past 1500ka (Figs 6.3B/D). Determining the orbital affinities of the 
significant 20-40kyr periodicities present in the ∆δ18Olocal reconstruction is not, 
however, possible from Figure 6.3D alone. The wavelet transform coherence 
method, as described in the previous section, provides a method for evaluating these 
dominant orbital influences on the ∆δ18Olocal record and hence, those acting on the 
regional hydrological cycle.  
 
The ∆δ18Olocal reconstruction shows generally lower coherence values with 
obliquity than was seen for SST and these values also generally decline over time 
such that no significant coherence is present after ~1000ka (Fig 6.4C). During the 
period prior to this, when significant coherence is present, the phase relationship 
between ∆δ18Olocal and obliquity is seen to be in near anti-phase (the opposite of what 
was observed for SST). This implies that tilt maxima coincided with minima in 
∆δ
18Olocal. Like SST, ∆δ
18Olocal shows patchy coherence with the La04 precession 
index across the duration of the record, but in the case of ∆δ18Olocal this is seen to 
become both persistent and highly significant over the past ~300ka (Fig 6.4D). Over 
this interval the ∆δ18Olocal record and the precession index are also seen to be in near 
anti-phase, again meaning that maxima in the La04 precession index coincided with 
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To investigate the sensitivity of the coherence analysis presented above to the 
tuning assumptions involved in the generation of the ∆δ18Olocal record, the same 
analysis was also undertaken with the alternative ∆δ18Olocal record based on the 
untuned δ18Osw records, analogously to what was done for the wavelet decomposition 
itself in §4.  In this case, coherence with obliquity is reduced to a non-significant 
level prior to ~1000ka, leaving only very patchy intervals of significant coherence 
across the record (not shown). Patchy intervals of significant coherence with the 
La04 precession index are retained across the duration of the record but the interval 
of enhanced persistence is now limited to the past ~200ka.  Therefore, the absence of 
significant coherence between ∆δ18Olocal and obliquity after ~1000ka and the increase 
in the coherence between ∆δ18Olocal and precession over the latter part of the 100kyr 
world are both apparently robust to the tuning assumptions used in the derivation of 
the ∆δ18Olocal record. However, both the presence of significant coherence between 
∆δ
18Olocal and obliquity prior to ~1000ka and the timing/duration of the increase in 
precession coherence are seen to be dependent to a significant degree on the tuning 

















Russon, 2010   
 152
6.5.3 Constraints on ‘super-ENSO’ over the MPT 
 
Prior to ~1000ka, the MD06-3018 reconstructions of subtropical southwest 
Pacific SST and hydrological cycle variability both show significant coherence with 
the obliquity cycle (Fig 6.4B/D), although the latter observation is known to be 
sensitive to the assumptions involved in the generation of the ∆δ18Olocal record. If 
accepted at face value, these observations could, however, potentially be indicative 
of the influence of an obliquity paced super-ENSO mode on the climate of the 
southern Coral Sea during the 40kyr world. The relative phase of the two 
reconstructions at the obliquity period is consistent with such a model, with SST 
maxima (minima) coinciding with ∆δ18Olocal minima (maxima), which is consistent 
with warm, wet La-Niña (cool, dry El-Niño) -like conditions. However, the specific 
hypothesis of Philander and Fedorov [2003] that the amplification of the obliquity 
cycle by the low-latitude ocean/climate system should favor an El-Niño (La-Niña) 
state when tilt is large (small) is in the opposite sense to what is observed in the 
MD06-3018 reconstructions. This does not preclude the existence of such a 
phenomenon, but does mean that it cannot have exerted the dominant control on 
either SST or hydrological cycle variability in the subtropical southwest Pacific. 
 
The definite absence of a persistently significant coherence relationship 
between the hydrological cycle reconstruction and obliquity after ~1000ka suggests 
that any obliquity paced super-ENSO mechanism that was present in the 40kyr world 
weakened over the MPT, with the dominant forcing mechanisms of SST and 
hydrological cycle variability becoming largely decoupled over the middle/late 
Pleistocene. In particular, whereas SST continues to exhibit significant coherence 
with obliquity across that time, the hydrological cycle reconstruction shows little 
persistent coherence with either obliquity or precession until 300-200ka. The 
apparent increase in the persistence of significant coherence with the precession 
index at that time must necessarily be interpreted with caution, given the 
uncertainties associated with the derivation of the ∆δ18Olocal record and its temporal 
resolution.  If, however, accepted at face value then the relationship may be 
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indicative of a precession paced super-ENSO mode becoming more significant over 
the latter part of the 100kyr world. 
 
The strength of the ENSO system sensu stricto on the multi-annual time-scale 
is thought to be related to the effect of precession forcing on seasonal insolation 
budgets within the low-latitude Pacific [Clement et al., 1999]. Furthermore, the same 
ENSO models also predict associated changes in the mean-state of the low-latitude 
Pacific on the time-scale of the precession cycle, with La-Niña like conditions being 
associated with high values of the La04 precession index. This scenario is consistent 
with the observed pattern of ∆δ18Olocal variability over the past ~300ka, with high 
precession index values nearly coincident with negative ∆δ18Olocal values (regionally 
wetter conditions, as associated with the La-Niña state in the regional ENSO cycle 
sensu stricto). In the modern climate regime, New Caledonia is more highly sensitive 
to ENSO fluctuations in precipitation than SST, mainly as a consequence of shifts in 
the position and intensity of the South Pacific Convergence Zone [Gouriou and 
Delcroix, 2002], with the El-Niño (La-Niña) mode characterized by dry (wet) 
conditions with inter-annual precipitation anomalies, relative to mean-annual values, 
of as much as 50% observed [Nicet and Delcroix, 2000]. Thus, the absence of a 
corresponding pattern of precession coherence in the SST reconstruction (Fig 6.4B) 
may be attributable to the relative weakness of the SST variations (in comparison to 
precipitation) associated with the ENSO cycle sensu stricto at the site. 
 
The interpretation of the precession cycle relationships, in relation to those at 
the obliquity, is necessarily very tentative at the present, but does at least suggest that 
the low-latitude coupled ocean/atmosphere system may potentially have contributed 
to a proposed increase in the sensitivity of the global climate system precession 
forcing within the 100kyr world [Imbrie et al., 1993; Raymo, 1997]. The future study 
of other sub-orbitally resolved reconstructions of low-latitude Pacific climate 
variability will allow the direct testing of whether the climatic pattern observed here 
is part of a wider, post-MPT, precession-paced, super-ENSO response. 
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6.5.4    Low-latitude Pacific SST forcing mechanisms over the MPT 
 
It has been proposed that radiative forcing arising from greenhouse gas 
variability dominates the low-latitude glacial/interglacial SST response, at least in the 
western Pacific, across the MPT [Medina-Elizalde and Lea, 2005]. Both model 
calculation of radiative forcing across the low-latitudes for the last glacial cycle 
[Broccoli, 2000] and the observation that low-latitude SST variability is close to 
being in-phase with atmospheric pCO2 variability over the past ~800ka [Jouzel et al., 
2007; Lea, 2004] support this interpretation. However, the MD06-3018 
reconstructions of subtropical southwest Pacific SST and hydrological cycle 
variability also provide evidence that obliquity paced super-ENSO fluctuations may 
also have significantly influenced low-latitude western Pacific climate prior to 
~1000ka.  
 
In order to better constrain the relative influences of these two mechanisms 
on both subtropical southwest Pacific SST in particular and SST in the wider low-
latitude system in general, the MD06-3018 SST reconstruction is now compared to 
others from the WEP (MD97-2140) [de Garidel-Thoron et al., 2005] and the EEP 
(ODP site 846) [Lawrence et al., 2006]. The core locations in relation to the modern 
Pacific mean-annual SST distribution are shown on Figure 5.1 and given in Table 
5.1. SST anomalies associated with the ENSO cycle sensu stricto are of the same 
sign (but different magnitude and phase) in the WEP and the southern Coral Sea, 
whereas the EEP is a region of extensive upper-ocean ventilation and hence ENSO 
SST anomalies here are anti-correlated to those in the western low-latitude Pacific 
(Fig 6.1). Unlike the Mg/Ca-derived western Pacific SST reconstructions, the ODP 
846 reconstruction is based on alkenone saturation indices. Whilst the two proxy 
systems involve different assumptions, they have been shown to be in agreement 
regarding first-order trends in EEP SST over the past 5000ka [Dekens et al., 2008]. 
The MD97-2140 and ODP 846 reconstruction are presented on the published core 
age models (Fig 6.6A). In order to analyze the long-term (i.e. super 
glacial/interglacial) trends in glacial/interglacial SST variance, all records were re-
sampled (via linear interpolation) at 5kyr resolution and linearly de-trended prior to 
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the calculation of a 400kyr moving box car standard deviation SST value (σSST, Fig 
6.6B).   
 
 
Figure 6.6  A) SST reconstructions from MD06-3018 in the subtropical 
southwest Pacific, MD97-2140 in the WEP [de Garidel-Thoron et al., 2005] and 
ODP 846 in the EEP [Lawrence et al., 2006]. The MD06-30178 and MD97-2140 
reconstructions are based on Mg/Ca and the ODP 846 reconstruction on alkenone 
saturation index paleothermometry methods. All records are presented on published 
age models. Vertical bar shows MD06-3018 sample reproducibility uncertainty, as 
defined in chapter 4, §3.1. B) 400kyr running box-car σSST records after linear de-
trending. Vertical bar shows 95% Confidence Interval (CI) for the σSST values. 
 
 
The two western Pacific SST reconstructions (MD06-3018 and MD97-2140) 
are seen to be within the 95% confidence interval on σSST of ±0.15ºC of one another 
throughout the past 1500ka (Fig 6.6B). There has, therefore, been no significant 
difference in glacial/interglacial SST variance between 2ºN and 23ºS in the western 
Pacific over this period. Furthermore, the first-order spectral properties of the two 
records are very similar (Fig 6.7A/B), suggesting that the timing of the MPT was also 
similar at both latitudes. These observations are most consistent with a dominant 
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greenhouse gas (i.e. spatially uniform) forcing of the reconstructed SST variability. 
A contribution from super-ENSO related circulation changes cannot be ruled out, but 
would be required to have been both uniform in SST amplitude between the two 





Figure 6.7  Local wavelet power spectra of the SST reconstructions from A) 
MD06-3018, B) MD97-2140 and C) ODP 846. All records were re-sampled (via 
linear-interpolation) to 5kyr resolution, de-trended and normalized to unit-variance 
prior to analysis. Wavelet decomposition was performed using the WTC-16 code 
[Grinsted et al., 2004]. Colour bar shows spectral power in normalized units of 
variance. Black contour-lines show 5% confidence intervals above a modelled first 
order autoregressive red-noise process. Shaded areas show the cone-of-interference, 
within which edge effects become significant.  
  
 
An additional line of evidence in support of a greenhouse gas dominated SST 
response is that the timing (~500ka) and increase in glacial/interglacial amplitude of 
~30% associated with the emergence of the ~100kyr SST cycles in the MD06-3018 
record are both consistent with the shift in glacial/interglacial pCO2 variability 
between the interval 800-500ka and the past five cycles seen in ice-core records 
[Luthi et al., 2008]. If it is assumed that the early Pleistocene glacial/interglacial 
pCO2 cycles were at a ~40kyr period and of similar amplitude to those of the 800-
500ka interval, as is supported by geochemical proxy reconstructions [Honisch et al., 
2009], then this would also be consistent with the dominant influence of greenhouse 
gas forcing on subtropical southwest Pacific SST having persisted across at least the 
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past 1500ka. The data presented here is most consistent with the contention that 
greenhouse gas forcing has dominated western low-latitude Pacific 
glacial/interglacial SST variability across the MPT and hence that the carbon-cycle 
acts as the main communicating mechanism for the high-latitude obliquity sensitivity 
described in §5.1. Whilst the influence of super-ENSO modes on the southern Coral 
Sea may be detectable during the early Pleistocene, they seem unlikely to have 
contributed significantly to the glacial/interglacial SST amplitude. 
 
Over the past 600ka, the EEP σSST record is seen to have been slightly higher 
in value, but within the 95% confidence interval, of those for the two western Pacific 
records (Fig 6.6B).  However, in contrast to the western Pacific records, no 
significant increase in EEP σSST is seen over the MPT interval. The resultant 
difference in σSST during the early Pleistocene between the eastern and western low-
latitude Pacific reconstructions exceeds the 95% confidence interval and is not a 
consequence of record de-trending, as the same exercise performed on the original 
un-trended records leads to an even greater calculated difference.  
 
The observed divergence of EEP and western low-latitude Pacific SST 
variance at 800-600ka is seen to have coincided with the decline in significant 
~40kyr spectral power (~700ka) seen in the ODP 846 record (Fig 6.7C). This, 
therefore, supports a significantly enhanced relative contribution from upper-ocean 
ventilation changes to EEP glacial/interglacial SST variability during the ~40kyr 
world [Philander and Fedorov, 2003; Liu and Herbert, 2004]. Thus, whilst 
greenhouse gas forcing has apparently dominated glacial/interglacial SST variability 
in the low-latitude western Pacific across the entire Pleistocene, the combined effect 
of the changes occurring during the MPT was to also increase its relative importance 
in areas of upwelling, such that by the end of the transition and the advent of the 
100kyr world, glacial/interglacial SST amplitudes do not significantly differ zonally 
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6.6  Conclusions 
 
The MD06-3018 Mg/Ca-derived reconstruction of subtropical southwest 
Pacific SST shows orbital time-scale variability in the range 2-3ºC and a clear MPT 
from dominant 40kyr to 100kyr modes, with the latter periodicity becoming more 
significant at ~500ka. In contrast, reconstructed regional hydrological cycle 
variability (based on the extraction of the local component of calculated δ18Osw 
variability, derived in turn from coupled δ18O-Mg/Ca measurements) does not show 
significant spectral power at the ~100kyr period over the past 1600ka, but patchy 
intervals of significant spectral power are present in the 20-40kyr band across the 
duration of the record. 
 
The MD06-3018 SST reconstruction shows a strong relationship to the orbital 
obliquity cycle across the past 1500ka which must arise from a high-latitude, rather 
than local, sensitivity to the orbital variations. The close correspondence within the 
100kyr world of the structure of reconstructed subtropical southwest Pacific SST 
variability with proxy records of Antarctic climate suggests that the origin of this 
sensitivity was located in the southern rather than northern high-latitudes. In contrast 
to the SST response, reconstructed hydrological cycle variability in the subtropical 
southwest Pacific shows only limited coherence with the obliquity cycle (with no 
significant coherence seen after ~1000ka) and a stronger relationship with the orbital 
precession index. 
 
The decoupling of the reconstructed SST and hydrological cycle responses 
indicate that obliquity paced super-ENSO fluctuations in the wider low-latitude 
ocean/atmosphere system could only have significantly affected the climate of the 
southern Coral Sea prior to ~1000ka. The amplitude of any such fluctuations is likely 
to have been relatively small, even during the 40kyr world, as comparison of the 
MD06-3018 SST reconstruction with others from the equatorial Pacific supports the 
view that greenhouse gas forcing has dominated glacial/interglacial SST variability 
in the low-latitude western Pacific across the entire Pleistocene.  
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More fundamentally, the present study has clearly demonstrated that 
reconstructions of different aspects of the low-latitude climate system show differing 
responses to orbital forcing across the MPT. This reflects the complexity of the low-
latitude system on these time-scales and highlights the importance of wide spatial 
coverage of multi-proxy reconstructions in understanding the evolving modes of 
climate response to orbital forcing. This chapter has, however, developed constraints 
on the structure and amplitude of orbital time-scale variability in both the low-
latitude ocean/atmosphere circulation system and the carbon-cycle over the MPT. 
The implications of these for the potential roles played by both systems in the change 
in global climate sensitivity to orbital forcing that occurred over the transition are 
discussed further in chapter 7, §2. The implications of the close relationship between 
reconstructed subtropical SST and ice-core pCO2 variability over the past 800ka, as 
described in §5.4, are also explored further in chapter 7, §5, this time in the context 
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Chapter 7: General Discussion 
 
7.1 Chapter overview 
 
 
 The preceding paper-style chapters have both presented and interpreted the 
down-core proxy data-sets from MD06-3018, in order to reconstruct aspects of the 
paleoceanography of the subtropical southwest Pacific on both orbital and >100kyr 
time-scales. The present chapter now synthesises the key findings from these 
chapters and uses these to address the general aim of the thesis, namely to better 
constrain and understand the roles played by the carbon-cycle and the low-latitude 
ocean/atmosphere circulation system in both the origins and structure of the MPT. 
Whilst no new data is presented in this chapter, some of the data-sets and 
comparisons presented previously are revisited in more detail or in different ways. 
As the discussion sections within the paper-style chapters are naturally self 
contained, this section does not generally revisit the specific arguments therein, but 
instead focuses on the integration of the different proxy systems and the placing of 
these into a wider context. The chapter concludes with an overview of both the 
specific research questions that have arisen from the present work and some of the 
current questions and opportunities in the general field of Pleistocene 
paleoceanography. 
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7.2 Orbital time-scale variability in the low-latitude ocean/atmosphere 
system: constraints from the meridional extent of the Pacific 
warm pool 
 
The advective fluxes of both heat and moisture within the upper-ocean and 
atmosphere, in both zonal and meridional senses, constitute important processes 
within the modern climate system, but are difficult to directly reconstruct in the past.  
However, as both temperature and salinity are conservative properties of seawater, 
spatial comparison of reconstructed SST and potentially also δ
18
Osw (although this 
approach then relies upon assuming an invariant salinity - δ
18
Osw relationship) 
patterns allows some inferences to be made regarding past ocean circulation patterns. 
One of the unifying themes of this thesis has been the application of this approach to 
the MD06-3018 Mg/Ca-derived reconstruction of southern Coral Sea SST, in 
comparison to others from the low-latitude Pacific, with a specific focus on better 
constraining the meridional components of heat transport from the Pacific warm pool 
on >100kyr and orbital time-scales.  
 
In chapter 5 it was demonstrated that no significant (in the sense of causing 
significant changes in reconstructed SST at 23ºS) fluctuations in the southern extent 
of warm pool influence have occurred on the >100kyr time-scale, at least over the 
past 1500ka. On orbital time-scales, chapter 6 showed that the patterns of 
reconstructed subtropical southwest Pacific SST and hydrological cycle variability 
are not consistent with either a dominant control from the obliquity paced super-
ENSO mechanism of Philander and Fedorov [2003] or the presence of any 
significant super-ENSO response at the ~100kyr period. These observations do not in 
themselves entirely preclude the existence of significant fluctuations in the southern 
extent of warm pool influence on 10-100kyr time-scales, as these may have occurred 
at other periods, for example that of the precession cycle. Any such fluctuations in 
the southern extent of warm pool influence could have arisen through either super-
ENSO type changes in the extent of the warm pool itself, or through changes in the 
subtropical surface ocean circulation regime. 
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 To constrain the extent of changes in the southern extent of warm pool 
influence across the entire 10-100kyr periodicity range, the MD06-3018 SST 
reconstruction is re-compared with the MD97-2140 Mg/Ca-derived SST 
reconstruction from the WEP [de Garidel-Thoron et al., 2005], the location of which 
is shown in Figure 5.1 and given in Table 5.1. If it is assumed, as in chapters 5 and 6, 
that the MD97-2140 core-site has always remained within the heart of the warm 
pool, then the SST gradient between the two sites, ∆SST (analogous to the ‘WEP-
Coral Sea’ gradient on Figure 5.2E) provides a proxy for the past southern extent of 
warm pool influence. If systematic changes in warm pool extent occurred sufficient 
to affect 23ºS then the wavelet decomposition of the ∆SST record should show 
significant spectral power at that period. The MD97-2140 record is presented on its 
published core age model, but in order to allow calculation of ∆SST both records 





The calculated ∆SST record shows fluctuations of 1-3ºC around a mean value 
of 3.5ºC over the past 1600ka (Fig 7.1B). This mean value is consistent with the 
modern value of ∆SST based on WOA2005 values (Fig 5.1). Some significant (at the 
5% confidence limit against red-noise) spectral power is seen in the wavelet 
decomposition of the ∆SST record in the 20-40kyr band over the past ~1000ka, and 
especially the past ~500ka (Fig 7.1C). This variability is seen to display no 
significant coherence with the orbital obliquity cycle (Fig 7.2A) and patchy 








                                                 
1
 The age-models for the two cores are not tuned directly to one another due to the absence of a 
δ
18
Obenthic record from MD97-2140. Direct tuning of the SST reconstructions would introduce 
significant circularity into the subsequent spectral analysis of the SST gradient record. 




Figure 7.1 A) Mg/Ca-derived SST reconstructions from MD06-3018 for the 
southern Coral Sea and MD97-2140 for the WEP [de Garidel-Thoron et al., 2005]. 
Both records are presented on the published age models. Vertical bar shows MD06-
3018 2σr uncertainty. B) Reconstructed SST gradient (∆SST) between the two sites. 
Grey shading shows ±2σdiff error envelope, assuming the MD06-3018 reproducibility 
error for both reconstructions. C) Local wavelet power spectra of ∆SST. Warmer 
colours represent greater spectral power (on a logarithmic scale from 1/16 to 16 units 
of squared normalized variance, the same as shown for Figure 6.3). Black contour-
lines show 5% confidence intervals relative to a first order auto-regressive red noise 
process. Shaded areas show the cone-of-interference, within which edge effects 

















Figure 7.2  Wavelet transform coherence analysis of ∆SST with A) orbital 
obliquity and B) precession index records from the La04 orbital solution [Laskar et 
al., 2004]. Warmer colours represent greater coherence (on a linear scale from 0 to 1, 
the same as shown in Figure 6.4). Wavelet analysis was performed using the WTC-
16 code [Grinsted et al., 2004]. Black contour-lines show 5% confidence intervals 
relative to red noise, determined using a Monte Carlo method. Shaded areas show the 
cone-of-interference, within which edge effects become significant. For areas of age-
period space with significant coherence, the phase relationship between the two 
variables is shown by black arrows. Right (left) pointing horizontal arrows denote an 
in-phase (anti-phase) relationship. 
 
 
The pattern observed in the ∆SST record of increasingly significant spectral 
power in the 20-40kyr band over the past ~500ka, coupled to significant coherence 
with the precession index, but not with the obliquity cycle is similar to that 
previously noted for the MD06-3018 reconstruction of regional hydrological cycle 
variability (Fig 6.3D and Figs 6.4C/D). This suggests that coherent precession 
related fluctuations in the southern extent of warm pool influence, as well as in 
regional precipitation patterns, may have been a feature of the 100kyr world. 
Although it is not significant against the red-noise test, spectral power above the 
background level is also present at the ~100kyr period over the past ~500ka, 
suggesting that the proposed enhanced sensitivity of the post-MPT warm pool to 
precession variability was also coupled to an enhanced ~100kyr response in the 
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extent of warm pool influence, probably as a consequence of the eccentricity 
modulation of the precession cycle.  
 
Although it is not significant at the 5% confidence limit, spectral power 
above the background level at the ~40kyr period is also present in the ∆SST record 
prior to ~1000ka (Fig 7.1C) and this variability is seen to be significantly coherent 
with the orbital obliquity cycle over the same interval (Fig 7.2A). This suggests that 
obliquity paced fluctuations in the southern extent of warm pool influence may have 
had a detectable, if small, influence on the southern Coral Sea during the 40kyr 
world. However, as was discussed in chapter 6, §5.4, the effect of any such 
fluctuations in forcing SST variability at both western low-latitude Pacific core 
locations, is very small compared to the contribution from greenhouse gas variability. 
 
The observed 1-3ºC amplitude of the observed 20-40kyr period ∆SST 
variability over the past 1600ka (Fig 7.1B) may be partly explained by super-ENSO 
oscillations in the size of the warm pool itself. The propagated sample reproducibility 
uncertainty on ∆SST (assuming MD06-3018 reproducibility error for both 
reconstructions) is 2σdiff=1.4ºC. The amplitude of modern ENSO seasonal SST 
anomalies in the southern Coral Sea are in the range 0.1-1.0ºC [Gouriou and 
Delcroix, 2002], consistent in order with the variance in ∆SST that cannot be 
accounted for by noise arising from the propagated sample reproducibility 
uncertainty. However, another possibility is that changes in the subtropical surface 
ocean circulation regime, rather than warm pool extent itself, led to the observed 
∆SST variability and this is considered below.  
 
Within the modern circulation regime, the influence of warm pool waters is 
carried southwards in the western Coral Sea by the East Australian Current, which 
separates from the Australian coast and flows eastwards at the Tasman Front (~32ºS) 
[Bostock et al., 2006] (Fig 2.2A). The Tasman Front represents a diffuse SST front 
separating warmer tropical and subtropical waters to the north from generally cooler 
(<20ºC) waters to the south. The front is also associated with a significant change in 
the planktic foraminiferal fauna, from a tropical/subtropical assemblage (with % 
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abundance G. ruber > 20% and Globoratalia inflata < 10%) to the north into a 
transitional assemblage (with % abundance G. ruber < 20% and G. inflata > 10%) at 
the front itself [Thiede et al., 1997]. Northward migration of the Tasman Front to 
~25ºS during the LGM has been proposed [Martinez, 1994; Kawagata, 2001; 
Bostock et al., 2006], possibly as a consequence of changing surface wind fields 
[Bostock et al., 2006]. Such a meridional change in front position could potentially 
have accounted for some or all of the increase in LGM seasonality seen in the 
MD06-3018 MAT-derived SST estimates (chapter 4, §4.3) as it would have acted to 
increase the meridional SST gradient at 23ºS.  
 
The MD06-3018 SST reconstruction shows mean-annual SST values of 
>20ºC for all MIS across the past 1600ka, regardless of whether a proxy correction 
methodology is applied or not (Fig 4.2B). This observation alone strongly suggests 
that the core-site has never been north of the Tasman Front, but relies on the 
reliability of the ability of the MD06-3018 Mg/Ca paleothermometer to record mean-
annual SST values. The planktic foraminiferal faunal assemblages presented in 
chapter 4 provide an alternative method to reconstruct front position in relation to the 
MD06-3018 core-site. Decreases (increases) in the relative abundances of G. ruber 
(G. inflata) are observed during selected glacial stages, relative to the corresponding 
interglacials, throughout the past 1600ka (Table 7.1). These changes are significant, 
but never large enough to have constituted a full shift from a tropical/subtropical to a 
transitional assemblage [Thiede et al., 1997].  
 
Both the geochemical SST reconstruction and the faunal counts argue against 
the Tasman Front having reached as far north as 23ºS during the LGM, or indeed 
during any MIS, over the past 1600ka. This approach places constraints on past 
Tasman Front migration, but does not preclude it having exerted a significant control 
on the observed glacial/interglacial variations in both seasonality and/or mean-annual 
SST. Therefore, the present MD06-3018 reconstructions cannot firmly resolve 
whether the origin of the 20-40kyr period variability observed in the reconstructed 
southern extent of warm pool influence was through super-ENSO modulation of 
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warm pool extent itself, or as a consequence of circulation changes within the 




MIS % G. ruber % G. inflata 
0 Late Hol 34.9 4.0 
10.1 Early Hol 45.5 4.1 
14.8 LGM/Hol 37.3 4.3 
22.7 LGM 28.8 7.1 
406.3 11 36.9 2.0 
430.6 12/11 29.1 6.6 
436.2 12 25.3 9.5 
1238.1 37 25.2 1.1 
1248.5 38/37 24.2 5.5 
1252.1 38 23.8 5.9 
 
Table 7.1 Percentage abundance data for G. ruber and G. inflata for selected 
MIS, as used in the high-resolution glacial termination data sets presented in chapter 
4. Full planktic faunal counts for these intervals are given in appendix 7. 
 
 
That the low-latitude ocean/atmosphere circulation regime exerts a significant 
influence on the global climate on the multi-annual time-scale is beyond dispute 
[Sarachik and Cane, 2010]. Millenial time-scale super-ENSO fluctuations have also 
been documented in warm pool SST patterns during both glacial stages [Stott et al., 
2002] and deglaciations [Visser et al., 2003]. This thesis supports the existence of 
significant >100kyr time-scale reorganizations of the low-latitude ocean/atmosphere 
circulation system, which may have played a key role in ice-sheet evolution and 
climate, although these changes were not manifested in the southern extent of warm 
pool influence. On the intervening, orbital time-scale, the nature of the low-latitude 
ocean/atmosphere circulation system response is shown to have been temporally and 
spatially variable as well as varying between the different orbital cycles themselves.  
 
The absence of ~100kyr spectral power from the middle/late Pleistocene 
reconstructions of both subtropical hydrological cycle variability (100kyr power 
completely absent in Figure 6.3D) and the southern extent of warm pool influence 
(100kyr power not significant in Figure 7.1C) shows that no coherent fluctuations in 
the low-latitude ocean/atmosphere circulation system occurred at that period. 
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Although obliquity related fluctuations in upper-ocean ventilation and the wider low-
latitude ocean/atmosphere system have exerted a significant influence on EEP SST 
during the 40kyr world, they are only very weakly detectable in the subtropical 
southwest Pacific, as discussed in the case of the regional hydrological cycle 
reconstruction in chapter 6 and as seen in the absence of significant 40kyr power 
prior to ~500ka in the ∆SST proxy record for the southern extent of warm pool 
influence in Figure 7.1C. Thus, whilst the relative importance of obliquity paced 
fluctuations in the low-latitude ocean/atmospheres system did apparently decline 
over the MPT, this change is unlikely to have significantly impacted high-latitude 
orbital time-scale climate variability.  
 
These constraints on the global influence of low-latitude ocean/atmosphere 
circulation system variability at both the 100kyr and 40kyr periods means that it is 
highly unlikely that the shift in orbital sensitivity seen in global climate over the 
MPT can be explained as a consequence of threshold changes in that system. 
However, there is tentative evidence from the reconstructions of both subtropical 
hydrological cycle variability and the southern extent of warm pool influence that the 
emergence of the dominant 100kyr climatic mode did act to increase the sensitivity 
of the low-latitude ocean/atmosphere system to forcing from the precession cycle, 
which may have then have significant influenced global climate at the ~20kyr period, 
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7.3 Orbital and >100kyr time-scale variability in the carbon-cycle: 
constraints from subtropical southwest Pacific deep water 
circulation 
 
Just as the low-latitude ENSO system is unquestionably important for global 
climate on inter-annual time-scales, the global carbon-cycle exerts a significant 
influence on climate on time-scales ranging from centuries to Myrs. On both the 
orbital and >100kyr time-scales, the key dynamic processes within the carbon-cycle 
remain poorly understood however, especially as regards the origin of the observed 
glacial/interglacial fluctuations in pCO2 [Archer et al., 2000; Sigman and Boyle, 
2000]. The close correspondence between Antarctic ice-core reconstructions of 
southern high-latitude air temperature and global pCO2 over the past 800ka [Jouzel et 
al., 2007], strongly suggests a close connection between southern high-latitude 
climate and the carbon-cycle fluctuations. This is consistent with process-based 
models advocating coupling between southern high-latitude climate, Southern Ocean 
deep water ventilation and the enhanced storage of DIC in the glacial stage deep 
ocean [Toggweiler et al., 2006]. Understanding the origin and structure of deep water 
circulation in the southern hemisphere is therefore important in evaluating such 
models. The MD06-3018 reconstructions of subtropical southwest Pacific deep water 
paleoceanography, as presented in chapter 3, allow for some new constraints to be 
placed on both the orbital and >100kyr time-scale distribution of southern 
hemisphere deep water masses. 
 
The deep water mixing regime in the subtropical southwest Pacific, as 
reconstructed from MD06-3018 δ
13
Cbenthic measurements, shows significant 
glacial/interglacial variability in the relative importance of different Southern Ocean 
source regions. This in turn implies the existence of significant spatial chemical 
gradients within the glacial stage Southern Ocean and in particular between the 
Pacific and Indian/Atlantic sectors, as described in chapter 3, §8.4. Reconstructions 
of the vertical deep water δ
13
C gradient in the southern Atlantic sector of the 
Southern Ocean resemble the variability seen in the Vostok atmospheric pCO2 record 
[Hodell et al., 2003]. This provides empirical support to modelling studies 
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suggesting that an enhanced stratification of the glacial deep ocean can significantly 
contribute to lowering atmospheric pCO2 [Toggweiler, 1999]. However, the present 
study suggests that whilst this pattern probably extended across the Indian sector (the 
Adélie Coast bottom water domain in the terminology of McCave et al. [2008]) it 
probably did not extend into the Pacific sector (the Ross Sea bottom water domain). 
This interpretation is consistent with the presence of highly depleted glacial 
δ
13
Cbenthic values seen in cores below ~2500m depth being restricted to the southern 
Atlantic and Indian Ocean sectors [Hodell et al., 2003]. 
 
The deep open Pacific, by far the largest reservoir of DIC on the planet, was 
therefore potentially not available as a sink for enhanced glacial carbon storage, or at 
least not to the same extent as the southern Atlantic and Indian Oceans. Many more 
deep sea δ
13
Cbenthic records, especially from the southern Pacific and Ross Sea are 
required to better constrain this spatial pattern, but enhanced glacial stage spatial 
variability in the pathways of southern hemisphere deep water circulation may 
provide an important limiting factor for models invoking physical and chemical 
stratification of the Southern Ocean as a mechanism for enhanced deep ocean carbon 
storage. 
 
The dominant source of deep water to the NCT over the past 1600ka 
remained the Southern Ocean, based on the use in chapter 3, §8.3 of equatorial 
Pacific δ
13
Cbenthic records to place limits on the potential contribution from North 
Pacific deep water ventilation. The δ
13
C approach alone cannot resolve flow-rate 
changes, but the pattern of variability observed across the MPT is difficult to explain 
without a general reduction in southern hemisphere deep water ventilation over the 
transition, as described in chapter 3, §8.5. This is consistent with previous studies on 
the Pacific DWBC [Hall et al., 2001; Crundwell et al., 2008], suggesting that it was 
a general trend associated with at least the Adélie Coast and Ross Sea deep water 
domains. Given that the MPT is also thought to have represented an interval of 
reduced northern hemisphere deep water formation [Raymo et al., 1997], it follows 
that the transition represented a relatively sluggish period of global deep water 
formation on the >100kyr time-scale. This contrasts with the glacial/interglacial 
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time-scale, on which northern and southern source deep waters show broadly 
opposing patterns of ventilation intensity [Charles and Fairbanks, 1992; Hall et al., 
2001]. The reasons for such a perturbation in deep water formation on the >100kyr 
time-scale are probably related to high-latitude climatic changes occurring during the 
MPT. One possible mechanism to explain the hemispherically symmetric nature of 
the changes is meridional shifts in the mid-latitude ocean/atmosphere front systems. 
Within the southern hemisphere for example, a weakened Antarctic Circumpolar 
Current during the MPT [Crundwell et al., 2008] may have interacted with the 
overlying atmospheric circulation to reduce the overturning of deep waters 
[Toggweiler et al., 2006].  
 
7.4 Orbital and >100kyr time-scale variability in the carbon-cycle: the 
role of neritic calcification 
 
The chronology and potential causes of the middle Pleistocene expansion of 
coral reef systems, as reviewed in chapter 4, §2, have important implications for the 
Pleistocene evolution of the global carbon-cycle. Changes in net reef calcification 
and hence the storage of alkalinity in the shallow (as opposed to deep) ocean, may 
have been sufficiently large on a global scale to have constituted a significant 
contributing mechanism for the observed glacial/interglacial variability in 
middle/late Pleistocene atmospheric pCO2, an idea that is known as the ‘coral reef 
hypothesis’ [Opdyke and Walker, 1992; Ridgwell et al., 2003; Vecsei and Berger, 
2004]. Ocean chemistry constraints suggest, however, that the coral reef hypothesis 
cannot plausibly have accounted for the entirety of the observed glacial/interglacial 
pCO2 variability [Archer et al., 2000; Sigman and Boyle, 2000].  
 
An alternative version of the hypothesis states that the shift between the 60-
90ppmV amplitude cycles prior to MIS 11 and the subsequent 90-100ppmV ones, as 
seen in Antarctic ice-core pCO2 records [Luthi et al., 2008] (Fig 7.3A), may have 
arisen from an increased contribution from neritic calcification during the last five 
interglacial stages [Rickaby et al., 2010]. This latter hypothesis requires that middle 
Pleistocene reef expansion was centred on MIS 11 and controlled by a global process 
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(i.e. sea-level change), rather than being a more diffuse period of expansion which 
could have been controlled, at least in part, by regional climatic factors.   
 
Figure 7.3  Plots of A) EPICA composite pCO2 [Luthi et al., 2008] and B) LR04 
stacked δ
18
Obenthic [Lisiecki and Raymo, 2005] over the past 800ka. Numbers show 
selected MIS. Arrow shows generalized period of global reef expansion, as discussed 
in chapter 4. 
 
 
The general >100kyr time-scale Plio-Pleistocene trends of global cooling and 
increasing global ice volume (falling sea-level) [Zachos et al., 2001; Lisiecki and 
Raymo, 2005] are both in the wrong sense to have plausibly limited reef development 
on the global scale prior to the middle Pleistocene. Furthermore, the Mg/Ca-derived 
SST reconstruction in the present thesis has shown that no significant trends are 
present in southern Coral Sea SST on the >100kyr time-scale over the past 1600ka. 
On the 10-100kyr time-scale, chapter 4 demonstrated that the combined proxy 
uncertainty associated with the MD06-3018 Mg/Ca-derived mean-annual SST 
reconstruction is such that no significant changes in interglacial climate can be 
identified. This does not, however, preclude a role for regional changes in seasonal 
SST in having limited reef development. However, the similar MAT-derived SST 
seasonality values associated with the Holocene, MIS 11 and MIS 37 reconstructions 
(chapter 4, §5.1) suggest that this is unlikely to have been the case. Although the data 
presented in this thesis cannot prove the point, it therefore seems reasonable to 
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assume that regional SST change did not provide a first-order limit to reef 
development on the glacial/interglacial time-scale. The MD06-3018 reconstruction of 
hydrological cycle variability does not show any significant shifts in either >100kyr 
time-scale or glacial/interglacial patterns of variability over the MPT interval 
(chapter 6, §5.2), suggesting that sea surface salinity was also unlikely to have 
exerted even a secondary control on reef expansion.  
 
If it is accepted that regional climate change in the southern Coral Sea is 
unlikely to have led to middle Pleistocene reef expansion then, by process of 
elimination, it follows that the most plausible explanation was the onset of the higher 
amplitude middle/late Pleistocene ~100kyr glacial/interglacial cycles in sea-level 
[Alexander et al., 2001; Yamamoto et al., 2006]. A dominant control from sea-level 
fluctuations would be consistent with, or at least not preclude, a globally 
synchronous reef expansion centred on MIS 11 and hence the revised form of the 
coral reef hypothesis [Rickaby et al., 2010]. Thus, whilst the coral reef hypothesis 
cannot plausibly explain the entirety of the middle/late Pleistocene pCO2 change, 
neritic calcification changes may have been an important factor in restructuring of 
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7.5 Climate sensitivity to pCO2 on orbital time-scales 
 
The quantification of the relationship between changes in atmospheric pCO2 
and the Earths surface temperature constitutes a key goal of modern climate science. 
However, the value of the ‘climate sensitivity’, defined as the equilibrium surface 
temperature change in response to a doubling of pCO2, is a function of both the 
starting conditions and the time-scale over which the climatic change occurs. Model 
studies of both the LGM and a 2 x CO2 world (relative to the pre-industrial) suggest 
that the amplitude of temperature change, at least as seen in low-latitude SST, is 
similar in both cases, suggesting that similar feedback processes are involved for 
pCO2 levels in the range 150-300ppmV [Broccoli, 2000]. This, in turn, suggests that 
paleoclimate reconstructions, at least over the middle/late Pleistocene, during which 
pCO2 is known to have remained within that same range (Fig 7.3A), can potentially 
provide an empirical alternative to a purely model based approach to the estimation 
of climate sensitivity. 
 
Paleoclimatic methods tend, however, to overestimate the true equilibrium 
climate sensitivity, as a consequence of the known importance of climatic feedback 
processes which are external to the carbon-cycle itself. These relatively rapid and 
generally positive feedback mechanisms, such as the greenhouse gas effect of water 
vapour and the ice/water albedo effect, may not have a significant radiative forcing 
effect on the centennial time-scale, but will be inseparably linked with the direct 
effect of pCO2 forcing in surface temperature change on millenial to orbital time-
scales. Hence, paleoclimatic approaches to climate sensitivity must generally be 
viewed as upper-bound estimates to the true value. The use of low-latitude western 
Pacific SST reconstructions, which yield lower amplitude of glacial/interglacial 
temperature variability than their high-latitude counterparts, has been suggested to 
provide the ‘best’ such estimates [Lea, 2004]. However, even in this case, both the 
amplitude and linearity of the feedback contribution (and hence over-estimation of 
true sensitivity to pCO2) remains effectively unknown [Toggweiler and Lea, 2010]. 
 
 
Russon, 2010   
 176
This thesis presents new data which suggests that there are good empirical 
reasons to suppose that the feedback/forcing relationship, at least as seen in low-
latitude SST (whether this extrapolates to global average surface temperature is not 
considered here) remains linear on orbital time-scales. This evidence comes from the 
observed similarity in the patterns of glacial/interglacial amplitude in reconstructed 
MD06-3018 SST and Antarctic ice-core pCO2 over the past 800ka (Fig 7.4A/B). To 
quantify this relationship, both of these records are normalized to unit standard 
deviation and zero mean, using equation 7.1 and plotted against each other in Figure 
7.4C.  
 
Equation 7.1   σ/)(` xxx −=   
( x  and σ are the mean and standard deviation respectively of the variable x over the 
duration of their respective records) 
 
A linear trend-line fitted through a correlation plot of the glacial/interglacial 
amplitudes of the two normalized records over the past 800ka yields a slope of 0.9 
(trend-line constrained to pass through origin) and a correlation coefficient value of 
r
2 
= 0.7 (Fig 7.4D). A strong positive correlation therefore exists between the 
variables at glacial terminations and crucially the normalized SST and ice-core pCO2 
records both show an increase in amplitude between the glacial/interglacial cycles of 
the 100kyr world and those before MIS 12 (Fig 7.4C). This observation is robust to 
the combined uncertainty concept for the Mg/Ca paleothermometer (as defined in 
chapter 4, §5.3) as the value of this term is ~1ºC for all interglacial MIS except MIS 
13 over the past 800ka. The absence of ice-core pCO2 records extending further back 
than 800ka means that the same methodology cannot be directly extrapolated into the 
40kyr world. However, geochemical reconstructions of early Pleistocene pCO2 
variability [Honisch et al., 2009] (purple crosses on Fig 7.4A) are consistent with the 
~40% increase in glacial/interglacial SST amplitude seen across the MPT in the 
MD06-3018 reconstruction (chapter 4, §4.1). Contrary to the suggestion of certain 
models [Kohler and Bintanja, 2008] there is, therefore, no clear empirical basis to 
suppose that either the linearity or magnitude of the climate sensitivity changed 
across the MPT.   
 




Figure 7.4  Plots of 5kyr smoothed (linear interpolation) A) EPICA composite 
pCO2 [Luthi et al., 2008] (solid red line) and geochemical reconstruction of pCO2 
based on boron isotopes from ODP 668B [Honisch et al., 2009] (purple crosses) and 
B) MD06-3018 Mg/Ca-derived SST. C) Plots of the SST and ice-core pCO2 records 
after normalization to unit standard deviation and zero mean (using equation 7.1), 
numbers show selected MIS. D) Correlation plot of normalized SST and ice-core 
pCO2 glacial/interglacial termination amplitudes, defined as maximum interglacial – 
minimum glacial normalized variance across the transition. Data is given for the 
eight full terminations included in both data-sets. A linear regression trend-line 
(constrained to pass through the origin); its equation and correlation coefficient are 
also shown.  
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The apparent first-order linearity of the low-latitude SST to pCO2 relationship 
on orbital time-scales, as seen in Figure 7.4D, suggests that the key feedback 
processes acting on these time-scales are both near-linear and temporally invariant. 
Using SST records from the western low-latitude Pacific, such as MD06-3018, to 
estimate the upper-bound climate sensitivity provides an average value of 
~2ºC/100ppmV (equivalent to 5.6ºC/280ppmV), based on the glacial/interglacial 
cycles of the past 800ka. Comparison with anthropogenic time-scale climate 
sensitivity estimates arising from the 2 x CO2 ocean/atmosphere global circulation 
models (2-6ºC/280ppmV) shows that the paleoclimatic value is indeed at the upper 
end of, but not outside, the model estimates [Jansen et al., 2007]. Thus, whilst the 
paleoclimate approach cannot necessarily help refine model estimates of climate 
sensitivity within the 2-6ºC/280ppmV range, they do provide independent 
confirmation that this range is indeed appropriate and in particular that any higher 
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7.6 The origins of the early Pleistocene intensification of northern 
hemisphere glaciation  
 
Statistical analysis of δ
18
Obenthic records has shown that the expansion of ice-
volume associated with the intensification of NHG during the early Pleistocene 
occurred over a ~40kyr interval centred on ~920ka, significantly prior to the 
emergence of dominant ~100kyr periodicity at ~600ka (Fig 1.3) [Mudelsee and 
Schulz, 1997; Clark et al., 2006], a conclusion that is also supported by more recent 
attempts to de-convolve the global δ
18
Osw (ice-volume) component from the 
δ
18
Obenthic records [Sosdian and Rosenthal, 2009]. This suggests, although does not 
necessarily imply, that the origin of the 100kyr glacial/interglacial mode of the 
middle/late Pleistocene was a consequence of the expanded ice-sheets themselves 
and this forms the basis of many of the proposed solutions to the ‘100kyr problem’, 
as discussed in chapter 1, §7.3. Therefore, analogously to the introductory chapter, it 
now makes sense to consider first what the MD06-3018  reconstructions can inform 
us about the >100kyr time-scale processes that might have caused the early 
Pleistocene expansion of northern hemisphere ice-volume, before reconsidering them 
in relation to the ‘100kyr problem’ in the following section. 
 
The main hypotheses for processes that may have caused the intensification 
of NHG invoke either long-term cooling, driven by a >100kyr time-scale decline in 
pCO2 [Raymo, 1997; Paillard, 1998], or changes in meridional ocean/atmosphere 
heat and/or moisture fluxes arising from the low-latitude ocean/atmosphere system 
[McClymont and Rosell-Mele, 2005; Jia et al., 2008]. The long-term cooling 
hypothesis is not supported by geochemical reconstructions of early Pleistocene 
pCO2, which show no significant >100kyr time-scale trends [Honisch et al., 2009] 
(Fig 7.4A). In contrast, the relative timing of  reconstructed early Pleistocene changes 
in low-latitude meridional SST gradients (~1200-1000ka, as discussed in chapter 5) 
and ice-volume expansion (940-900ka, [Mudelsee and Schulz, 1997]) suggests that 
the low-latitude SST gradient changes preceded the high-latitude ice-volume changes 
by periods similar to the assumed characteristic times of large ice-sheets themselves 
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(i.e. 10-100kyr) [Imbrie et al., 1993]. Thus, the potential mechanisms underlying 
such a ‘low-latitude scenario’ deserve further investigation. 
 
The magnitudes of reconstructed changes in the equatorial to subtropical and 
zonal equatorial Pacific SST gradients are relatively small over the Pleistocene (of 
the order of 0.1 - 1.0ºC/Myr, Fig 5.2E), certainly when compared to those occurring 
at high-latitudes. However, even very small changes in the low-latitude ocean 
circulation regime and SST distribution can have extremely important implications 
for the overlying atmospheric circulation [Rind and Perlwitz, 2004; Otto-Bliesner 
and Clement, 2005; Brierley et al., 2009], principally because the majority of deep 
atmospheric convection occurs over the warm waters of the low-latitude ocean, 
especially those of the Pacific warm pool. Given that the atmosphere is responsible 
for at least half of the meridional heat transport between the low- and high-latitudes 
in the modern climate system [Trenberth and Solomon, 1994], it is probable that SST 
induced changes in the atmospheric fluxes, rather than ocean circulation changes 
themselves, played the dominant role in communicating any low-latitude signal into 
the high-latitudes on the >100kyr time-scale [McClymont and Rosell-Mele, 2005; 
Brierley et al., 2009; Brierley and Fedorov, 2010].  
 
Modelling studies show that meridional SST changes are more important than 
zonal ones for both global cooling and the increase in moisture supply to the northern 
high-latitudes [Brierley and Fedorov, 2010]. In particular, model simulations based 
on an increasing meridional low-latitude SST gradient indicate simultaneous 
reductions (increases) in heat (moisture) transport to the northern high-latitudes 
[Brierley and Fedorov, 2010]. Chapter 5 has shown that warm pool contraction 
during the early Pleistocene was hemispherically asymmetric, consistent with such a 
pattern of SST evolution in the northern (but not southern) subtropical Pacific. 
Therefore, whilst the general sense of the McClymont el al. [2005] hypothesis may 
well be correct, namely that reorganisation of the low-latitude ocean/atmosphere 
circulation system dictated the timing of ice-volume expansion in the northern 
hemisphere, it is now proposed that meridional, rather than zonal, SST gradient 
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changes constituted the key influence on the overlying atmospheric circulation 
patterns. 
 
The observed >100kyr time-scale changes in the low-latitude SST 
distribution are likely to have ultimately originated in the structure of the thermocline 
and the thermal characteristics of the water masses found at those depths, thus 
providing an ultimate connection back to the climate of the high-latitudes. It has been 
proposed that the progressive shoaling of the EEP thermocline has been a general 
feature of the late Neogene, with the onset of upwelling of cool waters and hence the 
establishment of a pseudo-modern low-latitude ocean/atmosphere circulation system 
at ~3000ka [Philander and Fedorov, 2003]. The ultimate onset of this process may 
have been related to the closing of the Panamanian isthmus, although the relative 
chronology of these events remains poorly resolved. It is now proposed that the 
continued >100kyr time-scale evolution of the equatorial upwelling system 
potentially led to a further contraction of the warm pool during the late Pliocene and 
early Pleistocene which, through the mechanisms discussed above, may have 
significantly influenced meridional heat and moisture fluxes to the northern high-
latitudes prior to the MPT. The arguments in this thesis cannot refute the long-term 
cooling hypothesis for the origins of the early Pleistocene intensification of NHG, 
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7.7 The ‘100kyr problem’ revisited  
 
The dominant ~100kyr periodicity seen in reconstructions of middle/late 
Pleistocene climate variability is unlikely to represent a direct response of the climate 
system to the orbital eccentricity cycle, as suggested in Hays et al. [1976], because 
insolation changes at that period are extremely small (at all latitudes), both in an 
absolute sense and in relation to the insolation changes occurring at the precession 
and obliquity periods [Imbrie et al., 1993; Elkibbi and Rial, 2001; Maslin and 
Ridgwell, 2005]. This implies that the bulk of the insolation forcing at the ~100kyr 
period arises from processes internal to the Earth system, as suggested by Imbrie et 
al. [1993]. That study, in common with most other early approaches to the problem 
suggested that long characteristic times associated with ‘large’ ice-sheets was the 
principal origin of this forcing, although subsequent studies have now challenged this 
view [Ruddiman, 2003; Shackleton, 2000; Liu et al., 2008; Toggweiler, 2008]. In 
particular, it has been proposed that the ~100kyr period may have originated 
principally in the carbon-cycle [Shackleton, 2000; Toggweiler, 2008] and hence that 
the MPT represented a fundamental shift in the mode of carbon-cycle, rather than 
ice-sheet dynamics, response to orbital forcing. Alternatively, reconstructions of low-
latitude SST variability showing that the 100kyr mode may have appeared earlier 
there than in ice-volume, suggest that changes in the low-latitude ocean/atmosphere 
circulation system may have played a role in the evolving orbital sensitivity [Liu et 
al., 2008]. This section considers what the subtropical view on the MPT derived in 
this thesis can contribute to the ‘100kyr problem’ debate. 
 
As was discussed in §2, the reconstructions of subtropical climate variability 
over the MPT presented here are not consistent with the low-latitude 
ocean/atmosphere circulation system having played a key role in the origin of the 
100kyr mode. However, whereas the ‘internal-modes’ within the ocean/atmosphere 
circulation system are generally limited to sub-kyr periods by the relatively short 
characteristic times for the advective processes in those systems, the carbon cycle has 
the potential for 10-1000kyr internal-modes, as a consequence of the much longer 
characteristic times associated with aspects of the inorganic carbon-cycle, notably 
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rock weathering and carbonate sedimentation [Toggweiler, 2008; Russon et al., 
2010b; Toggweiler and Lea, 2010]. This means that the carbon-cycle response to 
orbital forcing can vary from orbital cycle to cycle, with the potential to amplify 
climatic signals at some periods and buffer others, as seems to be the case for the 
~400kyr eccentricity cycle [Russon et al., 2010b]. Within the ‘carbon-cycle view’ of 
the 100kyr problem, the ~100kyr mode may have originated either as a consequence 
of such internal amplification at the eccentricity period [Shackleton, 2000] or as a 
purely internal mode of the system [Toggweiler, 2008]. 
 
The present thesis supports the view of a strong coupling of southern high-
latitude climate, the carbon-cycle and, through greenhouse gas forcing, low-latitude 
Pacific SST variability on orbital time-scales. However, this relationship appears to 
be strongly connected to the orbital obliquity cycle and is apparently maintained into 
the 100kyr world, as demonstrated by the in-phase early glacial stage cooling 
relationships seen in Figure 6.5 and discussed in chapter 6, §5.1. Furthermore, the 
higher pCO2 values associated with the last five interglacial MIS, relative to their 
counterparts during the MPT, may potentially be explicable by the revised form of 
the coral reef hypothesis, as discussed in §4. On the balance of the evidence 
considered here, therefore, the structure of the 100kyr mode in middle/late 
Pleistocene pCO2 is more consistent with a modified form of the inferred early 
Pleistocene 40kyr mode than either an internal mode of the carbon-cycle or an 
enhanced response to the eccentricity cycle. Within this interpretation, the MPT 
probably did not represent a fundamental shift in the sensitivity of the carbon-cycle 
to orbital forcing.  
 
In contrast, several lines of evidence support the ‘traditional’ view that the 
origin of the 100kyr mode lay in some aspect of northern hemisphere ice-sheet 
dynamics. Within the data presented here, the onset of statistically significant, rather 
than simply ‘above-background’, ~100kyr variability in the wavelet decomposition 
of both the LR04 δ
18
Obenthic (Fig 1.2B) and MD06-3018 δ
18
Osw (Fig 6.3C) records 
occurred relatively early (900-700ka) compared to all of the low-latitude SST 
reconstructions, which show it at 650-500ka (Fig 6.7). Further, additional lines of 
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evidence, not based on the new data presented here, are provided by the increasing 
variety of relatively sophisticated models that can simulate an MPT using ice-sheet 
processes [Clark et al., 2006; Bintanja and van de Wal, 2008], demonstrating an 
increasing well understood physical basis for this approach. More generally, but of 
great fundamental importance, statistical studies show that the deterministic 
component of 10-100kyr time-scale climate variability increased during both the 
onset of NHG and its intensification during the early Pleistocene [Meyers and 
Hinnov, 2010], suggesting that the deterministic nature of the climate response to 
orbital variations is coupled to ice-dynamics. Resolving whether the threshold in ice-
sheet dynamics crossed during the MPT involved bedrock interactions [Clark and 
Pollard, 1998], the merger of previously distinct ice-sheets [Bintanja and van de 
Wal, 2008], sea-ice dynamics [Gildor and Tziperman, 2000] or simply the capacity 
of expanded ‘large’ ice-sheets to withstand weak summer insolation maxima [Imbrie 
et al., 1993] is outside the scope of the present discussion.  
 
Addressing the question of what defined the ‘period’ of the ~100kyr ‘cycles’ 
is extremely challenging given the existence of only five to seven (depending on 
where one draws the boundary of the 100kyr world) such oscillations, the significant 
differences in both duration and structure existing between each of these and the 
circular assumptions involved in conventional orbital tuning methods [Huybers and 
Wunsch, 2005]. It does appear, however, that the timing of glacial terminations in the 
100kyr world was phase-locked in some way to bundles of either precession [Imbrie 
et al., 1993; Raymo et al., 1997] and/or obliquity [Huybers and Wunsch, 2005; Liu et 
al., 2008] cycles. The present thesis cannot discriminate between these two views but 
does suggest that the low-latitude ocean/atmosphere circulation system became more 
sensitive to precession forcing in the 100kyr world, which may plausibly have played 
a role, through changes in low- to high-latitude heat and moisture export, in the 
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Regardless of the pacing issue, any conceptual model of climate in which the 
sensitivity of northern hemisphere ice-sheets to orbital forcing causes the 100kyr 
mode deglaciations to occur also implies that the timing of de-glacial changes in 
pCO2 would have lagged those in global ice-volume. In such a view, the pCO2 
changes would have arisen as a consequence of relatively rapid ocean/atmosphere 
teleconnection processes communicating the northern high-latitude response into the 
Southern Ocean and then acted as a significant feedback on warming and ice-sheet 
melting [Imbrie et al., 1993; Ruddiman, 2003]. The approach taken throughout the 
present thesis, of comparing the amplitudes, structures and spectral properties of 
various proxy signals representing different aspects of the climate system response, 
supports the general form of these models and hence, a lead of northern hemisphere 
climate and global ice-volume records over southern hemisphere climate and carbon-
cycle records during 100kyr world glacial terminations [Alley et al., 2002].   
 
In contrast, the opposite conclusion, namely that pCO2 and low-latitude SST 
leads global ice-volume at glacial terminations, has been arrived at in several studies 
based on directly studying the phase relations of the various proxies at glacial 
terminations [Lea et al., 2000; Tachikawa et al., 2009; Shackleton, 2000; Toggweiler 
and Lea, 2010]. Whilst it is not possible to say unequivocally which approach is 
more reliable, it is argued that the latter approach, as a consequence of focusing on 
1kyr time-scale lead/lag relationships rather than 10-100kyr features, is likely to 
much more prone to errors arising from age-model uncertainties. The observation 
that both ice-core pCO2 and low-latitude Pacific SST lead δ
18
Obenthic by several kyr at 
middle/late Pleistocene glacial terminations, whilst replicated in many studies 
(including the MD06-3018 data itself, as may be seen in Figure 6.5A, although in 
general the present reconstructions are not at sufficiently high resolution), may be a 
consequence of not only these age-model uncertainties but also of proxy rectification 
effects [Ashkenazy and Tziperman, 2006]. In neither case would the observation 
necessarily imply a ‘true’ climatic lead of pCO2 over ice-volume. Furthermore, the 
apparent de-glacial lead of pCO2 over global ice-volume is also removed when the 
rate of change of ice-volume with time, rather than ice-volume itself, is considered 
[Roe, 2006]. 
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The data and analysis presented in this thesis certainly cannot unequivocally 
resolve these questions. However, the opinion of the author is that the general view 
of the Milankovitch paradigm as outlined in Imbrie et al. [1992,1993], in which the 
100kyr mode arises through the non-linear response of northern hemisphere ice-
sheets to orbital forcing and the carbon-cycle acts as a radiative forcing feedback, 
remains viable and not in need of fundamental revision, although some slight 
reformulations may be required regarding the parameterization of both the orbital 
forced changes in insolation [Huybers, 2006] and ice-volume terms [Roe, 2006]. 
More significant questions do remain regarding both the pacing of the 100kyr 
‘cycles’ and what the 100kyr mode may represent in terms of the Myr time-scale 




7.8  Inter-hemispheric asymmetry in the glacial/interglacial climate 
 response across the Mid-Pleistocene Transition 
 
Although the model for the middle/late Pleistocene 100kyr mode of climate 
variability, as discussed in the previous section, does not support the existence of a 
‘true’ climatic lead of the carbon-cycle over northern hemisphere ice-volume during 
glacial terminations, it is consistent with the presence of significant inter-hemispheric 
asymmetry in the 10-100kyr time-scale climate response [Shackleton, 2000; 
Tachikawa at al., 2009]. The MD06-3018 SST reconstruction clearly shows the same 
characteristic ‘southern hemisphere’ features that are seen in previous 
reconstructions from across both the low-latitudes and the wider southern 
hemisphere [Martinez-Garcia et al., 2009; Tachikawa et al., 2009; Toggweiler and 
Lea, 2010], namely early glacial cooling and the attainment of glacial maxima 
conditions. These same features are also shared, to some extent, with Antarctic ice-
core pCO2 records but differ from the more saw-toothed signal seen in both stacked 
δ
18
Obenthic records and proxy reconstructions of northern high-latitude climate       
(Fig 6.5 and see chapter 6, §5.1 for discussion). Such inter-hemispheric asymmetry 
has been previously documented on millenial time-scales during both glacial stages 
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[Blunier and Brook, 2001] and glacial terminations [Toggweiler and Lea, 2010]. On 
the orbital time-scales now considered here, it is proposed to have arisen within the 
100kyr world because the southern hemisphere and low-latitude climate response is 
closely coupled, through greenhouse gas forcing, to that of the carbon-cycle and 
hence the effect of the orbital obliquity cycle, whereas the northern hemisphere 
response is dominated by the 100kyr mode in ice-sheet dynamics.  
 
Resolving whether this asymmetry has been a feature only of the 100kyr 
world or whether it has persisted across the MPT is rendered difficult by the absence 
of ice-core pCO2 records extending beyond ~800ka. However, the arguments 
presented in §5 suggest that low-latitude SST reconstructions, such as that for 
MD06-3018, provide an acceptable, albeit indirect, guide to carbon-cycle variability 
across the transition. Thus, if δ
18
Obenthic is assumed to proxy variability in global ice-
volume and reconstructions of low-latitude SST, that in pCO2 during the 40kyr 
world, then both the ice-sheet (occurring mainly, but not necessarily exclusively, in 
the northern hemisphere [Raymo et al., 2006]) and the carbon-cycle (driven mainly 
by southern hemisphere processes) responses are seen to have been at the 40kyr 
period and to have been in-phase with the orbital obliquity cycle. As insolation 
changes arising from the obliquity cycle are in-phase between the two hemispheres, 
it is proposed that the response of the carbon-cycle in the 40kyr world may have 
arisen, at least in part, directly from obliquity forcing of southern high-latitude 
insolation rather than indirectly through teleconnections arising from northern high-
latitude ice-sheet dynamics [Imbrie et al., 1992]. In any case, the arguments 
presented here lead to the testable hypothesis that inter-hemispheric climate 
variability on the orbital time-scale has only been a feature of the 100kyr world and 
was not present in the 40kyr world. 
 
In summary, the MPT clearly represented a protracted and complex period of 
non-linearity in the response of the global climate system to orbital forcing. Current 
data constraints are not adequate to fully characterize the changes occurring in all 
aspects of the climate system over the transition, but it is argued here that the two 
key features of the transition, namely the expansion of global ice-volume and the 
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emergence of the ~100kyr glacial/interglacial mode, are both best explained as a 
result of northern high-latitude processes. The early Pleistocene intensification of 
NHG may, however, have been a consequence of >100kyr time-scale changes in the 
low-latitude ocean/atmosphere circulation regime. In any case, this expansion of 
northern hemisphere ice-sheets probably then led ultimately to the emergence of the 
more non-linear ~100kyr mode. During the middle/late Pleistocene the global 
climate response has represented a complex blend of the continued obliquity 
dominated influence from the southern high-latitude carbon-cycle response and the 
powerful new ~100kyr northern high-latitude ice-sheet response. The low-latitude 
ocean/atmosphere circulation system also acted to amplify the effects of the 
precession cycle over this interval. Thus, whilst ~100kyr periodicities are present as 
a dominant spectral feature of climate records from all latitudes and both 
hemispheres, the second-order features of the 10-100kyr climatic response is seen to 
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7.9 Research questions arising from this thesis 
 
 As a consequence of the relatively scarcity of previous ocean drilling 
campaigns in the subtropical southern Pacific, the down-core reconstructions 
presented in this thesis are, in many cases, the first that span the MPT at comparable 
resolution from a relatively large area of the global ocean. It is, therefore, entirely 
unsurprising that the analysis of the MD06-3018 records has led to at least as many, 
if not more, future research directions than those addressed in the initial aims of the 
thesis. A summary of the key opportunities arising from the work is given below: 
 
• The MD06-3018 SST reconstruction has clearly demonstrated important 
spatial variability in the pattern of Pacific warm pool contraction on the 
>100kyr time-scale. More SST reconstructions from areas peripheral or 
outside the modern warm pool, in both hemispheres, are needed in order to 
better describe this pattern and constrain its impact on the wider 
ocean/atmosphere system. Furthermore, a core from ~10ºS in the western 
Pacific would also allow more detailed evaluation of any orbital time-scale 
fluctuations in the southern extent of the warm pool. 
 
• More modelling studies are required to evaluate whether the documented 
>100kyr low-latitude ocean/atmosphere circulation changes could indeed, as 
is suggested here, have plausibly limited the intensification of NHG and if so, 
by what specific mechanism (i.e. heat or moisture transport) this might have 
been occurred. As concluded in chapter 5, such modelling studies must 
carefully consider the choice of SST boundary conditions and in all 
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• Given the likely importance of the >100kyr mean-state of the low-latitude 
Pacific ocean/atmosphere system in global climate over the Pliocene-
Pleistocene boundary, other subtropical reconstructions, of longer temporal 
duration than MD06-3018 are also required. A picture of the late Pliocene 
warm pool region is now emerging [Medina-Elizalde and Lea, 2010], but this 
needs to be complimented with subtropical reconstructions at similar 
resolutions from both hemispheres in order to constrain meridional heat and 
moisture fluxes over the onset of NHG. 
 
• The major limitation inherent in the deep water aspect of this work is the 
absence of any proxy for flow speed in either the NCT itself or the Tasman 
Sea, which means that only upper and lower limits could be placed on the 
influence of different water masses. The acquisition of sortable silt, or maybe 
εNd, data would allow for some evaluation of the potential role played by flow 
changes on the δ
13
Cbenthic proxy system. 
 
• The deep water circulation component of this study has also led to the 
directly testable hypothesis that the influence of the relict northern source 
deep water signal that is apparently present in the NCT should also be 
present, indeed even more strongly, in the northern Tasman Sea. The 
acquisition of a Pleistocene record from 2000-3000m water depth in this 
location would allow the evaluation of this idea and further constrain the 
vertical and spatial distribution of water masses in the region. 
 
• The Mg/Ca proxy system, especially the influence of salinity on the 
incorporation of Mg into foraminiferal calcite, is still not yet well enough 
understood. This situation, whilst improving rapidly, requires both more 
controlled condition culture studies and, crucially from a paleoceanographic 
perspective, more single-core multi-proxy SST reconstructions, such as 
Dekens et al. [2008], to allow better evaluation of the relative performances 
of the proxy systems. In the specific case of MD06-3018, the acquisition of 
radiocarbon dates for the core-top (which is currently in progress) will at least 
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allow for evaluation of whether the calibration offset described in chapter 4, 
§3.1 is a consequence of core-top age. 
 
• If the role played by coral reef systems in the global carbon-cycle on 
glacial/interglacial time-scales is to be better understood, more studies using 
techniques that offer sub-orbital resolution to date the onset and expansion of 
reef development during the middle Pleistocene are required. Furthermore, 
the MD06-3018 SST reconstruction suggests that future millennial time-scale 
reconstructions of seasonal SST variability in the Coral Sea SST, especially if 
focused on the MIS 15 – MIS 11 interval, have the potential to significantly 
refine understanding of the exact relationship between the timing of reef 
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7.10 Future directions in Pleistocene paleoceanography 
 
A single, consistent and complete explanation for orbital time-scale climate 
variability across the Plio-Pleistocene remains elusive at the time of writing this 
thesis. Advances over the past decade in both proxy reconstructions and system 
modelling on these time-scales have, however, led to significant progress and 
coalescence of opinion, on some aspects of the problem at least. It is likely that over 
the coming decade further progress will be made, with the clearest opportunities 
increasingly focused around the interaction of the proxy data and modelling fields. 
Given that no simple general orbital theory of climate is able to address all of the key 
problems within the Milankovitch paradigm and in particular those of the ~100kyr 
cycles and the MPT, it follows that understanding of at least some aspects of the 
‘real’ system dynamics is required. However, it is also indubitably the case that 
paleoceanography remains a ‘data-poor’ science and that limitations imposed by both 
the availability of proxies for key environmental variables and the coverage of those 
that are already established seriously limits both model development and evaluation 
at present.   
 
Bearing this in mind, three particular exciting directions seem to be open to 
the general field at the present time. Firstly, and closely aligned to the fundamental 
contribution of this thesis itself, is the expansion of the spatial coverage of down-
core proxy records of key climatic variables, such as SST, so as to allow better 
dynamical understanding of spatial processes such as ocean circulation in the past. 
This is crucially important because the role of meridional heat and moisture fluxes 
within the ocean/atmosphere system on orbital and >100kyr time-scales remains 
poorly understood. These fluxes may, as has been discussed at some length in this 
thesis, potentially have constituted an extremely important component of the global 
climate system response, especially on the >100kyr time-scale. This is true not only 
for the early Pleistocene intensification of NHG but also for the transition from the 
Pliocene into the Pleistocene and the onset of that glaciation and for understanding 
the warm climates of the early Cenozoic, which may provide the most appropriate 
analogue for an anthropogenic future. Progress in this area is dependent on both the 
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increasing availability of global ocean/atmosphere circulation and intermediate 
complexity models, which can adequately resolve the relevant ocean/atmosphere 
dynamics and upon the acquisition of spatially targeted, down-core proxy records of 
variables such as SST to both constrain model boundary conditions and evaluate 
model performance. 
 
Secondly, the emergence of geochemical proxies for quantifying aspects of 
the inorganic carbon cycle within the oceans, such as foraminiferal calcite boron 
isotopes and B/Ca ratios, provide the potential to quantitatively reconstruct 
atmospheric pCO2 and ocean carbon chemistry on orbital time-scales over the entire 
Plio-Pleistocene.  Such work will allow rapid development of understanding of how 
the climate to carbon-cycle relationship evolved across the MPT and thus of the 
carbon-cycle response to orbital forcing in general. As such, these methods provide 
clear opportunities to test and develop many of the ideas presented in this thesis. 
 
Thirdly, the relationship between orbital forcing, carbon-cycle variability and 
the climate system response is clearly not the same for all orbital periods and there is 
evidence for significant decoupling, at least at the ~400kyr eccentricity cycle period 
[Wang et al., 2004; Russon et al., 2010b]. Establishing which processes, whether 
geological or biogeochemical, act on these ‘long’ orbital time-scales to effect this 
decoupling may provide essential insights on the orbital response at other periods. In 
this case, only simple carbon-cycle models are likely to be appropriate, but 
considerable work remains on improving and testing such models and as for the 
previous case, the absence of spatially distributed proxy records of carbon-cycle and 
climate variability hamper this. 
 
 In little over half a century, paleoceanography has expanded scientific 
understanding of the past state of the Earths ocean/atmosphere systems from being 
virtually non-existent to a state where much is understood about both the natural 
modes of variability and the system dynamics on time-scales ranging from the inter-
annual to Myrs. Whilst very significant gaps remain in this understanding, as has 
been outlined above, and research will certainly continue with an aim to better 
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developing this core understanding, it is also likely that the bulk of 
paleoceanographic effort for the coming decades will become focused more on the 
concept of ‘climate-services’ - research targeted to improving understanding of the 
likely system response to the current anthropogenic carbon-cycle perturbation. In the 
context of the definition of the 100kyr world used in this thesis, the Holocene 
represents the latest of five interglacial periods and within the Pleistocene as a whole, 
it represents but one amongst many. However, the coming millennia will likely not 
constitute the start of another long cooling into a future glacial maximum, as a 
consequence of the anthropogenic carbon-cycle perturbation. Thus, whilst 
developing the orbital theory of climate remains of underlying importance to the 
field, the greatest requirements are now the acquisition of the data required to 
constrain and quantify ocean circulation and carbon-cycle variability on the 
‘background’ time-scales to the anthropogenic excursion. In doing this, 
paleoceanography will have contributed greatly to collective understanding of both 
the past and future behaviour of the complex system upon which we all depend. 
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Chapter 8: Conclusions 
 




This chapter summarises the specific conclusions from chapters 2 through 6 
and also the more general conclusions derived in chapter 7. Not all of the conclusions 
present in the paper-style chapters are reproduced here, the focus being on those that 
are deemed the most novel and significant as well as those that provide a narrative 
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8.2 Marine sediment core MD06-3018 as an archive for subtropical 
southwest Pacific paleoceanography 
 
• The sedimentary mode at the core-site of giant piston core MD06-3018 (2470m 
water depth and 23ºS in the NCT) whilst not purely pelagic, is always dominated 
by the pelagic component. Carbonate preservation within the core is excellent 
and does not vary as a function of core depth, meaning that the geochemical 
signatures housed within the core have the potential to provide reliable 
paleoceanographic proxies.  
 
8.3 Deep water circulation in the subtropical southwest Pacific on 
orbital and >100kyr time-scales 
 
• Glacial stage deep water δ13C values in the NCT over the past 1100ka, 
reconstructed through MD06-3018 C. wuellerstorfi δ
13
Cbenthic measurements, 
cannot be explained entirely from a purely open Pacific deep water source. 
Instead, a significantly enhanced relative influence from glacial Tasman Sea deep 
waters, compared to those from the open Pacific, is required in comparison to the 
interglacial stage regime. This implies a relatively enhanced glacial stage 
influence of isotopically-depleted mid-depth deep waters of Southern Ocean 
origin in the Pacific DWBC, as compared to the Tasman Sea. The glacial stage 
Southern Ocean is hence shown to contain significant spatial chemical gradients 
at depths (~2500m) well above the sea floor topography. 
 
• On the >100kyr time-scale, the influence of the chemically younger Tasman Sea 
deep waters on the subtropical southwest Pacific mixing regime is seen to be a 
persistent feature of at least the past 1100ka. The spatial δ
13
C gradient between 
the mid-depth deep waters of the Tasman Sea and the Pacific DWBC was, 
however, generally reduced during the MPT interval, consistent with this having 
been a period of reduced deep water ventilation in both hemispheres. 
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8.4 The paleoceanography of the southern Coral Sea on orbital and 
>100kyr time-scales 
 
• The MD06-3018 G. ruber Mg/Ca-derived reconstruction of SST in the southern 
Coral Sea reveals a very stable long-term paleoclimatic history over the past 
1500ka, with variability of <0.5ºC on the >100kyr time-scale. 
 
• Glacial/interglacial variability in the subtropical SST reconstruction lies in the 
amplitude range 2-3ºC and shows a clear MPT from dominant 40kyr to 100kyr 
modes, with the latter periodicity becoming more significant at ~500ka.  
 
• Reconstructed subtropical SST variability is seen to have remained coherent and 
in-phase with the orbital obliquity cycle across the past 1600ka and this 
sensitivity must have arisen from the high-latitude, rather than the local insolative 
effects of the orbital variations. Within the 100kyr world, the SST reconstruction 
shows the same, obliquity paced, early glacial stage cooling pattern seen in 
records of southern high-latitude climate. This suggests that the southern, rather 
than northern high-latitudes were the source of the obliquity signal seen in low-
latitude SST. 
 
• Reconstructed regional hydrological cycle variability (based on the extraction of 
the local component of calculated δ
18
Osw variability, derived in turn from coupled 
G. ruber δ
18
O-Mg/Ca measurements) does not show significant spectral power at 
the ~100kyr period over the past 1600ka, but patchy intervals of significant 
spectral power are present in the 20-40kyr band across the record. This variability 
shows patchy coherence with the precession cycle over the duration of the record 
but only limited coherence with the obliquity cycle and no significant 
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8.5 Limitations of the Mg/Ca paleothermometer in reconstructing 
southern Coral Sea paleoceanography: implications for the 
causes of middle Pleistocene reef expansion 
 
• The sample reproducibility error for the Mg/Ca paleothermometer does not 
always provide a realistic estimate of the true proxy uncertainty. A method for 
better estimating the ‘combined uncertainty’ associated with the reconstructed 
southern Coral Sea SST values has been developed, based on proposed 
corrections for the effects of past variations in both salinity and Mg/Ca(sw). The 
value of the combined uncertainty is seen to be up to twice as large during 
glacial, as opposed to interglacial, stages.  
 
• Comparison of the MD06-3018 G. ruber Mg/Ca-derived SST values with 
planktic foraminiferal transfer function derived estimates of past seasonal SST 
variability suggests that no significant bias away from mean-annual SST is 
present in the down-core Mg/Ca reconstruction.   
 
• Although reconstructed glacial/interglacial amplitudes of southern Coral Sea 
mean-annual SST variability increased by ~1ºC (~40%) over the MPT, the 
combined proxy uncertainty is such that no statistically significant change in 
these values is detectable on the >100kyr time-scale, or even between individual 
interglacial MIS. This suggests that regional climatic change probably did not 
constitute a significant cause of middle Pleistocene reef expansion. The 
paleothermometry proxy limitations, especially as regards past changes in 
seasonality, are, however, such that this question cannot be unequivocally 
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8.6 Subtropical Pacific constraints on >100kyr time-scale variability 
in the low-latitude ocean/atmosphere circulation system: 
implications for the origins of the Mid-Pleistocene Transition 
 
• The reconstructed SST gradient across the southern boundary of the Pacific warm 
pool is shown to have remained stable, on the >100kyr time-scale, over at least 
the past 1500ka. It follows that no significant meridional fluctuations in the 
southern extent of the warm pool have occurred over this interval, in contrast to 
both the northern and eastern warm pool boundaries, both of which underwent 
contraction during the early Pleistocene. The early Pleistocene warm pool is 
therefore shown to have been more meridionally asymmetric than its modern 
configuration, which was established by ~1000ka. 
 
• If it is assumed that the position of maximal atmospheric convergence in the 
western Pacific followed the centre of the warm pool, then this would have 
migrated southward over the interval 1200-1000ka (with an uncertainty not 
exceeding ±100kyr on both the start and end age values), consistent with a 
strengthening of the northern branch of the atmospheric Hadley circulation at that 
time. 
 
• The relative timings of the early Pleistocene intensification of NHG and changes 
in the >100kyr time-scale state of the low-latitude ocean/atmosphere circulation 
system, as seen in the reconstructed SST patterns, are consistent with the latter 
having potentially been the origin of the former, through changes in the 
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8.7 Subtropical Pacific constraints on orbital time-scale variability in 
the low-latitude ocean/atmosphere circulation system and the 
carbon-cycle: implications for the structure of the Mid-
Pleistocene Transition 
 
• The spatial pattern of reconstructed glacial/interglacial SST variability in the 
low-latitude western Pacific is consistent with pCO2 forcing having dominated 
the SST response across the MPT. The carbon-cycle was the main communicator 
of the southern high-latitude obliquity signal seen in the subtropical SST 
reconstruction. Furthermore, the relationship between the amplitudes of 
glacial/interglacial variability seen in subtropical Pacific SST and ice-core pCO2 
is close to being linear, implying that paleoclimate records can provide useful 
upper-bound estimates of the equilibrium climate sensitivity to pCO2 forcing. 
 
• Comparison of orbital time-scale variability in western Pacific SST 
reconstructions with those from the EEP demonstrates that the importance of 
upper-ocean ventilation changes as an alternative mechanism for the 
communication of the high-latitude obliquity signal into low-latitude Pacific SST 
declined over the MPT, at the same time as the amplitude of glacial/interglacial 
pCO2 forcing increased.  
 
• The response of the low-latitude ocean/atmosphere circulation system on orbital 
time-scales is complex. No coherent fluctuations of significant amplitude in 
either the southern extent of warm pool influence or the subtropical southwest 
Pacific hydrological cycle are detectable at the ~100kyr period. At the obliquity 
cycle period, ‘super-ENSO’ fluctuations significantly affected the climate of the 
EEP and may also be weakly detectable in the subtropical southwest Pacific 
hydrological cycle. The relative importance of this mechanism apparently 
declined over the MPT (1000-700ka), such that by the end of the transition 
glacial/interglacial SST amplitudes did not significantly differ zonally across the 
low-latitude Pacific.  
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• The constraints presented here on the plausible global climate impacts of orbital 
time-scale variability in the low-latitude ocean/atmosphere circulation system 
mean that the emergence of the ~100kyr mode during the MPT cannot 
realistically have originated principally in that system. 
 
• Although the carbon-cycle constraints presented here are more indirect than those 
for the low-latitude ocean/atmosphere circulation system, they similarly suggest 
that the MPT did not represent a fundamental shift in the mode of carbon-cycle 
response to orbital forcing. This is based principally on the persistence of a 
strong southern high-latitude obliquity signal, communicated by greenhouse gas 
forcing, in subtropical SST variability across the MPT. Within this interpretation, 
the higher amplitude pCO2 cycles seen over the past ~500ka are potentially a 
consequence of enhanced de-glacial neritic calcification arising from global 
changes in glacial/interglacial sea-level variability during the MPT.  
 
• Whilst not allowing direct evaluation of the competing hypotheses, the 
subtropical data presented in this thesis favour a version of the traditional 
‘northern hemisphere ice-sheet dynamics’ hypothesis as the most likely solution 
to the ‘100kyr problem’. Within such a model, the early Pleistocene 
intensification of NHG, which may have been driven by long-term changes in the 
low-latitude ocean/atmosphere circulation system, led ultimately to the 
emergence of the higher amplitude and more non-linear 100kyr 
glacial/interglacial mode. The inter-hemispheric asymmetry in the 10-100kyr 
climate response present within the 100kyr world is seen as a consequence of the 
interaction of this northern high-latitude mode with the southern high-latitude 
carbon-cycle response to obliquity forcing, which was maintained across the 
MPT. Such an inter-hemispheric asymmetry is predicted to have not been present 












































Very deep, very deep is the well of the past. 
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Appendix 1: Principles of the foraminiferal stable 
isotope and Mg/Ca trace-metal proxy systems 
 
A1.1 Stable oxygen isotopes in foraminiferal calcite 
 
Oxygen exists in three stable isotopes; 18O (relative abundance, 0.2%), 17O 
(0.04%) and 16O (99.8%).  Measurements of the relative abundances of the two most 
common isotopes, 16O and 18O, may be expressed in ‘δ’ notation, defined as follows: 
 




















Oδ  (‰) 
 
Calcareous marine organisms, such as foraminifera, build their shells through 
the incorporation of Ca2+ and the DIC species CO3
2- and HCO3
-. The stable isotopic 
composition of oxygen in the resulting biogenic calcite (δ18Ocalcite) thus depends 
directly upon the isotopic composition of the DIC species. However, the number of 
oxygen atoms contained in H2O itself is four orders of magnitude greater than that in 
all of the DIC species combined, meaning that it is the isotopic composition of the 
seawater (δ18Osw) that principally controls the signal incorporated into calcite [Zeebe 
and Wolf-Gladrow, 2001]. As a consequence of the ‘δ’ definition (as in equation 
A1.1), δ18O measurements are necessarily given relative to a reference material. For 
δ
18Ocalcite, this is normally that of the Vienna Pee Dee Belemnite (VPDB) and this is 
assumed throughout the thesis unless specifically stated otherwise.  
 
In addition to the direct control exerted by δ18Osw on δ
18Ocalcite, there exists a 
well established temperature dependent fractionation of oxygen isotopes between 
H2O and CaCO3 [Zeebe and Wolf-Gladrow, 2001].  Unifying these two factors leads 
to the prediction of a relationship between δ18Ocalcite, the calcification temp (Tcalc) and 
δ
18Osw which dates back to the work of Harold Urey and constitutes the most well 
used of all paleoceanographic proxy systems. The first experimental determination of 
this relationship, known as the ‘isotopic paleotemperature equation’, was undertaken 
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in the 1950s and is normally given in the form of equation A1.2, where both 
δ
18Ocalcite and δ
18Osw are on the VPDB scale. All the δ
18Osw values presented in this 
thesis are derived from this equation and are hence also presented on the VPDB 
scale. For seawater measurements of δ18Osw, the reference is generally that of Vienna 
Standard Mean Ocean Water (VSMOW), but these may be linearly ‘converted’ into 
the VPDB reference frame, using equation A1.3 [Hut, 1987].  
 
Equation A1.2  218181818 )()( swcalciteswcalcitecalc OOcOObaT δδδδ −+−+=  
 




SMOWswVPDBsw OO δδ = - 0.27 
 
The three empirical constants a, b and c in equation A1.2 are only weakly 
dependent on the taxa and size fraction used and the magnitude of c is very small 
compared to those of a and b such that the equation is often made linear [Bemis et 
al., 1998]. Crucially the sensitivity of δ18Ocalcite to changes in Tcalc (i.e. the magnitude 
of b) is of the order of 0.2‰/ºC. The analytical precision for measurements of 
δ
18Ocalcite is generally less than 0.1‰, meaning that changes in Tcalc of ~0.5ºC are 
potentially resolvable with the method if δ18Osw is known. However, constant δ
18Osw 
cannot be safely assumed on most paleoceanographic time-scales.  
 
Variability in δ18Osw at a given location is controlled both by fluctuations in 
the local and regional hydrological cycle, due ultimately to the mass dependent 
fractionation of oxygen during precipitation and evaporation, and by global 
fluctuations in δ18Osw. The latter effect is highly significant on glacial/interglacial 
time-scales with the waxing and waning of large ice-sheets which store significant 
amounts of water enriched in the light 16O isotope. This effect is clearly closely 
coupled to global sea-level fluctuations such that the sensitivity of δ18Ocalcite to 
changes in sea-level is of the order of -0.01‰/m. On time-scales exceeding that of 
deep ocean mixing (i.e. > ~1kyr), the global-ice volume contribution to δ18Ocalcite 
variability should be spatially homogenous, providing the basis for the use of such 
measurements as a stratigraphic correlation tool.  
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The relationship between δ18Osw and salinity is nearly linear on the regional 
scale, but across the globe the values of the slope of this relationship range from 0.2 
to 1.0 ‰, with the tropical Pacific values lying towards the lower end [LeGrande and 
Schmidt, 2006]. Thus, the sensitivity of δ18Ocalcite to plausible salinity fluctuations 
arising from regional hydrological cycle fluctuations on the glacial/interglacial time-
scale is of the order of 0.1‰, an order of magnitude smaller than both the ice-sheet 
and temperature contributions. However, regional hydrological cycle induced 
changes in the δ18Ocalcite signal may still be detectable in regions with dynamic 
hydrological systems, provided that careful assumptions are made to remove the 
other effects.  . 
 
An additional complexity in the δ18O proxy system arises from the fact that 
oxygen isotopes also exhibit fractionation between different DIC species within 
seawater. The relative abundances of these species are a function of seawater pH, 
which in turn relates to [CO3
2-], such that δ18Ocalcite also depends on [CO3
2-] [Zeebe 
and Wolf-Gladrow, 2001]. The strength of this effect is of the order of -0.002 
‰/(µmol/kg) [Spero et al., 1997] however, meaning that glacial/interglacial shifts in 
mean ocean alkalinity of ~100 µmol/kg could potentially account for only ~0.2‰ of 
the change in δ18Ocalcite. The carbonate chemistry control is thus relatively modest 
and is generally neglected in glacial/interglacial time-scale paleoceanographic 
reconstructions. 
 
The dominant controls on δ18Ocalcite on the glacial/interglacial time-scale are 
local Tcalc and global ice-volume fluctuations, except in areas with very strong 
regional hydrological cycle responses. Both of these two main effects act in the same 
direction, such that during glacial stages, which are both colder and associated with 
greater global ice-volume, have relatively enriched (positive) δ18Ocalcite signatures 
compared to interglacial stages. The great advantages of the δ18Ocalcite proxy are its 
relative ease of measurement and the high signal / analytical error ratio (generally > 
10) on the glacial/interglacial time-scale.  However, the known significance of two 
semi-independent environmental controls provides a serious limitation to its use as a 
quantitative reconstructive proxy for past temperature (or indeed ice-volume) 
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variability. One approach to minimize this effect is to use the δ18O records of benthic 
foraminifera (δ18Obenthic) as a guide to global ice-volume variability, based on the 
assumptions that the fluctuations in DWT, unlike SST, on these time-scales are 
relatively small. An additional refinement is the used of “stacked” δ18Obenthic records, 
such as the SPECMAP project [Imbrie and Imbrie, 1980] or the LR04 stack [Lisiecki 
and Raymo, 2005] which, through spatial averaging, may act to further remove any 
DWT signal. However, work over the past decade has demonstrated that the effect of 
DWT on δ18Obenthic is also more significant than previously assumed and that it is 
variable on a basin scale [Shackleton, 2000; Skinner and Shackleton, 2005; Lisiecki 
and Raymo, 2009]. Thus, whilst δ18Ocalcite measurements remain the workhorse of 
modern paleoceanography, both as a paleotemperature proxy and as a stratigraphic 
correlation tool in the creation of core-age models, there remain considerable 
assumptions and uncertainties inherent in both techniques. 
  
A1.2 Stable carbon isotopes in foraminiferal calcite 
 
Carbon has only two stable isotopes 13C (relative abundance, 1.1%) and 12C 
(98.9%). The δ13C notation is defined analogously to δ18O (equation A1.1) and 
δ
13Ccalcite measurements are also quoted relative to VPDB. As a proxy system, δ
13C in 
foraminiferal calcite possesses certain similarities, but also many very important 
differences to that of δ18Ocalcite. The similarities arise from the fact that the origin of 
the carbon atoms in the biogenic calcite, as for the oxygen ones, is from DIC species 
in seawater. Unlike for oxygen, however, very little temperature dependant fraction 
occurs during calcification [Zeebe and Wolf-Gladrow, 2001], meaning that δ13Ccalcite 
is primarily sensitive to the isotopic composition of the DIC species (δ13CDIC), but 
not to changes in Tcalc.  
 
Were it the case that δ13CDIC variability at a given water depth and location 
was dominated by a single process on a given time-scale, then the δ13Ccalcite proxy 
should in principle be simpler to interpret than δ18O. This is not the case as, unlike 
δ
18Osw, δ
13CDIC is strongly influence by biological processes through the carbon 
isotope fractionation occurring during photosynthesis and the formation of organic 
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matter. This means that, unlike temperature, salinity and δ
18Osw, δ
13CDIC cannot be 
viewed as a “conservative” water-mass proxy. Within the upper-ocean, where 
photosynthesis occurs, the biological effects dominate the fluctuations in δ13CDIC on 
most time-scales, meaning that paleoceanographic δ13Cplanktic records tend to be very 
noisy and very difficult to interpret. Indeed, the δ13Cplanktic record for the sediment 
core considered in this thesis is presented for reference only (appendices 4 and 6) and 
is not discussed in detail.  
 
In areas without very large systematic fluctuations in overlying primary 
productivity on the time-scales of interest, the δ13CDIC of deep water masses may, 
however, behave as a pseudo-conservative tracer of water mass origin. This effect 
arises through the differences in the δ13CDIC signatures of the surface waters in the 
areas of deep water formation, which is then retained within the deep water mass. 
Given that modern deep water formation occurs only in a few locations, which are 
characterized by very different surface ocean δ13CDIC values, namely the North 
Atlantic and parts of the Southern Ocean, measurements of δ13Cbenthic may potentially 
be used to identify the relative influences of such water masses [Charles and 
Fairbanks, 1992]. The biological effect also remains important for deep water 
masses through the “aging-effect” caused by the progressive addition of isotopically 
light, remineralized organic carbon from the upper-ocean into the deep waters. This 
has the effect of progressively lightening the δ13CDIC values as a function of 
cumulative overlying productivity, which relates both to the rate of flow of the deep 
water mass and on the productivity regime itself.  
 
The sensitivity of δ13CDIC to changes in [CO3
2-] is much greater than that for 
δ
18Osw, to the extent that a significant fraction of measured glacial/interglacial 
δ
13Ccalcite change may represent shifts in [CO3
2-] and whole ocean alkalinity [Spero et 
al., 1997].  Because changes in [CO3
2-] are broadly inversely correlated to shifts in 
atmospheric pCO2, it follows that mean-ocean changes in δ
13CDIC also relate to 
changes in atmospheric pCO2. Stable carbon isotopes, particularly as measured in 
benthic foraminifera, therefore have the potential to yield information about water 
mass origin and ventilation rate, primary productivity and ocean/atmosphere carbon 
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chemistry. They are thus a highly valuable and versatile proxy system, but the 
multiple and spatially variable nature of the controlling factors means that very great 
care is required in their interpretation. 
 
A1.3 Mg/Ca ratios in foraminiferal calcite 
 
Of all the conservative properties of seawater few, if any, is as important for 
our understanding of global climate as the temperature of the water mass. As was 
discussed above, measurements of δ18Ocalcite are sensitive to changes in Tcalc, but the 
additional and co-varying control from δ18Osw means that quantification of 
temperature changes using that system alone is rendered difficult. Thus, a major goal 
in paleoceanography over the past two decades has been the development of 
alternative, quantitative proxies for Tcalc. One such technique involves measurement 
of the Mg/Ca ratio within foraminiferal calcite. The principle that the incorporation 
of Group II metals other than calcium into the biogenic calcite lattice may be 
temperature dependent was suggested as early as the 1950s [Chave, 1954], but 
paleoceanographic calibrations of the proxy have only become available from the 
mid 1990s onwards [Nurnberg et al., 1996; Elderfield and Ganssen, 2000]. One very 
great attraction of an ‘inorganic’ paleothermometer, such as Mg/Ca, is that coupled 
measurements of δ18O and Mg/Ca may be made on the same material allowing 
quantification of two of the three variables in equation A1.2 and hence the 
calculation of δ18Osw. The form of the relationship between Mg/Ca and Tcalc is 
empirically determined to be exponential, as shown in equation A1.4. 
 
Equation A1.4  calcbTaeCaMg =/    
 
(Mg/Ca is given in units of mmol/mol and a and b are the pre-exponential and 
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Most calibrations for planktic foraminifera yield a value for b of ~0.1, 
meaning that the sensitivity of Mg/Ca to changes in Tcalc is ~10%/ºC. Standard error 
propagation formulae mean that the error on Tcalc, σ(Tcalc), resulting from the error on 
Mg/Ca, σ(Mg/Ca), is as given in equation A1.5. 
 
Equation A1.5  )/(/)/()( CaMgbCaMgTcalc σσ =  
 
The form of this equation means that the error in Tcalc increases with 
decreasing Mg/Ca (or indeed temperature itself) and also that the value and 
uncertainty of the exponential constant b is also important in the Tcalc error. Given 
that planktic foraminiferal Mg/Ca values generally lie within the range 1-5 
mmol/mol and analytical precision for measurements (which are principally achieved 
via Inductively Coupled Plasma – Optical Emission Spectroscopy, ICP-OES) is 
better than 0.1mmol/mol, it follows that the Mg/Ca system offers the potential to 
resolve Tcalc differences of the order of 0.2ºC. In reality, however, the sample 
reproducibility error tends to greatly exceed this analytical error, as is discussed in 
the case of the MD06-3018 measurements in chapter 4, §3.1. 
 
A wide range of calibration curves now exist for the planktic Mg/Ca proxy 
system, based on sediment trap [Anand et al., 2003; McConnell and Thunell, 2005], 
core-top [Elderfield and Ganssen, 2000; Lea et al., 2000] and culture [Kisakurek et 
al., 2008] studies. All support the general form of equation A1.4 but provide 
differing estimate of the values for a and b. The pre-exponential constant in 
particular varies significantly as a function of taxa, size fraction and cleaning 
methodology used. The uncertainty on Tcalc arising from the calibration uncertainties 
in a and b is of the order of several ºC, meaning that the relative error in down-core 
temperature reconstructions is always much less than that for single absolute value 
temperature reconstructions, or the comparison between reconstructions made on 
different calibrations. A much more limited number of benthic foraminiferal 
calibrations exist [Marchitto et al., 2007; Elderfield et al., 2010], potentially 
allowing the reconstruction of DWT and the separation of this from the global ice-
volume contribution to δ18Obenthic [Sosdian and Rosenthal, 2009].  
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As with all proxies, other environmental factors exert secondary controls on 
the recorded Mg/Ca ratios. At present the most important such controls are though to 
be exerted by salinity and [CO3
2-] [Kisakurek et al., 2008; Sadekov et al., 2008].  The 
proposed salinity control varies widely between calibration studies but potentially 
implies that some form of correction is required before coupled δ18O-Mg/Ca 
measurements may be used to resolve the isotopic paleotemperature equation 
[Mathien-Blard and Bassinot, 2009]. Furthermore, calcite dissolution has been 
shown to preferentially remove Mg-enriched material from the tests meaning that 
empirical corrections are required for core-sites affected by dissolution [Dekens et 
al., 2002]. A final uncertainty stems from the tacit assumption in equation A1.3 that 
the Mg/Ca ratio of the surrounding seawater (Mg/Ca(sw)) remains constant on the 
time-scale of interest. Unlike for δ18Osw, this assumption is reasonable on 
glacial/interglacial timescales given the relatively long residence times of Mg and Ca 
in the ocean. However, modelling studies suggest that this may not be the case on 
longer (i.e. >100kyr) time-scales [Fantle and DePaolo, 2005, 2006] and that 
reconstructions beyond the past ~1000ka in particular may need to be corrected for 
the evolution of Mg/Ca(sw) [Medina-Elizalde et al., 2008]. The effect of these factors 
on the combined proxy uncertainty is discussed in chapter 4. 
 
At present, Mg/Ca paleothermometry is the most established tool for 
reconstructing Tcalc from planktonic marine carbonates. The method offers a high 
signal/analytical error ratio (generally >20) and, whilst significantly more complex 
than stable isotope analysis, a relatively simple sample preparation protocol. 
However, the proxy remains relatively ‘young’ compared to the stable isotope 
methods and is the subject of much ongoing work to better constrain both the non-
temperature related factors affecting the system as well as intra- and inter-test 
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Appendix 2: Laboratory method, ICP-OES settings, 
calibration standards, reference materials and sample 
rejection criteria used for trace-metal analysis 
 
A2.1 Trace metal sample preparation methodology 
 
The following method is based closely on the non-reductive (‘Mg/Ca’) 
method outlined in Barker et al., 2003. Comparison of ICP measured sample calcium 
concentrations to initial, un-cleaned, sample weights, suggests a cumulative mass 
loss of 40-60% during trace metal cleaning. All work was undertaken in clean box, 
except for initial picking (normal lab conditions) and the preparation of reagents 
(blank acid, leach acid, oxidising solution) which was undertaken in a trace-metal 
clean lab. The blank/dissolution acids were stored in acid-cleaned Teflon bottles and 
other reagents were stored in acid-cleaned PPE bottles. The micro-centrifuge vials 
used were PPE (VWR Brand). ‘Acid-cleaning’ of plastics involved at least 3 days on 
a hot plate in both Mucasol detergent and then 1M trace-metal grade HNO3, followed 
by rinsing in milli-Q water. 
 
Initial preparation stage (each sample handled individually) 
• 35-40 G. ruber (G. ruber ruber morphotype, as discussed in chapter 4, §3.1) 
were picked from the 250-315µm size fraction 
• Samples crushed under glass plates and transferred to acid cleaned 500µL 
micro-centrifuge vials. 
• 3 * 1min rinse in de-ionised water (all rinse steps follow the Barker et al., 
2003 methodology) 
• 2 * 1min rinse in methanol 
• 2 *  rinse with de-ionised water 
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Oxidative cleaning stage (samples handled in batches of 20-30) 
• Oxidization of organic matter achieved through: 10mins in >80º C water bath 
with 250µL H2O2/NaOH solution, ultrasonicated  briefly after 5mins 
• Oxidizing solution replaced and repeated 
• 2 * rinse with milli-Q water, including vial caps 
 
Acid leaching stage (each sample handled individually) 
• 20s ultrasonic bath with 250µL 0.001M HNO3, prepared from dilution of the 
blank acid 
• Rapid replacement with milli-Q water 
• 2 * rinse with milli-Q water 
• Removal of all remaining supernatant 
• Samples checked under microscope for any contamination introduced during 
cleaning 
 
Dissolution stage (samples handled in batches of 20-30) 
• 500µL of 0.1M HNO3 added (blank acid) to sample and ultrasonicated till 
fully dissolved (~10mins) 
• Centrifuged for 10mins at 6000rpm 
• Transfer top 450µL to acid cleaned  fresh vial 
• Take 50µL for pilot sample with 450µL of blank acid (pilot sample prepared 
in new but un-cleaned micro-centrifuge tube) 
• Dilute remaining sample to 60ppm Ca and analyse (final sample prepared in 
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A2.2 Operating conditions for the Varian VISTA (Axial) ICP-OES 
 
EM coil power 1.2 kW 
Plasma Ar Flow 15 L/min 
Auxiliary Ar Flow 1.5 L/min 
Nebulizer Ar Flow 0.85 L/min 
Peristaltic pump rate 37 rpm 
Stabilisation time 15 s 
Uptake delay 30 s 
Replicates per sample 5  
Integration time per 
replicate 6 s 
 
The peristaltic pump rate was chosen such that the delivery rate of sample to 
the micro-mist nebulizer used was ~400µL/min (derived using calculation offered 
online by Glass-Expansion Ltd). The uptake delay was determined empirically. 
Choice of EM coil power and gas flow rates follows de Villiers et al. [2002]. 
 
A2.3 Choice of ICP-OES spectral lines 
 
The following spectral lines were measured for each sample and standard solution: 
• Ca: 315.887 and 317.933 nm 
• Mg: 280.270 and 285.213 nm 
• Sr: 421.104 nm 
• Al: 396.152 nm 
• Fe: 238.204 nm 
• Mn: 294.291 nm 
 
The Mg280/Ca315 ratio was selected for the Mg/Ca intensity ratio 
calibration, as although Mg285 is somewhat less sensitive to the Ca matrix effect [de 
Villiers et al., 2002], the present study yielded significantly better long-term machine 
stability for Mg280. However, the difference in calculated Mg/Ca (for measurements 
at [Ca]=60ppm) arising from choice of line was less than 0.01 mmol/mol for samples 
in the ratio range (3 – 6 mmol/mol) investigated here. 
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A2.4 Trace-metal analysis calibration standards 
 
Three sets of standards were used. The first was based on ten dilutions of 
carbonate reference material ECRM-521 to standard Ca concentrations in the range 1 
– 200ppm. These standards were used only to ascertain the [Ca] in the samples. The 
six calibration standards were made up gravimetrically from commercially available 
single element solutions of Ca, Mg and Sr (at 1000ppm) to [Ca]=60ppm but with 
varying Mg/Ca and Sr/Ca ratios in the range 1 -10 mmol/mol and 0.8 -1.5 mmol/mol 
respectively. This set of standards is now the in-house Edinburgh Mg/Ca calibration 
set and was cross-calibrated to material provided by Cambridge University 
(r2=0.998) to ensure inter-laboratory precision.  
 
Mg/Ca and Sr/Ca ratios were then calculated using the intensity-ratio 
calibration method which has the effect of minimizing the Ca matrix effect [de 
Villiers et al., 2002]. The final standard set compromises dilutions of a commercially 
available multi-element ICP standard solution and was used to measure [Al], [Fe] 
and [Mn] in the range 0.01-0.50ppm. Fe/Mg ratios were calculated from [Fe] and 
[Mg] rather than an intensity ratio calibration. In general, Al and Mn concentrations 
were close to the machine detection limits, meaning that contamination based on 
these elements was identified by intensities significantly (>3σ) above the background 
levels, rather than concentration or ratio based criteria. All standards were stored in 
30ml acid-cleaned PPE bottles during the period of analysis. To minimize any matrix 
effect arising from the acid, all standard dilutions were made with 0.1M HNO3, the 
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A2.5 Trace-metal reference materials and long-term reproducibility 
 
Two reference materials were used. The first was based on solid-state 
carbonate reference material ECRM-521 which was dissolved in 0.1M HNO3, the 
same acid as used for sample blanks and standard dilutions, centrifuged and stored at 
1000ppm [Ca] in an acid-cleaned Teflon bottle. Dilutions of this material to 60ppm 
[Ca] were made prior into an acid-cleaned PPE bottle prior to analysis. This material 
was measured prior to the beginning of each run, in-between every six samples 
(including pilot samples) and at the end of each run. Samples were analyzed using 
the Varian VISTA Pro ICP-OES (Axial) in the School of Geosciences, University of 
Edinburgh. Over the period of analysis (May 2009 to November 2009) the following 
long-term average values and standard deviations, based on 166 measurements of 
ECRM-521, were found (all units are mmol/mol): 
 
Mg/Ca 1σa Sr/Ca 1σa Al/Ca 1σa Fe/Ca 1σa Mn/Ca 1σa 
3.7626 0.0176 0.1636 0.0069 0.4507 0.0356 0.0939 0.0078 0.1335 0.0054 
 
These values are highly consistent with previous characterization and inter-
laboratory comparison studies on this reference material [Greaves et al., 2005; 
Greaves et al., 2008]. An in-house check solution was prepared gravimetrically from 
single element solutions to [Ca]=60ppm and Mg/Ca=4.10mmol/mol and stored in a 
single acid-cleaned Teflon bottle. This solution was measured twice per run (post-
calibration and at the end of analysis) to monitor for any inter-run drift in the values 
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A2.6 Trace-metal sample rejection criteria 
 
Samples were rejected if they fulfilled any of the following criteria: 
 
• [Ca] in final sample <30ppm or >90ppm 
• Fe/Mg ratio > 1 mol/mol 
• Intensities of Al or Mn >3σ above the running average level 
• Sample repeated n≥3 times and one value significantly discrepant from the 
others (probable contamination of sample vial) 
 
Where multiple samples from the same depth remained un-rejected, these values 





















  Appendices 
 243 
Appendix 3: Laboratory method, reference materials 
and sample rejection criteria used for stable isotope 
analysis 
 
A3.1 Stable isotope sample preparation methodology 
 
Initial preparation stage (each sample handled individually) 
• 12-15  G. ruber (G. ruber ruber morphotype, as discussed in chapter 4, §3.1) 
individuals were picked from the 250-315µm size fraction 
• 3-6 C. wuellerstorfi individuals were picked from the >315µm size fraction 
 
Cleaning stage (each sample handled individually) 
• Samples were ultrasonicated in methanol for 5-10s with tests unbroken 
• The majority of the supernatant was lifted off with a pipette before samples 
being left to dry under a flow hood 
• Samples were returned to the microscope and screened for contamination 
prior to transfer to glass mass spec vials 
 
Comparison of measured individual shell weights pre and post cleaning 
suggests a cumulative mass loss of 5-10% during stable isotope cleaning, presumed 
to arise principally from the removal of surficial coccolith material from the tests 
(see Figure 2.5). 
 
A3.2 Stable isotope reference materials and long-term reproducibility 
 
Samples were analyzed with a Thermo Electron Delta+ Mass Spectrometer 
with Kiel Preparation Device in the School of GeoSciences, University of Edinburgh 
for both δ18Ocalcite and δ
13Ccalcite. Long term accuracy (against one internal standard 
calibrated to NBS19 and an in-house reference material) of the device over the 
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A3.3 Stable isotope sample rejection criteria 
 
Samples were rejected if, after being repeated n≥3 times, one value was 
significantly discrepant from the others (probable contamination of sample vial). 
Where multiple samples from the same depth remained un-rejected, these values 
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Appendix 4: Down-core MD06-3018 stable isotope 
and trace-metal data 
 
Data includes correction to G. ruber δ13Cplanktic of +0.94‰ [Spero et al., 2003] and to 
C. wuellerstorfi δ
18Obenthic of +0.64‰ [Shackleton and Opdyke, 1973]. ‘N/A’ 
indicates no measurement made/accepted. In the age model column, ‘*’ indicates the 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





0 0 0.0 -1.201 1.694 3.385 0.539 4.6003 N/A 
5 5 1.5 N/A N/A N/A N/A 4.4960 1.5050 
10 10 2.9 -1.257 1.530 3.228 0.739 4.6535 N/A 
15 15 4.4 N/A N/A N/A N/A 4.7406 1.4852 
20 20 5.8 -1.247 2.425 3.143 0.942 4.7910 N/A 
25 25 7.2 N/A N/A N/A N/A 4.7495 1.5021 
30 30 8.7 -0.743 1.606 4.021 0.804 4.3911 1.4753 
35 35 10.1 N/A N/A N/A N/A 4.4363 1.4691 
40 40 11.6 -0.972 1.184 3.725 -0.021 4.7101 1.4741 
45 45 13.0 N/A N/A N/A N/A 4.3926 1.4625 
50 50 14.5 -0.623 1.395 4.520 -0.022 4.4396 1.4602 
55 55 15.9 N/A N/A N/A N/A 4.2025 1.4506 
60 60 17.4 -0.199 1.065 4.594 0.044 4.3339 1.4664 
65 65 18.8 N/A N/A N/A N/A 4.1934 1.4386 
70 70 20.3 -0.226 1.456 4.746 0.129 3.7855 N/A 
75 75 22.7 N/A N/A N/A N/A 3.5279 1.4205 
80 80 25.2 -0.156 1.034 4.871 0.132 4.0286 1.4360 
85 85 27.7 -0.051 0.318 N/A N/A N/A N/A 
90 90 30.3 -0.290 1.743 4.652 0.373 3.5552 1.4171 
100 100 35.5 -0.303 1.561 4.587 0.361 3.9804 1.4571 
110 110 40.6 -0.203 1.832 4.349 0.298 3.7014 1.4454 
120 120 45.8 -0.116 1.538 4.586 0.479 3.5150 1.4234 
130 130 50.9 -0.199 1.630 4.480 0.604 3.6947 1.4418 
140 140 56.1 -0.428 1.772 4.117 0.566 3.8787 1.4209 
150 150 61.2 -0.149 1.625 4.564 0.366 3.8757 1.4218 
160 160 66.3 -0.312 1.349 4.637 0.193 3.7671 1.4227 
170 170 71.0 -0.666 1.406 4.551 0.315 3.3129 1.4156 
180 180 75.8 -0.474 2.003 4.151 0.585 3.5291 N/A 
190 190 80.6 -0.726 1.384 4.186 0.320 3.7625 1.4106 
200 200 85.3 -0.771 1.487 4.159 0.409 3.7922 1.4171 
210 210 90.1 -0.472 1.527 3.889 0.533 3.4820 1.4197 
220 220 94.9 -0.695 1.666 4.056 0.519 3.7988 1.4445 
230 230 99.6 -0.547 1.656 3.884 0.437 3.9304 1.4195 
240 240 104.4 -0.799 1.510 4.009 0.260 3.9425 1.4504 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





250 250 109.4 -0.925 1.505 4.191 0.369 4.3402 N/A 
260 260 115.0 -0.794 1.573 3.592 0.448 4.6245 1.4605 
265 265 117.7 -1.261 0.896 3.856 0.447 4.3947 1.4533 
270 270 120.5 -1.033 1.877 N/A N/A 4.6082 1.4474 
275 275 123.3 N/A N/A 3.775 0.488 N/A N/A 
280 280 126.1 -0.686 1.579 3.571 0.447 4.6155 1.4791 
290 290 131.6 -0.805 1.775 4.254 0.171 4.7439 1.4734 
300 300 134.0 -0.448 1.013 4.605 0.024 4.1885 1.4569 
305 305 135.2 N/A N/A N/A N/A 4.6084 1.4707 
310 310 136.4 -0.119 1.569 4.776 0.104 3.9230 1.4517 
320 320 138.9 0.056 1.403 4.849 -0.188 3.8201 1.4319 
330 330 142.2 -0.302 1.275 4.971 -0.044 3.9597 1.4259 
340 340 147.7 0.077 1.325 4.664 -0.222 3.7377 1.4285 
345 345 150.4 0.147 0.620 N/A N/A N/A N/A 
350 350 153.2 -0.220 1.082 4.641 0.050 4.0697 N/A 
360 360 158.7 -0.078 1.218 4.908 -0.109 3.6155 N/A 
370 370 164.2 -0.437 0.956 4.581 0.049 3.7924 N/A 
380 380 169.7 -0.120 1.578 4.482 -0.001 3.4425 N/A 
390 390 175.2 -0.474 0.752 4.621 -0.051 3.7521 N/A 
400 400 180.7 -0.132 1.552 4.239 -0.071 3.6936 N/A 
410 410 186.2 -0.259 1.642 4.678 0.069 3.4613 N/A 
420 420 190.2 -0.772 1.516 4.092 -0.115 3.4428 N/A 
430 430 193.9 -0.787 1.999 4.335 0.189 3.5073 N/A 
440 440 197.6 -0.745 1.715 3.957 0.418 3.9310 N/A 
450 450 201.4 -0.817 1.658 3.863 0.390 3.9023 1.4380 
460 460 205.1 -0.996 1.683 3.829 0.421 4.0317 N/A 
470 470 208.8 -0.685 1.656 3.950 0.418 4.2246 N/A 
480 480 212.5 -0.438 1.776 3.719 0.566 4.2775 N/A 
490 490 215.8 -0.581 1.261 3.673 0.397 4.4305 N/A 
500 500 218.7 -0.721 0.844 4.172 0.080 4.3721 N/A 
510 510 221.6 -0.279 1.196 4.254 0.158 3.7906 N/A 
520 520 231.1 -0.438 1.714 4.290 0.163 3.9178 N/A 
530 530 240.5 -0.663 1.393 4.066 0.169 4.1384 N/A 
540 540 246.9 -0.466 1.683 4.519 0.159 4.4816 N/A 
550 550 253.3 -0.170 1.305 4.432 0.090 4.0746 N/A 
560 560 259.7 -0.293 1.177 4.440 -0.055 3.7738 N/A 
570 570 266.1 0.022 1.707 4.585 -0.058 3.5335 1.4597 
580 580 271.9 0.355 1.910 4.692 -0.041 3.8214 N/A 
590 590 274.2 0.170 1.665 4.590 -0.013 3.9618 N/A 
600 600 276.4 -0.023 1.578 4.222 -0.008 3.6798 N/A 
610 610 278.7 -0.235 2.089 4.388 0.561 3.5506 N/A 
620 620 281.0 -0.194 1.541 4.277 0.379 3.6185 N/A 
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630 630 283.3 -0.404 1.911 4.014 0.752 3.9673 N/A 
640 640 286.0 -0.258 1.934 3.776 0.493 4.0687 N/A 
650 650 290.8 -0.204 1.475 4.478 0.165 3.8642 N/A 
660 660 295.6 -0.253 1.728 4.297 0.234 3.4476 1.4026 
670 670 300.4 -0.489 1.858 4.389 0.225 3.8392 N/A 
680 680 305.1 -0.272 1.837 4.275 0.300 3.9884 N/A 
690 690 309.9 -0.631 1.641 3.955 0.414 3.9552 N/A 
700 700 314.7 -0.633 1.530 3.651 0.219 3.7608 N/A 
710 710 319.5 -0.800 1.500 3.737 0.294 4.1696 N/A 
720 720 324.3 -0.694 1.868 3.708 0.450 4.2814 N/A 
730 730 329.1 -0.970 1.743 3.617 0.330 4.4333 N/A 
740 740 330.5 -0.962 1.818 3.831 0.387 4.5385 N/A 
750 750 * -0.493 1.552 4.147 0.259 N/A N/A 
760 760 * 0.173 1.760 3.619 0.696 N/A N/A 
770 770 * -0.228 1.189 4.220 0.650 N/A N/A 
780 780 * -0.174 1.194 4.570 0.374 N/A N/A 
790 790 * -0.555 1.751 4.703 0.203 N/A N/A 
800 800 * 0.009 1.427 4.246 0.314 N/A N/A 
810 810 * -0.545 1.577 4.359 0.320 N/A N/A 
820 820 * -0.415 1.416 4.098 0.196 N/A N/A 
830 830 * -0.325 1.680 4.313 0.233 N/A N/A 
840 840 * -0.145 0.525 4.511 0.222 N/A N/A 
850 850 * 0.129 1.346 4.516 0.212 N/A N/A 
870 855 342.0 -0.389 1.745 4.064 0.366 4.5298 N/A 
880 865 343.0 -0.091 1.955 4.287 0.228 4.5313 N/A 
890 875 344.6 0.286 1.614 4.611 0.002 4.1051 1.4311 
900 885 350.7 0.245 1.447 4.691 -0.059 3.8198 N/A 
910 895 356.8 -0.053 1.306 4.591 -0.068 3.6429 N/A 
920 905 363.0 -0.119 1.284 4.616 -0.107 3.3513 1.4269 
930 915 369.1 -0.039 1.856 4.587 -0.121 3.6490 N/A 
940 925 375.2 -0.238 1.893 4.115 0.315 3.2879 1.3948 
950 935 381.3 -0.319 1.701 4.123 0.362 3.3122 1.4005 
960 945 387.4 -0.713 1.717 4.026 0.343 3.4231 1.4061 
970 955 393.6 -0.419 1.545 4.121 0.075 3.5839 N/A 
980 965 399.7 -0.563 2.053 3.746 0.490 3.9931 N/A 
990 975 405.7 -1.061 1.491 3.212 0.573 4.5912 N/A 
1000 985 411.3 -1.090 1.693 3.339 0.565 4.5355 N/A 
1005 990 414.0 N/A N/A N/A N/A 4.4829 1.4295 
1010 995 416.8 -0.905 1.476 3.515 0.873 4.4161 N/A 
1015 1000 419.6 N/A N/A N/A N/A 4.4072 1.4503 
1020 1005 422.3 -0.372 0.858 4.001 0.571 4.1464 N/A 
1025 1010 425.1 N/A N/A N/A N/A 4.0766 1.4414 
 
 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





1030 1015 427.9 0.171 1.355 4.618 0.075 3.9854 1.4518 
1035 1020 430.6 N/A N/A N/A N/A 3.7307 1.4309 
1040 1025 433.4 0.711 1.593 4.961 0.027 3.7770 N/A 
1050 1027 434.5 0.470 1.482 4.827 0.029 4.0800 1.4328 
1055 1032 437.3 0.502 1.472 5.073 -0.277 3.7224 1.3978 
1070 1037 440.0 0.389 1.649 4.613 -0.006 3.8182 N/A 
1080 1047 445.5 0.112 1.619 4.869 -0.234 3.8886 N/A 
1090 1057 451.0 0.127 1.693 4.724 -0.027 3.6350 N/A 
1100 1067 456.5 0.183 1.268 4.421 0.053 3.7163 1.4137 
1110 1077 462.0 0.263 1.770 4.385 0.035 3.3989 1.3953 
1120 1087 467.5 -0.116 1.798 4.245 0.206 3.7791 1.3937 
1130 1097 473.0 -0.299 1.346 4.646 0.093 3.5956 N/A 
1140 1107 478.5 -0.687 1.562 3.864 0.468 3.6166 N/A 
1150 1117 484.0 -0.803 1.450 3.808 0.558 3.6407 1.3929 
1160 1127 489.9 -0.684 1.741 3.643 0.808 3.8139 1.4032 
1170 1137 497.6 -0.453 1.956 3.817 0.743 3.8525 N/A 
1180 1147 505.3 -0.474 1.804 3.578 0.778 3.8210 N/A 
1190 1157 513.0 -0.365 1.709 4.056 0.902 3.5726 1.4062 
1200 1167 520.7 -0.310 1.529 4.157 0.586 3.5112 1.4062 
1210 1177 528.4 -0.288 1.156 4.093 0.526 3.9117 1.4159 
1220 1187 536.1 -0.429 0.950 4.157 0.149 4.0000 N/A 
1230 1197 543.7 -0.328 1.723 4.448 0.218 3.8805 1.4168 
1240 1207 551.5 -0.628 1.144 4.483 0.028 3.5504 1.4047 
1250 1217 559.5 -0.540 1.586 3.927 0.379 3.6448 1.3959 
1260 1227 567.4 -0.755 1.373 3.863 0.432 4.0483 1.4261 
1270 1237 575.5 -0.797 1.358 3.821 0.406 4.6189 1.4507 
1280 1247 586.3 -0.875 1.251 3.891 0.283 4.3564 N/A 
1290 1257 597.1 -0.728 0.853 4.250 0.082 4.3542 N/A 
1300 1267 607.9 -0.758 1.657 3.884 0.202 4.5834 N/A 
1310 1277 616.8 -1.003 1.166 3.911 0.421 4.2622 1.4262 
1320 1287 623.0 -0.320 1.043 4.549 0.138 3.9634 1.4424 
1330 1297 629.2 0.260 1.552 4.824 -0.090 3.7461 1.4385 
1340 1307 639.3 -0.082 0.776 4.828 -0.033 3.7050 1.4112 
1350 1317 651.7 -0.242 0.925 4.539 0.075 3.9447 1.4222 
1360 1327 664.1 -0.004 1.419 4.353 -0.119 3.7149 1.3998 
1370 1337 676.5 -0.634 0.821 4.225 0.083 3.7040 1.3936 
1380 1347 688.9 -0.661 1.470 4.036 0.040 3.5742 1.3900 
1390 1354 697.2 -0.873 1.408 3.819 0.416 4.0760 1.4126 
1400 1364 703.6 -0.677 1.500 4.358 0.262 4.2101 1.4446 
1410 1374 709.9 -0.363 1.153 4.132 0.380 4.1664 1.4288 
1420 1384 716.2 -0.154 1.334 4.531 0.021 3.9974 1.4247 
1430 1394 726.1 -0.358 1.001 4.542 -0.081 3.8669 1.4187 
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1440 1404 740.2 -0.536 1.101 4.336 0.010 3.9279 1.4111 
1450 1414 748.4 -0.173 1.256 4.549 -0.149 3.8880 1.3992 
1460 1424 757.2 -0.205 1.626 4.371 -0.292 3.4599 1.3827 
1470 1434 766.1 -0.015 1.900 4.150 0.110 3.8185 1.3916 
1480 1444 774.9 -1.012 1.412 4.024 0.241 3.7754 1.4033 
1490 1454 783.2 -0.683 1.763 3.925 0.182 4.0366 1.3889 
1500 1464 786.9 -0.576 1.443 4.042 0.099 4.2395 1.4145 
1510 1474 790.6 -0.221 0.789 4.087 -0.209 4.2362 1.4064 
1520 1484 794.3 0.006 1.297 4.347 -0.207 3.9816 1.4256 
1530 1494 798.0 -0.082 1.276 4.414 -0.100 3.9159 1.3939 
1540 1504 808.7 -0.587 1.179 4.393 -0.096 3.8734 1.3944 
1550 1514 819.9 -0.829 1.195 3.763 -0.002 4.0764 1.4134 
1560 1524 831.1 -0.973 1.094 4.007 0.079 4.1279 1.4234 
1570 1534 842.3 -0.779 1.219 3.780 0.123 4.0642 1.4209 
1580 1544 853.5 -0.994 1.030 3.740 0.192 4.2565 1.4199 
1590 1554 861.3 -0.761 0.902 3.816 0.153 4.3939 1.4394 
1600 1564 867.1 -0.743 0.986 4.023 0.052 4.6048 1.4443 
1605 1569 869.9 -0.238 1.363 N/A N/A 4.4579 1.4428 
1610 1574 872.8 -0.129 0.923 4.607 -0.042 3.8373 1.4347 
1620 1584 880.2 0.035 1.028 4.632 -0.047 3.8247 1.4108 
1630 1594 889.9 -0.117 1.531 4.435 -0.029 3.8682 1.4102 
1640 1604 899.5 -0.469 1.031 4.439 0.061 4.0556 1.4590 
1645 1609 904.4 -0.332 1.317 4.069 -0.260 N/A N/A 
1650 1614 909.2 -0.528 1.383 4.112 -0.269 4.0349 1.4282 
1655 1619 914.0 N/A N/A 4.238 -0.344 N/A N/A 
1660 1624 918.9 -0.134 1.013 4.203 0.032 4.0183 1.3853 
1670 1634 928.5 -0.432 1.292 4.088 0.012 3.7894 1.4033 
1680 1644 938.2 -0.746 1.254 3.901 0.109 4.2971 1.4028 
1690 1654 947.8 -0.709 1.621 3.810 0.261 4.1508 1.4221 
1700 1664 956.6 -0.768 1.686 3.573 0.321 4.2063 1.4220 
1710 1674 962.5 -0.535 1.403 4.094 0.177 4.1065 1.4303 
1720 1684 968.4 -0.152 1.865 4.324 0.206 3.6077 1.3951 
1730 1694 974.2 -0.572 2.066 4.146 0.212 3.7075 1.4014 
1740 1704 980.1 -0.358 2.027 4.037 0.312 3.8628 1.4175 
1750 1714 985.9 -0.571 2.047 4.253 0.257 3.7006 1.3780 
1760 1724 991.8 -0.504 1.650 4.108 0.338 3.7489 1.3937 
1770 1734 997.6 -0.380 1.644 4.252 0.172 3.5888 1.3578 
1780 1744 1003.5 -0.406 1.904 4.109 0.364 3.4747 1.4061 
1790 1754 1009.3 -0.508 1.652 3.978 0.458 3.8677 1.4114 
1800 1759 1012.3 -0.692 1.550 4.071 0.300 4.0196 1.4414 
1805 1764 1015.2 -0.462 1.870 3.842 0.475 N/A N/A 
1810 1769 1018.1 -0.732 1.369 3.922 0.353 3.8708 1.4291 
 
 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





1815 1774 1020.9 -0.568 1.824 4.088 0.341 N/A N/A 
1820 1779 1023.7 -0.447 1.414 3.717 0.326 4.0064 1.4425 
1825 1784 1026.2 -0.064 1.889 4.042 0.054 N/A N/A 
1830 1789 1028.7 -0.379 1.495 4.257 0.190 3.8130 1.4342 
1835 1794 1031.1 -0.466 1.697 4.336 0.117 N/A N/A 
1840 1799 1033.6 -0.218 1.752 4.303 -0.002 3.6983 1.4109 
1845 1804 1036.7 -0.254 1.646 4.351 -0.261 N/A N/A 
1850 1809 1039.7 -0.471 1.401 4.310 0.039 3.4654 1.3938 
1855 1814 1044.5 -0.408 1.692 3.999 0.015 N/A N/A 
1860 1819 1049.4 -0.600 1.458 4.202 0.081 3.4664 1.3934 
1865 1824 1054.2 -0.942 2.018 3.742 0.309 3.7657 1.4058 
1870 1829 1059.0 -1.010 1.358 3.510 0.520 4.1760 1.4095 
1875 1834 1063.9 -1.025 2.125 N/A N/A N/A N/A 
1880 1839 1068.7 -0.755 1.699 3.405 0.493 4.5565 1.4278 
1885 1844 1074.0 -0.836 1.915 3.352 0.487 N/A N/A 
1890 1849 1079.2 -0.599 1.692 4.103 0.474 4.3971 1.4402 
1895 1854 1084.5 -0.465 1.815 3.963 0.405 N/A N/A 
1900 1859 1089.8 -0.219 1.752 4.194 0.333 3.9247 1.4300 
1905 1864 1095.1 -0.635 1.885 4.311 0.081 N/A N/A 
1910 1869 1100.4 -0.362 1.286 4.156 0.274 3.8605 1.4247 
1915 1874 1104.9 -0.303 1.801 4.084 0.159 N/A N/A 
1920 1879 1109.4 -0.610 1.649 4.093 0.224 3.8558 1.4268 
1925 1884 1113.0 -0.474 1.751 4.214 0.219 N/A N/A 
1930 1889 1116.6 -0.930 1.773 4.228 0.125 4.0595 1.4269 
1935 1894 1120.2 -0.150 1.504 4.314 0.249 N/A N/A 
1940 1899 1123.8 -0.332 0.712 4.578 0.114 4.0539 1.4269 
1945 1904 1127.9 -0.262 1.587 N/A N/A N/A N/A 
1950 1909 1131.9 -0.349 1.182 4.467 0.142 3.9381 1.4083 
1955 1914 1136.2 -0.632 1.091 N/A N/A N/A N/A 
1960 1919 1140.4 -0.355 1.612 3.766 0.367 4.1293 1.4060 
1965 1924 1144.6 -0.198 2.013 N/A N/A 3.8906 1.4175 
1970 1929 1148.8 -0.633 0.471 3.935 0.439 3.5328 1.3954 
1975 1934 1153.1 -0.387 1.762 N/A N/A N/A N/A 
1980 1939 1157.3 -0.665 1.513 3.867 0.629 3.4949 1.3955 
1985 1944 1161.5 -0.946 1.952 3.686 0.524 N/A N/A 
1990 1949 1165.7 -0.826 1.277 3.855 0.670 3.8915 1.4423 
1995 1954 1169.9 -0.844 1.557 3.857 0.671 N/A N/A 
2000 1959 1174.2 -0.845 1.868 3.741 0.551 3.9795 1.4259 
2005 1964 1178.4 -0.930 1.602 3.820 0.441 N/A N/A 
2010 1969 1182.6 -0.766 1.149 3.726 0.672 4.2459 1.4397 
2015 1974 1186.5 -0.512 1.531 3.888 0.530 N/A N/A 
2020 1979 1190.3 -0.772 1.276 3.975 0.445 4.0998 1.4039 
 
 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





2025 1984 1194.1 N/A N/A 3.738 0.500 N/A N/A 
2030 1989 1197.9 -0.586 1.372 4.385 0.067 4.2993 1.4522 
2035 1994 1200.8 -0.488 1.735 4.138 0.195 N/A N/A 
2040 1999 1203.8 -0.218 0.443 4.274 0.306 4.0029 1.4304 
2045 2004 1206.8 -0.590 1.742 4.113 0.256 N/A N/A 
2050 2009 1209.7 -0.530 1.141 4.325 -0.052 3.8516 1.4318 
2055 2014 1212.7 -0.216 1.319 4.046 0.031 N/A N/A 
2060 2019 1215.7 -0.404 1.429 4.341 -0.096 3.5794 1.4052 
2065 2024 1218.6 N/A N/A 4.465 0.155 N/A N/A 
2070 2029 1221.6 -0.551 1.515 4.234 0.092 3.6656 1.3870 
2075 2034 1224.6 -0.344 1.833 4.166 0.541 N/A N/A 
2080 2039 1227.5 -0.315 1.685 3.993 0.472 3.5099 1.3750 
2085 2044 1230.5 -0.481 1.666 3.885 0.568 N/A N/A 
2090 2049 1233.4 -0.736 1.452 3.713 0.600 3.8936 1.3909 
2095 2054 1236.0 -0.805 2.085 3.397 0.535 3.9801 1.4277 
2100 2058 1238.1 -0.905 1.515 3.722 0.523 3.9910 1.4135 
2105 2063 1240.7 -0.327 1.940 3.496 0.399 4.0578 1.4167 
2110 2068 1243.2 -0.632 1.343 4.024 0.081 3.8507 1.4182 
2115 2073 1245.8 -0.138 1.502 4.351 -0.076 3.8635 1.4224 
2120 2078 1248.4 -0.293 1.697 4.350 0.233 3.7138 1.4116 
2125 2083 1252.1 N/A N/A 4.316 -0.029 3.6054 1.4110 
2130 2088 1255.8 -0.465 1.665 4.212 0.351 3.4332 1.3758 
2135 2093 1259.5 -0.627 1.747 4.247 0.282 N/A N/A 
2140 2098 1263.2 -0.414 1.576 3.875 0.603 3.4629 1.4058 
2145 2103 1266.8 -0.351 1.518 3.829 0.294 N/A N/A 
2150 2108 1270.5 -0.502 1.823 4.062 0.409 3.5562 1.3793 
2155 2113 1274.2 -0.733 2.076 3.721 0.325 N/A N/A 
2160 2118 1277.9 -0.886 1.525 3.671 0.593 3.9606 1.4093 
2165 2123 1281.3 -0.848 1.916 N/A N/A N/A N/A 
2170 2128 1284.8 -0.538 1.836 3.911 0.383 3.9039 1.3960 
2175 2133 1288.2 N/A N/A N/A N/A N/A N/A 
2180 2138 1291.7 -0.434 1.656 3.992 0.212 3.8007 1.4262 
2185 2143 1295.2 -0.291 1.393 4.220 0.118 N/A N/A 
2190 2148 1298.8 -0.300 1.317 4.195 0.194 3.5915 1.4147 
2195 2153 1302.9 -0.770 1.260 4.113 -0.011 N/A N/A 
2200 2158 1307.0 -0.506 1.477 3.942 0.297 3.2951 1.3827 
2205 2163 1311.3 -0.443 1.572 4.170 0.439 N/A N/A 
2210 2168 1315.5 -0.567 1.481 3.865 0.302 3.7757 1.3905 
2215 2173 1320.0 -0.635 1.382 3.781 0.324 N/A N/A 
2220 2178 1324.6 -0.804 1.365 3.977 0.223 4.0119 1.3894 
2225 2183 1329.1 -0.511 1.501 4.143 0.113 N/A N/A 
2230 2188 1333.6 -0.412 1.525 4.224 0.072 3.7370 1.3954 
 
 
















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





2235 2193 1337.8 -0.249 1.933 4.377 -0.117 N/A N/A 
2240 2198 1341.9 -0.363 1.882 4.160 0.040 3.6326 1.3690 
2245 2203 1345.9 N/A N/A 3.979 0.227 N/A N/A 
2250 2208 1349.8 -0.651 1.873 3.672 0.404 3.9372 1.3838 
2255 2213 1353.8 N/A N/A 3.651 0.373 N/A N/A 
2260 2218 1357.7 -0.676 1.845 3.858 0.407 4.0269 1.4175 
2265 2223 1361.6 -0.708 1.703 3.928 0.235 N/A N/A 
2270 2228 1365.6 -0.401 1.596 4.050 0.310 4.0632 1.4296 
2275 2233 1369.6 -0.292 1.665 4.139 0.173 N/A N/A 
2280 2238 1373.6 -0.354 1.300 4.051 0.197 3.6296 1.4027 
2285 2243 1378.0 -0.424 2.086 4.043 0.050 N/A N/A 
2290 2248 1382.4 -0.260 1.574 3.931 0.174 3.2769 1.3800 
2295 2253 1386.8 -0.563 2.167 4.072 0.274 N/A N/A 
2300 2258 1391.2 -0.533 1.647 3.812 0.544 3.1873 1.3857 
2305 2263 1395.7 N/A N/A 3.531 0.388 3.7110 1.4024 
2310 2268 1400.1 -0.692 1.644 3.775 0.655 3.9473 1.3696 
2315 2273 1404.6 -0.806 1.609 3.986 0.413 N/A N/A 
2320 2278 1409.2 -0.526 1.710 4.243 0.215 4.0898 1.4322 
2325 2283 1412.9 N/A N/A 3.966 0.164 N/A N/A 
2330 2288 1416.6 -0.441 1.220 4.167 0.157 3.7715 1.4256 
2335 2293 1419.9 -0.418 1.841 4.082 0.064 3.5500 1.4014 
2340 2298 1423.2 -0.598 1.186 3.718 0.418 3.3562 1.3862 
2345 2303 1426.4 -0.607 1.694 3.887 0.106 3.3833 1.3776 
2350 2308 1429.7 -0.858 1.501 3.698 0.324 3.8284 1.3906 
2360 2318 1436.3 -0.873 1.632 3.339 0.302 4.1038 1.4056 
2365 2323 1440.1 N/A N/A 3.441 0.434 N/A N/A 
2370 2328 1443.9 -0.810 1.674 3.445 0.403 3.8186 1.4169 
2375 2333 1447.7 N/A N/A 4.052 -0.056 N/A N/A 
2380 2338 1451.4 -0.607 1.312 3.967 0.145 3.9984 1.4296 
2385 2343 1455.3 N/A N/A 4.246 0.036 N/A N/A 
2390 2348 1459.1 -0.443 1.271 4.288 0.205 3.5796 1.4006 
2395 2353 1463.0 N/A N/A 4.197 0.104 N/A N/A 
2400 2358 1466.9 -0.637 1.816 3.624 0.541 3.4877 1.3818 
2405 2363 1470.8 N/A N/A 3.159 0.124 N/A N/A 
2410 2368 1474.8 -0.892 1.122 3.515 0.544 3.6711 1.3983 
2415 2373 1478.3 -0.794 2.136 3.635 0.518 N/A N/A 
2420 2378 1481.7 -0.677 1.812 3.552 0.466 3.6089 1.3979 
2425 2383 1484.7 -0.606 2.035 3.602 0.377 N/A N/A 
2430 2388 1487.7 -0.583 1.415 3.771 0.285 4.1875 1.4077 
2435 2393 1490.7 -0.502 2.098 N/A N/A N/A N/A 
2440 2398 1493.7 -0.405 1.641 4.342 0.082 3.6675 1.4026 
2445 2403 1497.4 -0.415 1.954 N/A N/A N/A N/A 
2450 2408 1501.2 -0.297 2.139 4.348 0.300 3.3936 1.3722 
2455 2413 1508.2 -0.433 2.225 N/A N/A N/A N/A 
2460 2418 1515.3 -0.501 1.916 3.877 0.696 3.8890 1.4090 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





2470 2428 1529.4 -0.508 1.504 4.113 0.365 3.7061 1.4168 
2480 2438 1543.5 -0.270 1.619 4.423 0.119 3.7350 1.4092 
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Appendix 5: Plots of stable isotope, trace-metal and 




Grey bar indicates interval of disturbed sedimentation excluded from age-model 
development and yellow bar indicates interval of <60 weight% CaCO3 and hence, 
potential carbonate dissolution, as discussed in chapter 2, §10.3. 
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Appendix 6: High resolution stable isotope and 
trace-metal data for selected glacial terminations  
 
As for appendix 4, data includes correction to G. ruber δ13Cplanktic of +0.94‰ [Spero 
et al., 2003] and to C. wuellerstorfi δ18Obenthic of +0.64‰ [Shackleton and Opdyke, 


















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





0 0 0.0 -1.201 1.694 3.385 0.539 4.6003 N/A 
1 1 0.3 -1.221 1.689 3.585 0.881 N/A N/A 
5 5 1.5 N/A N/A N/A N/A 4.4960 1.5050 
10 10 2.9 -1.257 1.530 3.228 0.739 4.6535 N/A 
15 15 4.4 -1.358 1.427 3.296 0.778 4.7406 1.4852 
17 17 4.9 -1.072 1.393 3.359 0.745 N/A N/A 
18 18 5.2 -1.282 1.206 3.499 0.681 N/A N/A 
20 20 5.8 -1.247 2.425 3.143 0.942 4.7910 N/A 
21 21 6.1 -1.142 1.365 3.672 0.721 N/A N/A 
23 23 6.7 -1.299 1.410 N/A N/A N/A N/A 
25 25 7.2 -1.080 1.751 N/A N/A 4.7495 1.5021 
27 27 7.8 -1.245 1.488 3.806 0.482 N/A N/A 
29 29 8.4 -1.013 1.367 4.355 0.571 N/A N/A 
30 30 8.7 -0.743 1.606 4.021 0.804 4.3911 1.4753 
31 31 9.0 -0.955 1.361 N/A N/A N/A N/A 
33 33 9.6 -0.725 1.018 3.951 0.378 N/A N/A 
35 35 10.1 -0.914 1.118 4.098 0.604 4.4363 1.4691 
37 37 10.7 -0.864 1.439 3.761 0.643 N/A N/A 
39 39 11.3 -0.722 1.381 N/A N/A N/A N/A 
40 40 11.6 -0.972 1.184 3.725 -0.021 4.7101 1.4741 
41 41 11.9 -0.816 1.205 N/A N/A N/A N/A 
43 43 12.4 -0.528 0.884 3.855 0.861 N/A N/A 
45 45 13.0 -0.799 0.967 4.166 0.500 4.3926 1.4625 
47 47 13.6 -0.508 1.146 4.472 0.323 N/A N/A 
49 49 14.2 -0.397 1.806 N/A N/A N/A N/A 
50 50 14.5 -0.623 1.395 4.520 -0.022 4.4396 1.4602 
51 51 14.8 -0.395 1.546 4.197 0.537 N/A N/A 
53 53 15.3 -0.343 1.622 4.127 0.498 N/A N/A 
55 55 15.9 -0.189 1.494 4.560 0.393 4.2025 1.4506 
57 57 16.5 -0.183 1.372 4.579 0.149 N/A N/A 
59 59 17.1 N/A N/A 4.894 0.179 N/A N/A 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





60 60 17.4 -0.199 1.065 4.594 0.044 4.3339 1.4664 
61 61 17.6 -0.056 1.420 N/A N/A 4.2321 1.4658 
63 63 18.2 N/A N/A 4.828 0.247 4.0568 1.4209 
65 65 18.8 -0.016 1.151 N/A N/A 4.1934 1.4386 
67 67 19.4 -0.142 1.133 4.749 0.095 N/A N/A 
69 69 20.0 -0.043 1.367 4.769 0.197 3.8547 1.4169 
70 70 20.2 -0.226 1.456 4.746 0.129 3.7855 N/A 
71 71 20.7 -0.043 1.648 N/A N/A N/A N/A 
73 73 21.7 -0.090 1.707 4.757 0.290 3.7215 1.4298 
75 75 22.7 -0.017 1.441 4.718 0.234 3.5279 1.4205 
77 77 23.7 -0.048 1.258 4.526 0.319 4.0122 1.4220 
79 79 24.7 -0.065 1.346 4.619 0.247 N/A N/A 
80 80 25.2 -0.156 1.034 4.871 0.132 4.0286 1.4360 
81 81 25.7 -0.374 1.276 4.613 0.144 N/A N/A 
83 83 26.7 -0.345 1.698 4.618 0.483 3.7899 1.4088 
85 85 27.7 -0.051 0.318 N/A N/A N/A N/A 
90 90 30.3 -0.290 1.743 4.652 0.373 3.5552 1.4171 
100 100 35.5 -0.303 1.561 4.587 0.361 3.9804 1.4571 
110 110 40.6 -0.203 1.832 4.349 0.298 3.7014 1.4454 
120 120 45.8 -0.116 1.538 4.586 0.479 3.5150 1.4234 
130 130 50.9 -0.199 1.630 4.480 0.604 3.6947 1.4418 
140 140 56.1 -0.428 1.772 4.117 0.566 3.8787 1.4209 
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(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





950 935 381.3 -0.319 1.701 4.123 0.362 3.3122 1.4005 
960 945 387.4 -0.713 1.717 4.026 0.343 3.4231 1.4061 
970 955 393.6 -0.419 1.545 4.121 0.075 3.5839 N/A 
980 965 399.7 -0.563 2.053 3.746 0.490 3.9931 N/A 
981 966 400.3 -1.045 1.390 3.863 0.698 N/A N/A 
983 968 401.5 -0.785 1.632 3.761 0.572 N/A N/A 
985 970 402.7 -1.099 1.931 3.592 0.752 N/A N/A 
987 972 403.9 -0.847 1.486 3.451 0.751 N/A N/A 
989 974 405.1 -0.838 2.040 3.482 0.663 N/A N/A 
990 975 405.7 -1.061 1.491 3.337 0.597 4.5912 N/A 
991 976 406.3 -1.244 1.646 3.690 0.548 N/A N/A 
993 978 407.4 -0.889 1.813 3.547 0.686 N/A N/A 
995 980 408.5 -0.911 1.611 3.329 0.671 N/A N/A 
997 982 409.6 -1.175 1.535 3.839 0.417 N/A N/A 
999 984 410.7 -0.691 1.779 3.564 0.550 N/A N/A 
1000 985 411.3 -1.090 1.693 3.339 0.565 4.5355 N/A 
1001 986 411.8 -0.979 1.365 3.513 0.534 N/A N/A 
1003 988 412.9 -0.764 1.871 3.269 0.638 N/A N/A 
1005 990 414.0 -0.981 1.601 3.403 0.753 4.4829 1.4295 
1006 991 414.6 -0.934 1.502 N/A N/A N/A N/A 
1007 992 415.1 -1.172 1.691 3.676 0.603 N/A N/A 
1008 993 415.7 -1.025 1.934 N/A N/A N/A N/A 
1009 994 416.3 -0.833 1.555 3.534 0.494 N/A N/A 
1010 995 416.8 -0.905 1.476 3.515 0.873 4.4161 N/A 
1011 996 417.4 -0.657 1.448 3.421 0.671 N/A N/A 
1012 997 417.9 -1.086 1.555 N/A N/A N/A N/A 
1013 998 418.5 -1.027 1.350 3.734 0.685 N/A N/A 
1014 999 419.0 -0.788 1.788 N/A N/A N/A N/A 
1015 1000 419.6 -0.823 1.174 3.647 0.746 4.4072 1.4503 
1016 1001 420.1 -0.706 1.389 N/A N/A N/A N/A 
1017 1002 420.7 -0.552 1.375 4.294 0.509 N/A N/A 
1018 1003 421.2 -0.931 1.434 N/A N/A N/A N/A 
1019 1004 421.8 -0.115 1.561 4.144 0.488 N/A N/A 
1020 1005 422.3 -0.372 0.858 4.001 0.571 4.1464 N/A 
1021 1006 422.9 -0.334 1.559 4.093 0.450 N/A N/A 
1022 1007 423.4 -0.171 1.509 N/A N/A N/A N/A 
1023 1008 424.0 -0.197 1.237 4.022 0.321 N/A N/A 
1024 1009 424.6 -0.183 1.377 N/A N/A N/A N/A 
1025 1010 425.1 -0.302 1.187 3.949 0.377 4.0766 1.4414 
1026 1011 425.7 -0.137 0.931 N/A N/A N/A N/A 
1027 1012 426.2 -0.056 1.292 4.262 0.181 4.2460 1.4566 
1028 1013 426.8 -0.192 1.300 N/A N/A N/A N/A 

















(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





1029 1014 427.3 -0.033 1.106 3.911 0.023 N/A N/A 
1030 1015 427.9 0.007 0.446 4.618 0.075 3.9854 1.4518 
1031 1016 428.4 -0.167 1.493 4.380 0.230 N/A N/A 
1032 1017 429.0 0.155 1.470 N/A N/A N/A N/A 
1033 1018 429.5 0.183 1.268 4.681 0.017 4.1191 1.4383 
1034 1019 430.1 0.206 1.831 N/A N/A N/A N/A 
1035 1020 430.6 0.210 1.634 5.115 0.009 3.7307 1.4309 
1037 1022 431.8 0.397 1.459 4.792 0.032 3.9488 1.4351 
1039 1024 432.9 0.953 1.536 5.189 -0.174 N/A N/A 
1040 1025 433.4 0.711 1.593 4.961 0.027 3.7770 N/A 
1041 1026 434.0 0.674 1.542 5.070 0.030 3.6555 1.4234 
1050 1027 434.5 0.470 1.482 4.827 0.029 4.0800 1.4328 
1051 1028 435.1 0.265 1.204 5.260 -0.049 3.9960 1.4335 
1053 1030 436.2 0.838 1.649 5.051 -0.158 3.5156 1.3864 
1055 1032 437.3 0.502 1.472 5.073 -0.277 3.7224 1.3978 
1057 1034 438.4 0.670 1.646 4.718 -0.109 3.6159 1.4084 
1070 1037 440.0 0.389 1.649 4.613 -0.006 3.8182 N/A 
1080 1047 445.5 0.112 1.619 4.869 -0.234 3.8886 N/A 
1090 1057 451.0 0.127 1.693 4.724 -0.027 3.6350 N/A 
1100 1067 456.5 0.183 1.268 4.421 0.053 3.7163 1.4137 
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(corrected ) δ13Cbenthic Mg/Ca Sr/Ca 





2070 2029 1221.6 -0.551 1.515 4.234 0.092 3.6656 1.3870 
2075 2034 1224.6 -0.344 1.833 4.166 0.541 N/A N/A 
2080 2039 1227.5 -0.315 1.685 3.993 0.472 3.5099 1.3750 
2085 2044 1230.5 -0.481 1.666 3.885 0.568 N/A N/A 
2090 2049 1233.4 -0.736 1.452 3.713 0.600 3.8936 1.3909 
2095 2054 1236.0 -0.805 2.085 3.397 0.535 3.9801 1.4277 
2097 2056 1237.1 -0.858 2.040 N/A N/A N/A N/A 
2100 2058 1238.1 -0.905 1.515 3.722 0.523 3.9910 1.4135 
2102 2060 1239.1 -0.399 1.954 3.445 0.469 N/A N/A 
2105 2063 1240.7 -0.327 1.940 3.496 0.399 4.0578 1.4167 
2107 2065 1241.7 -0.448 1.637 3.793 0.182 3.9898 1.4230 
2110 2068 1243.2 -0.632 1.343 3.992 0.161 3.8507 1.4182 
2112 2070 1244.2 -0.105 1.469 3.943 0.165 4.0681 1.4287 
2115 2073 1245.8 -0.138 1.502 4.351 -0.076 3.8635 1.4224 
2117 2075 1246.9 0.029 1.726 4.254 0.121 3.6046 1.4081 
2120 2078 1248.5 -0.293 1.697 4.350 0.233 3.7138 1.4116 
2122 2080 1249.9 N/A N/A 4.250 0.116 3.4985 1.4044 
2125 2083 1252.1 -0.584 1.456 4.250 -0.079 3.6054 1.4110 
2127 2085 1253.6 -0.191 1.736 4.378 -0.035 3.2934 1.3792 
2130 2088 1255.8 -0.465 1.665 4.212 0.351 3.4332 1.3758 
2135 2093 1259.5 -0.627 1.747 4.247 0.282 N/A N/A 
2140 2098 1263.2 -0.414 1.576 3.875 0.603 3.4629 1.4058 
2145 2103 1266.8 -0.351 1.518 3.829 0.294 N/A N/A 
2150 2108 1270.5 -0.502 1.823 4.062 0.409 3.5562 1.3793 
2155 2113 1274.2 -0.733 2.076 3.721 0.325 N/A N/A 
2160 2118 1277.9 -0.886 1.525 3.671 0.593 3.9606 1.4093 
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Appendix 7: MD06-3018 planktic foraminiferal faunal 
counts 
 
Species lists followed are from Imbrie and Kipp 1971 and taxonomy is based upon 
that of Hemleben et al. 1989.  
 
Depth 







0 0 5 5 0 0 0 0 
35 10.1 3 5 0 0 0 0 
51 14.8 0 0 0 0 0 0 
75 19.4 17 5 0 1 0 3 
67 22.7 2 1 0 6 0 0 
85 27.7 23 8 0 10 0 2 
100 35.5 13 6 0 2 0 0 
991 406.3 9 6 2 3 0 0 
1035 430.6 20 3 1 4 0 8 
1053 436.2 17 0 0 6 0 12 
2100 1238.1 11 0 0 19 0 0 
2120 1248.5 9 0 0 32 0 0 
2127 1252.1 13 0 0 7 0 0 
 
Depth 
CCD (cm) Age (ka) N.dutertrei 
G.conglo-





0 0 7 0 17 3 4 0 
35 10.1 6 4 3 4 2 0 
51 14.8 21 0 4 6 8 0 
75 19.4 13 0 1 6 6 0 
67 22.7 11 1 11 6 2 0 
85 27.7 4 0 6 8 0 0 
100 35.5 17 0 5 7 1 0 
991 406.3 3 1 8 9 5 3 
1035 430.6 13 1 13 11 6 0 
1053 436.2 1 0 8 12 5 0 
2100 1238.1 4 0 18 9 1 0 
2120 1248.5 13 1 6 9 0 0 








CCD (cm) Age (ka) 
G.ruber 
(white) G.tenellus G.sacculifer 
G.sacculifer 
(with sac) S.debiscens G.aequilateris 
0 0 95 1 36 7 1 12 
35 10.1 110 1 38 1 0 11 
51 14.8 103 0 46 10 3 9 
75 19.4 98 0 70 3 2 6 
67 22.7 77 3 38 4 4 16 
85 27.7 100 2 51 1 4 5 
100 35.5 108 1 57 3 3 9 
991 406.3 167 1 88 3 2 13 
1035 430.6 150 2 88 3 4 1 
1053 436.2 114 4 76 5 0 1 
2100 1238.1 94 0 69 6 2 10 
2120 1248.5 110 0 93 1 0 2 
2127 1252.1 72 0 53 2 2 3 
 
Depth 







0 0 15 12 11 0 0 1 
35 10.1 10 9 10 2 0 0 
51 14.8 8 6 12 0 1 1 
75 19.4 12 35 27 1 0 2 
67 22.7 7 21 19 1 1 1 
85 27.7 15 52 37 1 0 1 
100 35.5 8 50 24 2 3 8 
991 406.3 14 46 9 4 0 7 
1035 430.6 9 67 34 3 1 4 
1053 436.2 10 54 43 0 0 14 
2100 1238.1 12 43 4 2 0 10 
2120 1248.5 16 66 25 1 1 6 















(cm) Age (ka) G.crassaformis G.hirsuta G.scitula D.anfracta G.menardii G.tumida 
0 0 4 2 0 0 0 2 
35 10.1 4 1 1 1 0 0 
51 14.8 8 4 1 1 4 0 
75 19.4 7 8 4 0 2 2 
67 22.7 7 3 1 0 2 1 
85 27.7 10 4 0 0 3 5 
100 35.5 8 3 2 0 7 4 
991 406.3 3 1 0 0 0 2 
1035 430.6 6 0 0 0 2 3 
1053 436.2 2 1 0 0 2 16 
2100 1238.1 1 0 0 0 2 3 
2120 1248.5 9 4 2 0 1 3 
2127 1252.1 6 3 2 0 4 1 
 
Depth 
CCD (cm) Age (ka) G.glutinata G.theyeri Benthics UID TOTAL 
0 0 31 1 0 3 272 
35 10.1 16 0 0 1 242 
51 14.8 17 4 4 0 277 
75 19.4 44 4 1 1 381 
67 22.7 16 3 1 1 267 
85 27.7 38 0 1 0 391 
100 35.5 48 5 2 3 409 
991 406.3 43 0 1 0 453 
1035 430.6 50 0 4 4 515 
1053 436.2 34 4 6 4 451 
2100 1238.1 45 2 2 4 373 
2120 1248.5 39 0 1 4 454 
2127 1252.1 18 1 2 1 303 
 
 
 
 
 
 
 
 
 
 
 
Fin 
